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Abstract

Abstract

Intraplate volcanism occurs due to the upwelling of hot mantle material, also known as
mantle plumes. Analysing melting products of mantle plumes or ocean island basalts (OIB) in
radiogenic isotopes has shown that the Earth’s mantle is isotopically heterogeneous. It is
assumed that this heterogeneity stems from the subduction, recycling and subsequent mixing

of crustal material into the mantle.

The crustal material is generally assumed to show an enriched radiogenic isotopic signature
and mixes with a mantle component that is less enriched in radiogenic isotopes. How these
components coexist in the mantle and what kind of magmatic processes these components
experience during partial melting is part of active research. A tool that could provide more
insights into magmatic processes and mantle material due to their fractionation depending
on oxidation state and bonding environment in mantle and minerals are stable iron (Fe)

isotopes.

To explore the potential of Fe isotopes in understanding magmatic processes and source
compositions of OIB that show an enriched radiogenic isotopic signature, | combine stable Fe
isotopes with radiogenic isotopic ratios, and major and trace elements. | will focus on three
locations, the Tasmantid Seamounts east of Australia, S3o Miguel on the Azores archipelago
and the Big Island of Hawai’i, which is part of the Hawai’ian islands in the North Pacific. Ocean
island lavas of these locations differ in alkalinity with the Tasmantid Seamounts showing both
alkali and tholeiitic lavas, similar to Hawai’i. S3o Miguel is sourced by alkali lavas, which show
a radiogenic isotopic heterogeneity on a small scale. Such isotopic heterogeneity on a small
scale is also present on the Big Island of Hawai’i. This makes the three locations ideal to study
the fractionation of Fe isotopes during magmatic processes such as mixing processes, melting

conditions and source inheritance.

| can show that enriched (in radiogenic isotopes) components do not always melt at low
melting degrees. Whereas alkalinity (high melting degree= tholeiitic lavas, low melting degree
= alkali lavas) cannot be ascribed to enriched mantle components, the melting degree does
fractionate Fe isotopes resulting in heavy Fe isotopes for lavas that experienced a low melting
degree (alkali lavas) and light Fe isotopes for lavas that experienced a high melting degree

(tholeiitic lavas). Additionally, the inherited source composition can influence the Fe isotopic
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composition of OIB. However, enriched components cannot always be associated with a
heavy Fe isotopic composition as shown with Sao Miguel. Multiple processes, like mixing
processes between, for example, peridotite and metasomatising agents can affect the Fe
isotopic composition to a large degree resulting in both light and heavy Fe isotopes. Such
processes need to be considered when interpreting source dependency. Among other proxies
(e.g., trace element ratios), Fe isotopes can identify mantle metasomatism by (1) deviating
from trends that indicate olivine fractionation and accumulation and (2) using a three-isotope

plot.

Immediate implications of the thesis are that Fe isotopes are a useful tracer to identify
magmatic processes underneath ocean islands and mantle material including metasomatising

agents involved in their generation.
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From Science Askew, mantleplumes.org

“If we knew what it was we were doing, it would not be called research, would it?”

(Albert Einstein)
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Chapter 1

1. Introduction
1.1 Overview and research question

The Earth’s mantle is an inaccessible reservoir, covered by a crust that can be up to 70 km
thick. The deepest hole that has been drilled just scratches the surface, reaching a depth of
12.3 km (Kerr, 1984; Kozlovsky, 1984). But what happens underneath the crust? With a
thickness of 2900 km and comprising 82% of the Earth’s volume (Helffrich and Wood, 2001),
the Earth’s mantle is a reservoir that we know only little about. Several disciplines are trying
to understand more about the evolution and composition of the mantle by using tomographic
models (geophysics), material such as minerals and whole rocks (mineral physics) or element
and isotope abundances (geochemists). This study will provide a geochemical perspective on
the mantle by focusing on stable iron isotopes in combination with radiogenic isotopes in
ocean island basalts (OIB), which are melting products that originate in the deep mantle

(Morgan, 1971).

Radiogenic isotopes provide insights into the evolution and composition of the Earth’s
mantle, because the radiogenic isotopic composition of the mantle material, e.g., ambient
mantle and subducted crustal material, does not change significantly after eruption (White,
2015; Hofmann, 1997; Zindler and Hart, 1986; Stracke et al., 2005). Analysing radiogenic
isotopes in OIB has shown that the mantle is isotopically heterogeneous (Garapic et al., 2015;
Hofmann, 1997; Jackson and Dasgupta, 2008; White, 2015; White, 1985; Stracke et al., 2005;
Hart, 1984; Hart et al., 1992). This isotopic heterogeneity reflects the time-integrated
subduction and recycling of crustal material, like oceanic or continental crust, into the Earth’s
mantle. In the mantle, the subducted and recycled material eventually mixes with the
ambient mantle and thermal and chemical instabilities lead to the uprise of the mixed
material back to the Earth’s surface (Stracke et al., 2003; Workman et al., 2004; Niu and O'
Hara, 2003; Hofmann, 2003; White, 2010). As the hot, buoyant mantle material approaches
the lithosphere it starts melting and then erupts as an intraplate volcano, like Hawai’i. During
the process of melting, magmatic processes such as fractional crystallisation and interaction
with surrounding mantle material alter the geochemical composition of the magma. Such
magmatic processes are difficult to reconstruct with radiogenic isotopes or common tracers,

like major or trace elements, but important to understand to reconstruct processes that lead
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to an isotopic heterogeneity (e.g., Yang et al., 2019; Sobolev et al., 2005; Niu and O' Hara,
2003; Lambart et al., 2013; Halliday et al., 1995; Kogiso et al., 2004; Sobolev et al., 2007,

Jackson and Dasgupta, 2008).

Stable iron (Fe) isotopes are a relatively new geochemical tool that could provide more
insights into mantle material and magmatic processes of ocean island lavas (e.g., Williams and
Bizimis, 2014; Williams et al., 2009; Williams et al., 2005; Teng et al., 2008; Teng et al., 2013;
Dauphas et al., 2009; Nebel et al., 2019; Gleeson et al., 2020). Fractionation of stable Fe
isotopes as 1/T2 made low temperature processes the main application of stable isotope
research as to the relatively large variation in natural systems. Recent analytical
improvements have now achieved precisions sufficient to resolve high-temperature isotope
fractionation (e.g., Beard and Johnson, 1999; Sossi et al., 2015; Millet and Dauphas, 2014;
Cheng et al., 2014). For example, Williams and Bizimis (2014) suggest that Fe isotopes can be
used to identify lithological units of the mantle and Nebel et al. (2019) and Konter et al. (2016)

propose that mantle material can be distinguished by its Fe isotopic composition.

To explore the potential of Fe isotopes in characterising mantle material and magmatic
processes, | will focus on OIB from the Tasmantid Seamounts (Chapter 2), Sdo Miguel, Azores
(Chapter 3), and Kilauea and Mauna Loa on the Big Island of Hawai’i (Chapter 4). The
Tasmantid Seamounts, an age progressive seamount chain in the Tasman and Coral Sea, show
a dichotomy in alkalinity, similar to Hawai’i. This different alkalinity (alkali vs. tholeiitic lavas)
suggests different melting conditions, e.g., degree of melting, temperature or/and pressure
at time of melting. Assuming that stable Fe isotopes are affected by melting conditions, |
expect to see a correlation of Fe isotopes with degrees of alkalinity. Furthermore, the Big
Island of Hawai’i in the central Pacific Ocean shows a radiogenic isotopic heterogeneity on a
km scale. Another island that shows such isotopic heterogeneity on a small scale is Sao
Miguel, an island of the Azores in the northern Atlantic Ocean. Different mantle material is
suggested to account for the isotopic trends confined to the location on the island, e.g.,
western S3o Miguel shows less radiogenic and eastern Sdo Miguel more radiogenic isotopic
compositions (e.g., Beier et al., 2007). Such differentiation is ideal to identify whether the
mantle material and mixing processes influence the Fe isotopic composition of OIB. Contrary

to the Tasmantid Seamounts and Hawai’i, Sdo Miguel consists of alkali basalts only. Whether
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alkalinity translates into different mantle material, and what kind of magmatic processes are
causing a radiogenic isotopic heterogeneity, is not well constrained yet. For this study,
samples from the three locations have been analysed in their stable Fe isotopes. Additionally,
the Tasmantid Seamounts OIB have been analysed in their radiogenic strontium (Sr),

neodymium (Nd), lead (Pb) and hafnium (Hf) and Hawai’ian OIB in their Hf isotopic ratios.

The thesis will address the following aims: (1) to identify the isotopic characteristics of
OIB; (2) to identify petrogenetic processes that led to the formation of OIB. These are
potentially recorded in the isotopic heterogeneity of OIB, stable Fe isotopes in particular, and
may reveal conditions of partial melting or magma mixing in conjunction with radiogenic
isotopes and trace elements; and (3) to distinguish whether enriched (subducted and
recycled) and depleted mantle components remain as distinct lithological units (with different

Fe isotopic composition) in the mantle.

1.2 Hot buoyant mantle material (or mantle plumes)

Understanding the formation of intraplate volcanoes is important to interpret the isotopic
heterogeneity of mantle material. Because this thesis focuses on unravelling processes that
cause this isotopic heterogeneity, a brief background on intraplate volcanism will be given
here. The origin of oceanic islands, among them the Tasmantid Seamounts, Azores and
Hawai’i, has been and still is under debate (Foulger, 2005; Foulger and Jurdy, 2007; Courtillot
et al., 2003; Koppers, 2011) due to their occurrence in the middle of a tectonic plate. Wilson
(1963) was the first to establish the theory of a deep, fixed source producing the Hawai’ian
chain, the archetype of hotspots. Morgan (1971) introduced the model of mantle plumes,
which is hot buoyant material rising from the deep mantle towards the surface, where hot
rock starts to melt when reaching the lithosphere and then erupts as an intraplate volcano.
The deep origin of mantle plumes is still under debate (e.g., Pilet et al., 2005; Humphreys &
Niu, 2009). Geochemical (Doucet et al.,, 2020; Hofmann and White, 1982; White and
Hofmann, 1982; Zindler and Hart, 1986) and seismological (Van der Meer et al., 2018; Ricard
et al., 1993; Lithgow-Bertelloni and Richards, 1998; Van der Hilst et al., 1997) studies have
shown that the material incorporated into mantle plumes has been subducted at convergent

margins ranging in age from recent to hundreds of millions of years old material.
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Current models propose that subducted and recycled material either sinks to the core-
mantle boundary (CMB), ~2,900 km underneath the Earth’s surface (Condie, 2005; Wang et
al., 2018; French and Romanowicz, 2015; Garnero et al., 2016; Hahm et al., 2009; Courtillot
et al., 2003) or stagnates at the mantle transition zone (MTZ) at 410 — 660 km depth (Dasgupta
et al., 2004; Agrusta et al., 2017; Goes et al., 2008; van der Hist et al., 1991; Zhou, 1996). The
stagnated slab, or fluids from the stagnated slab, can interact with upwelling mantle material
(Dasgupta et al., 2006; Gerbode and Dasgupta, 2010) and may cause the generation of
shallow mantle plumes at the MTZ (e.g., Anderson, 2000; Courtillot et al., 2003). At the CMB,
instabilities of the thermal boundary layer lower the density of the accumulated material,
which leads to its ascend towards the surface. The instabilities at the CMB occur mostly at the
margins of two antipodal large low shear wave velocity provinces (LLSVPs), the African and
Pacific LLSVPs (Dziewonski, 1984; Garnero et al., 2007; Burke et al., 2008; Montelli et al., 2004;
Doucet et al., 2020). Geochemical studies suggest that mantle plumes transport subducted
and recycled material as well as material from the LLSVPs towards the surface (Fig.
1a; Castillo, 1988; Doucet et al., 2020). Petrological models suggest that the plume material
is about 100 - 250°C hotter than the surrounding mantle (Putirka, 2005), transporting heat
towards the surface, which leads to the cooling of the Earth’s core (Davies, 1993). The shape
of mantle plumes has been described as a mushroom-like structure (Fig. 1b) based on
laboratory and numerical models (Griffiths and Campbell 1990; Farnetani and Richards 1995;
van Keken 1997). The centre of the plume head is hotter than the plume margins (Griffiths
and Campbell, 1990). As the head of the plume approaches the lithosphere, its temperature
exceeds the solidus and generates melts. This process, the transformation of solid rock into a
liquid or melt, which represents a portion of the solid mantle, is called partial melting.
Depending on the temperature and pressure as well as the lithospheric thickness (Niu et al.,
2011; Frey et al., 1991), partial melting can take place under different melting conditions,
which can result in a two-stage eruption, producing tholeiitic and alkali basalts. Tholeiitic and
alkali basalts differ in their major element content (alkali (Na20 + K»0) vs silica (SiO2) content)
which is related to different degrees of melting, with alkali lavas melting at lower degrees
than tholeiitic lavas (Green and Ringwood, 1967; Frey et al., 1991; Frey et al., 1978; Garcia et
al., 1995; Naumann and Geist, 1999; O’Hara, 1965). Common proxies to evaluate the melting

degree of lavas are crystal fractionation corrected major elements (Plank and Langmuir, 1992;
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Taylor and Martinez, 2003) and primitive mantle normalised Rare Earth Elements (REE;

O'Neill, 2016).
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Figure 1. a) Cartoon of mantle plume rising towards the lithosphere, where the hot rock starts melting.
Mantle plume can incorporate subducted oceanic crust (dark blue) and lithosphere (light blue) with
pelagic or terrigenous sediments. Plume matrix consists of PREMA, which has been previously
associated with large low shear wave velocity provinces (LLSVPs) residing at the CMB (Wang et al.,
2013; Niu, 2018; Jackson et al., 2018). b) 8Sr/®Sr vs *3Nd/***Nd, Pitcairn, Hawai’i, Kerguelen, Heard,
Tristan da Cunha, Samoa, St. Helena, Cook-Austral from GEOROC (http://georoc.mpch-

mainz.gwdg.de/georoc/), Tasmantid Seamount from Eggins et al. (1991) and Ruttor et al. (2021).
1.3 Source lithologies

Basaltic magmas (producing tholeiitic and alkali lavas) have been thought to derive only
from mantle peridotite, which is an olivine-rich lithology (Yoder Jr and Tilley, 1962; O'Hara,
1968). However, the subduction and recycling of crustal material, which likely results in
metasomatic lithologies like carbonated peridotite, pyroxenite and hornblendite, further add
to their formation (Hirschmann et al., 2003; Kogiso et al., 2003; Gerbode and Dasgupta, 2010;
Dasgupta et al., 2007; Dasgupta et al., 2004; Yang et al., 2019). To which extent these multiple
lithologies contribute to the generation of OIB is part of active research (Lambart et al., 2016;

Sobolev et al., 2007).

Several studies use major and trace elements in basalts and olivine phenocrysts in order
to provide insights into source lithologies involved in generating OIB (Yang et al., 2019;

Sobolev et al., 2007; Sobolev et al., 2005; Niu and O' Hara, 2003; Lambart et al., 2013; Halliday
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et al., 1995; Kogiso et al., 2004; Matzen et al., 2017; Jackson and Dasgupta, 2008). However,
the parameters used in those studies, especially incompatible elements, can be overprinted
by mantle metasomatism (Niu and O' Hara, 2003) or strongly overlap (Fig. 2a, b), presenting
a difficulty in interpreting the data. A new tool is needed to identify lithological units within
the mantle and possible mixing processes that cause the heterogeneity in radiogenic isotopic
spaces of OIB. Contrary to radiogenic isotopes, stable isotopes do not decay but fractionate
during partial melting and fractional crystallisation and thus need to be considered as possible

proxies to identify petrogenetic processes and source lithologies within the mantle.
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Figure 2. a) FeO vs SiO,, b) MgO vs Ca0. Data consists of experimental melts of peridotite and

pyroxenite compiled from Yang et al. (2019) and references therein.

1.4 Mantle geochemistry

1.4.1 Radiogenic isotopes

Additional to providing insights into the evolution and composition of the Earth’s
mantle, radiogenic isotopes can be used to determine the age of crustal and mantle material.
Here, | will discuss the overall concept of radiogenic isotopes and then focus on the evolution
and composition of the Earth’s mantle. For further information on geochronology the reader
is referred to Patchett and Samson (2003) and Crossingham et al. (2017), and references

therein.

As part of this study, radiogenic isotopes were analysed to characterise the nature of

mantle components of the Tasmantid Seamounts and Hawai’i. Understanding the generation
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of mantle components is important to interpret the different isotopic signatures of these OIB.
A very simplified explanation is provided in the following: Igneous crust forms by partial
melting processes of the primitive mantle (PM). The PM is a calculated value that represents
the silicate Earth right after core separation and before crustal segregation (Sun and
McDonough, 1989). Extracting material from the mantle results in a depletion in more
incompatible elements (e.g., rubidium (Rb), neodymium (Nd)) over less incompatible
elements (e.g., strontium (Sr), samarium (Sm)) of the mantle. Considering mantle convection
and plate tectonics, the igneous crust eventually subducts back into the mantle. The
radiogenic isotopic signatures of basalts (Fig. 1b) reflect the radiogenic isotopic parent-
daughter ratio of crustal material at time of subduction (White, 1985). For example, 1#’Sm
decays into *3Nd with a half-life of 106 Ga (Bizimis and Scher, 2016). With Nd being more
incompatible than Sm, #’Sm decaying into 1**Nd and **Nd being stable, a high **Nd/***Nd
indicates depletion in incompatible elements within a mantle source. The opposite holds true
for 8Rb decaying into &’Sr. Here, Sr is more compatible than Rb, thus, a high 8Sr/2Sr shows
an enrichment of the mantle source. Continuous formation of the crust at mid-ocean ridges
means that the upper mantle experiences consistent depletion in incompatible elements. This
depletion results, for example, in higher **3Nd/***Nd and lower 8Sr/8¢Sr values of the residue
(Fig. 1b). Following the generation of mantle plumes (section 5.1.), the incorporation of the
subducted material leads to a lower value in **3Nd/***Nd and higher value in 8Sr/%Sr (Fig.
1b). Because these fractionation processes happened a long time ago, we can detect isotopic
decay. However, if the partial melting processes occurred recently, e.g., before eruption, not
enough time has passed to detect changes in the radiogenic isotopic ratio. Thus, radiogenic

isotopes give insights into the evolution and composition of the Earth’s mantle.

By comparing these ratios, for example 8’Sr/%6Sr vs 143Nd/***Nd (Fig. 1b), of various
hotspot locations isotopic trends have been identified, indicating an isotopic heterogeneity
of the Earth’s lower mantle (Garapic¢ et al., 2015; Hart et al., 1973; Hofmann, 1997; White,
2015; White, 1985; Zindler and Hart, 1986; Stracke et al., 2005; Jackson et al., 2007). These
trends in radiogenic isotopic systems describe a mixing between at least two endmembers,

also termed mantle components. Mantle components range from depleted mid-ocean ridge
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basalt mantle (DMM) to enriched mantle components (EM1, EM2) and HIMU (high 238U/2%4Pb,
Zindler and Hart, 1986).

Whereas the DMM is depleted in radiogenic Sr, Pb, Nd and Hf isotopes due to melt
extraction events, which caused depletion of the upper mantle, EM1, EM2 and HIMU
represent mantle endmembers with more radiogenic Sr, Nd, Pb and Hf isotopic signatures
(Fig. 1b; Zindler and Hart, 1986). In radiogenic isotopic spaces, these mantle components
intersect with the mantle plume matrix (Jackson et al., 2007), in the following referred to as
the prevalent mantle “PREMA” (Zindler and Hart, 1986), but also known as the focal zone
“FOZO” (Hart et al., 1992; Stracke et al., 2005), the primitive helium mantle “PHEM” (Farley

et al., 1992) or the common component “C” (Hanan and Graham, 1996).

The intersection of EM1, EM2 and/or HIMU with PREMA is interpreted as a binary
mixture of mantle components (Hart et al., 1992; Jackson et al., 2007; Castillo, 2015), where
each mantle endmember “[...] represents a distinct, internally heterogeneous reservoir [...]"”
(White, 1985). Representative hotspot locations for EM1 are, for example, Pitcairn, Hawai’i,
the Tasmantid Seamounts, Tristan da Cunha, Kerguelen and Heard Island, EM?2
representatives are Samoa and Society Islands and HIMU representatives are selective Cook-
Austral Islands, e.g., Mangaia, and St. Helena (Fig. 1b). Additional to those “stereotypical”
mantle components, Sdo Miguel, for example, is an island that shows a unique radiogenic
isotopic signature. We can decipher between a depleted and an enriched component with
radiogenic isotopes, but another tool is needed to understand the material that causes Sao
Miguel’s unique radiogenic isotopic signature. | will show in Chapter 3 that stable Fe isotopes
in combination with radiogenic isotopes and trace elements can trace metasomatized mantle

material that is otherwise not detectable.

1.4.2 Stable iron isotopes

Light elements like hydrogen (H), carbon (C), nitrogen (N) and oxygen (O) have been
traditionally studied in the field of stable isotope geochemistry. However, the introduction of
new techniques like the multicollector-inductively coupled plasma-mass spectrometer (MC-
ICP-MS) allowed expanding the analysis of stable isotopes to so called unconventional

elements, like molybdenum (Mo), zinc (Zn) and iron (Fe) (e.g., Belshaw et al., 2000).
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Iron is one of the most abundant elements in the Earth’s mantle, existing in two
oxidation states, ferrous (Fe?*) and ferric iron (Fe3*). During partial melting, the redox
dependent partitioning of Fe between liquid and crystalline residue, with ferric iron being
more incompatible than ferrous iron, leads to a heavy Fe isotopic signature in the melt,
leaving behind a residue that is depleted in heavy Fe isotopes (Sossi and O'Neill, 2017; Teng
et al., 2008; Williams et al., 2009). Additionally, differences in the bonding environment of
Fe?* and Fe3* cause mass-dependent fractionation of stable iron isotopes between different
phases during partial melting in the mantle (Weyer, 2008; Weyer and lonov, 2007; Williams
and Bizimis, 2014; Williams et al., 2005). For example, heavy Fe (i.e., °’Fe) prefers short, strong
Fe-O bonding environments as well as higher oxidation states, leading to isotopically heavy
Fe in pyroxene-rich lithologies and light Fe isotopes in olivine-dominated lithologies with
olivine having long, week Fe-O bonds, favouring ferrous iron and hence incorporating only
light Fe isotopes into its structure (Sossi and O'Neill, 2017; Sossi et al., 2012; Schauble, 2004;
Dauphas et al., 2014; Williams et al., 2005). This equilibrium inter-mineral fractionation leads
to further enrichment of the melt during cooling through crystallisation of olivine and
pyroxene (Sossi et al., 2012; Teng et al., 2008; Weyer, 2008). The behaviour of Fe during
partial melting might thus be useful to identify lithological units like pyroxenite (pyroxene rich

lithology) and peridotite (olivine-rich lithology) (e.g., Williams and Bizimis, 2014).

Iron has four stable isotopes: >*Fe, *°Fe, *’Fe and °%Fe, with the following natural
abundances of 5.845, 91.754, 2.1191 and 0.2819%, respectively (Taylor et al., 1992). Iron
isotopes are reported in delta (8) notation to the IRMM-524a external standard, which is
isotopically identical to IRMM-014 (Craddock and Dauphas, 2011) with >*Fe being either >6Fe

or °’Fe, resulting in the permille deviation of the isotopic ratio *®Fe/>*Fe or >’Fe/>*Fe:

5x 54
Fe/ Fesample

Sxp, /54
Fe/**Feipmm-s24a

55 Fe = [ — 1| x 1000 (1)

Pristine Iherzolites have been analysed to characterise the Fe isotopic composition of the
ambient peridotitic mantle, or bulk silicate earth (BSE), with a 6°’Fe +0.05 + 0.01%o (2S.E; Sossi
et al., 2016). Mid ocean ridge basalts (MORB) show a relatively homogenous Fe isotopic
composition with §°’Fe +0.15 + 0.01%o (Chen et al., 2019; Teng et al., 2013). The difference

between BSE and MORB can be mostly explained by fractional crystallisation during partial
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melting (Sossi et al., 2016; Richter et al., 2021). Compared to the BSE and MORB, OIB show a
heterogeneous Fe isotopic composition (Fig. 3), ranging from -0.16 to +0.45%o. (Soderman et
al., 2021; Konter et al., 2016; Nebel et al., 2019; Gleeson et al., 2020; Teng et al., 2013). The
heavy Fe isotopic signature of OIB was thought to occur due to the contribution of pyroxenite
(Williams and Bizimis, 2014). Williams and Bizimis (2014) present stable Fe isotopic
compositions for garnet-pyroxenite (6°’Fe +0.10 to +0.27%o) and peridotite (6°’Fe -0.34 to
+0.14%0) xenoliths from Oahu, Hawai’i, indicating that OIB generated from a pyroxenite show
an on average heavier Fe isotopic composition than lavas associated with mantle peridotite.
However, and because the heaviest Fe isotopic compositions in OIB exceed fractionation
processes that occur during partial melting (Williams and Bizimis, 2014; Foden et al., 2018;
Soderman et al., 2021), other processes need to be considered. The question is, what kind of
processes or material can cause Fe isotopic compositions that cannot be explained by partial

melting of peridotite or pyroxenite, i.e., heavy 6°’Fe > +0.15%o or light §°’Fe < +0.05%o0?

§ E | % @ @ 0 @ Samoa rejuvenated [Konter et al. 2016]
3 = o O Samoa [Soderman et al. 2021]
Q @%C O Azores [Soderman et al. 2021]
%E& o O Galapagos [Gleeson et al. 2020]
Q ‘ . Q Q© Pitcairn [Nebel et al. 2019]
® Cj’ : O Society [Beard et al. 2003]
! :“” @ Society Island & Cook-Austral chain [Teng et al. 2013]
(@] ..: i @ Kerguelen [Beard et al. 2003]
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| Q O Hawaii [Teng et al. 2013]
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Figure 3. Compilation of primary melt Fe isotope variations (5°’Feprim) in OIB. Data for DMM (5%’ Fepyim

+0.10 + 0.01%o; 2S.E) and BSE (6°’Fe +0.05 + 0.01%o; 2S.E) from Sossi et al. (2016).

1.4.2.1 Stable Fe isotope as a proxy for identifying petrogenetic processes

To evaluate processes that can fractionate Fe isotopes, we need to correct for crystal

fractionation. This correction ensures that we can compare values of the primary melt, e.g.,
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radiogenic isotopes and mantle normalised rare earth elements, to Fe isotope data. The
above explained fractionation processes of Fe during partial melting are leading to a heavier
measured 6°’Fe composition in OIB compared to the Fe isotopic composition of their primary
melt (8°”Feprim; Sossi et al., 2012; Teng et al., 2008). We therefore correct the measured 6°’Fe
for olivine fractionation. An olivine fractionation correction is outlined in Sossi et al. (2016)
and in Chapter 2, 3, and 4. Recent studies show that comparisons of radiogenic Sr, Nd, Pb and
Hf isotopic ratios with 8°’Feyrim may provide insights into inherited Fe isotopic compositions
of mantle components and may indicate source lithologies involved in melting and mixing
processes (Nebel et al., 2019; Konter et al., 2016; Teng et al., 2013; Williams and Bizimis,
2014). At Pitcairn for example, PREMA is identified as one mixing endmember with a §°’Feprim
of +0.05%o, whereas the crustal component EM1 is showing a 6°’Feprim of +0.23%o. Due to the
heavy 6°’Feprim signature of EM1, it has been suggested that a secondary pyroxenite mixes
with peridotite. Mixing between peridotite and pyroxenite, may it be pyroxenite in the mantle
or as veins in the lithosphere, is found to be a suitable scenario at mid-ocean ridges as well as
ocean island settings to explain heavy Fe isotopes (Sun et al., 2020). However, some OIB, like
the Azores and Samoa, exceed &°’Feprim Of +0.25%0 and cannot be explained by interaction of

peridotite with eclogite or pyroxenite (Soderman et al., 2021).

In addition to the conundrum of how to explain heavy 6°’Feprim, only few studies exist
concentrating on OIB with light 6°’Feprim (Williams et al., 2005; Williams and Bizimis, 2014).
So far, light 6°’Feprim have been documented in subduction zones as a result of carbonate-
bearing fluids or melts (Debret et al., 2020) and intrusive carbonatites (Johnson et al., 2010).
However, depending on several factors, i.e., the oxidation state of the mantle and the nature
of the metasomatic agent, metasomatism can lead not only to light but also to heavy Fe
isotopic signatures (Konter et al., 2016; Poitrasson et al., 2013; Sossi et al., 2012; Williams et
al., 2005). Nonetheless, Fe isotopes are sensible to changes in oxygen fugacity within the

mantle and may thus be a useful proxy to identify mantle metasomatism.

1.4.2.2 Reflection: Fe isotopes and formation of intraplate volcanoes

Figure 4 is a visual representation that brings the material and processes involved in
generating OIB in context with Fe isotopes. Understanding the generation of OIB is crucial to

comprehend the main chapters of this thesis and the potential Fe isotopes could have. The
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full potential of Fe isotopes as a tracer for magmatic processes and mantle components is
part of active research (e.g., McCoy-West et al., 2018; Williams et al., 2009; Soderman et al.,
2021; Williams and Bizimis, 2014; Gleeson et al., 2020; Debret et al., 2020; Richter et al., 2021;
Foden et al., 2018; Sossi et al., 2016; Nebel et al., 2013; Nebel et al., 2019; Nebel et al., 2015;
Sossi and O'Neill, 2017; Schuessler et al., 2009; Johnson et al., 2010; Lesher et al., 2020; Teng
et al., 2008; Chen et al., 2019; Sun et al., 2020).

We now know that mantle components can be differentiated in a less enriched (in
radiogenic isotopes) endmember and an enriched endmember and can assume that the less
enriched component shows lighter §°’Fe than the enriched component. This is because the
enriched component can be associated with crustal material. During subduction and recycling
oceanic crust (6°’Fe +0.15%o; Chen et al., 2019; Teng et al., 2013) and small amounts of
sediment (Chase, 1981; Hofmann and White, 1982; Stracke et al., 2003; Weaver, 1991), which
can show a heavy Fe isotopic signature (6°’Fe < +0.9%o; Du et al., 2017), transform into
eclogite under loss of fluids that contain light 8°’Fe (Fig. 4.; Debret et al., 2016; Turner et al.,
2018). The loss of light 6°’Fe leads to the assumption that eclogite shows a heavier Fe isotopic
composition of §°’Fe > +0.15%o (Soderman et al., 2021) than oceanic crust with a §°’Fe =

+0.15%o (Chen et al., 2019; Teng et al., 2013).
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Figure 4. Schematic illustration of OIB generation, adapted from Soderman et al. (2021).
Metamorphism (Debret et al., 2016) and hydrothermal alteration (El Korh et al., 2017) can lead to light
Fe loss during subduction of oceanic crust (MORB = §°’Fe +0.15%o; Chen et al., 2019; Teng et al., 2013).
During upwelling, eclogite can interact with peridotite, leading to pyroxenite. Several processes can
alter 6°’Fe during partial melting, e.g., metasomatism (Konter et al., 2016; Weyer and lonov, 2007;
Williams et al., 2004; Williams et al., 2005), fractional crystallisation (Sossi et al., 2016; Teng et al.,
2008) and melt remobilisation (Soderman et al., 2021). Depending on melting degree (large melting
degree = wide red arrow, low melting degree = thin red arrow), lithospheric thickness (Niu et al., 2011)

and presence of pyroxenite (Sun et al., 2020) Fe isotopes can range between 8% Fe -0.16 to+0.45%o.
Within the mantle, several processes can influence the Fe isotopic composition of
subducted material: (1) Subducted, recycled material that reaches the CMB might experience
contribution of heavy Fe isotopes from core liquids (Lesher et al., 2020); (2) Magmatic
processes, like mixing processes, lead to a heterogeneity in Fe isotopes within the source

material (Nebel et al., 2019; Konter et al., 2016); (3) melting conditions might influence the
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Fe isotopic composition, with higher melting degrees leading to lighter Fe isotopes of the melt
(Williams et al., 2005; Williams et al., 2004; Weyer and lonov, 2007) and (4) alteration
processes, i.e., diffusion or mantle metasomatism (Teng et al., 2011), might change the Fe
isotopic composition of the source. Because the contribution of heavy Fe isotopes from the
core is likely small, | concentrate on magmatic processes, melting conditions and source
inheritance. Chapter 2 focuses on magmatic processes and melting conditions underneath
the Tasmantid Seamounts and its effect on Fe isotopes, chapter 3 on magmatic processes and
source heterogeneity underneath S3o Miguel and chapter 4 on magmatic processes and
source heterogeneity underneath the Big Island of Hawai’i (Fig. 5). Understanding the
petrogenesis of OIB is fundamental in order to constrain the cause of radiogenic isotopic

heterogeneities.

7
\ ] Oceanic crust
Larger Crustal Loa-type .
melting component vs lavas = 57Fe Fe
degree = depleted heavy 54 54
lighter component = 657Fe? Fe Fe
557Fe? heavy 6°’Fe vs Kea-type
light 5°7Fe? lavas = light
557Fe? Mantle
Chapter 2 Chapter3 Chapter4

Figure 5. Schematic overview of location and focus of the three main chapters. Size of red arrow
illustrates large vs small melting degree. Ovals illustrate different mantle components. Oceanic crust

includes lithosphere. Map from www.geomapapp.org (Ryan et al., 2009).
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1.5 Overview of manuscripts

Chapter 1 is introducing the theory around mantle plumes and the use of radiogenic and
stable isotopes. The thesis comprises three main manuscripts: (1) “Alkalinity of ocean island
lavas decoupled from source components: a case study from the EM1-PREMA Tasmantid
mantle plume”, (2) “The influence of mantle source composition and metasomatism on Fe
isotopes in lavas from Sdo Miguel, Azores”, (3) “Iron isotope systematics during igneous
differentiation in Kea- and Loa-trend lavas, Hawai’i”. Each of the manuscripts are stand-alone
journal articles. This results in inevitable repetition of the methods section of each chapter.
In brief, whole rock powder has been prepared for chromatographic extraction, a method
that works with columns and acids to separate the element of interest. After chromatographic
extraction, radiogenic and stable Fe isotopic ratios have been analysed with the
multicollector-inductively coupled plasma-mass spectrometer (MC-ICP-MS) at Monash
University, Australia, assuring high precision analysis. A summary of each manuscript
including contribution is given in the following. Finally, Chapter 5 summarises the findings of
Chapter 2, 3, and 4, and finishes on an outlook.Chapter 2, Manuscript 1: Alkalinity of ocean
island lavas decoupled from source components: a case study from the EM1-PREMA

Tasmantid mantle plume

Chapter 2 focuses on the radiogenic isotopic and stable Fe isotopic signature, and
alkalinity of the Tasmantid Seamounts OIB. In total 26 samples have been prepared and
analysed in their radiogenic Sr, Nd, Pb and Hf, and stable Fe isotopes in search for links
between mantle components, alkalinity and possible mixing scenarios. Comparison of the
Tasmantid Seamounts OIB to tholeiitic and alkali lavas from Pitcairn and Hawai’i, showed that
the Tasmantid Seamounts are part of the EM1 plume family. Alkali and tholeiitic lavas of the
Tasmantid Seamounts range in radiogenic isotopes between PREMA and EM1. The
comparison confirms that there is no apparent systematic between alkalinity and mantle
component, e.g., alkali lavas cannot always be ascribed to an enriched component. In stable
Fe isotopes, alkali basalts of the Tasmantid Seamounts are isotopically heavier, ranging in
8°7Feprim (Fe isotopic composition calculated to primitive lavas along a liquid line of descent)
from +0.10 to +0.21%o with a median at +0.15%., than tholeiitic lavas, which show a 6°’Feprim

ranging from -0.01 to +0.22%o. with a median at +0.04%.. The difference in Fe isotopic
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compositions between tholeiitic and alkali lavas cannot be ascribed to source inheritance but
are solely of petrologic origin. The heavier Fe isotopic composition of alkali lavas can be
explained by pressure dependency and melting in the garnet stability field. Tholeiitic lavas are
derived from an ordinary depleted mantle, likely peridotite, with outliers towards heavy Fe
isotopes of cryptic origin. We suggest that rather than depth, temperature differences are
causing variable melting degrees between tholeiitic and alkali lavas of the Tasmantid
Seamounts. We thus propose that tholeiitic lavas of the Tasmantid Seamounts likely
represent melts from the centre of the plume, whereas alkali lavas form in peripheral areas.

Chapter 2 has been published in the journal Geochimica et Cosmochimica Acta.

1.5.2 Chapter 3, Manuscript 2: The influence of mantle source composition and

metasomatism on Fe isotopes in lavas from Sao Miguel, Azores

S3do Miguel, Azores, is subject of Chapter 3. Because radiogenic isotope data is available
(Beier et al., 2007; Prytulak et al., 2014; Turner et al., 1997), we focused on analysing Fe
isotopes of 18 samples. Previous studies have shown that eastern and western Sdo Miguel
show different radiogenic isotopic signatures and trace element compositions on a km scale
(Beier et al., 2007; White et al., 1979; Widom et al., 1997; Turner et al., 1997; Elliott et al.,
2007). We compare radiogenic Sr, Nd and Pb isotopic ratios, trace element and major element
ratios with stable Fe isotopes to characterise the Fe isotopic composition of Sdo Miguel’s
mantle source and possible mixing processes. The depleted (in radiogenic isotopes)
component of western Sdo Miguel shows a heavy Fe isotopic composition of 6°’Feprim (Fe
isotopic composition calculated to primitive lavas along a liquid line of descent) from +0.09 to
+0.18%o0, Whereas the enriched (in radiogenic isotopes) component of eastern Sdo Miguel
shows a lighter 6°’Feprim of +0.05 to +0.12%.. Covariations between radiogenic isotopes and
8°7Feprim suggest that the Fe isotopic composition is source related. However, crustal
components with an enriched radiogenic isotopic composition have so far been associated
with heavy Fe isotopic compositions. We discuss several processes, e.g., partial melting and
mantle metasomatism to solve the conundrum as of why eastern S3o Miguel shows an
enriched component with a light Fe isotopic composition. Elevated 78Sr/26Sr, K,0O and Rb/Sr
indicate the formation of phlogopite or high potassium hollandite, a mineral commonly

associated with mantle metasomatism. We thus assume that a low degree silicic K-rich
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metasomatising agent could explain the Fe isotopic composition of eastern Sao Miguel. The
heavy Fe isotopic signature of western Sao Miguel is associated with melting at the ultraslow,
active Terceira Rift and likely results from mixing between plume derived and rift drifted

melts.

1.5.3 Chapter 4, Manuscript 3: Iron isotope systematics during igneous

differentiation in Kea- and Loa-trend lavas, Hawai'i

In Chapter 4, we analysed 23 samples from the submarine Southwest Rift Zone of Mauna
Loa and subaerial Pu’u ‘0’0, a vent on the East Rift Zone of Kilauea, in stable Fe isotopes and
complemented these with new radiogenic Hf isotopes. Mauna Loa is a representative of the
‘Loa-‘ and Kilauea a representative of the ‘Kea-trend’. Because lavas that source Mauna Loa’s
Southwest Rift Zone and Pu’u ‘0’6 are suggested to bypass the summit and do not undergo
mixing processes therein, the aim is to investigate the nature and origin of the Fe isotopic
composition of tholeiitic, shield building basalts. In Hf isotopic space, Mauna Loa lavas align
with euf values of the Loa trend and Pu’u ‘O’0 align with ens values of the Loa trend.
Comparisons with Sr and Hf isotopic data as well as trace element ratios reveal that the Fe
isotopic signature of both Mauna Loa and Pu’u ‘0’6 cannot be ascribed to a source inheritance
nor to melting degrees. Compared to a crystal fractionation trend represented by lavas from
the Kilauea Iki lava lake, basalts from Pu’u ‘0’0 plot along the trend at MgO ~7.0 wt.% and an
average 6°’Fe of +0.15%o. Basalts and picrites from Mauna Loa with MgO ~16.0 wt.% show
lighter 8°’Fe of +0.06%0. The Fe isotopic composition of lavas that plot along this crystal
fractionation trend can be explained by fractionation and accumulation of olivine. However,
both Mauna Loa and Pu’u ‘O’6 samples deviate towards lighter 6°’Fe. Based on a three-
isotope plot, we suggest that these Mauna Loa and Pu’u ‘O’6 samples result from a mixture

or exchange of equilibrium and disequilibrium Fe isotope fractionation, possibly induced by

re-charging events.
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ABSTRACT

The alkalinity of ocean island basalts (OIB), which form by upwelling thermo-chemical
instabilities in the mantle, is often associated with the degree of melting. Yet it remains to be
tested if alkalinity and the degree of melting are systematically associated with enriched
mantle components. The Tasmantid Seamounts, which are fossil remnants of the Tasmantid
mantle plume, comprise a north-south age-progressive submarine volcanic chain in the Coral
and Tasman Seas East of Australia. Dredged seafloor lavas from nine seamounts along the
seamount chain, ranging in age from 50 — 6.5 Ma, show a dichotomy in alkalinity, similar to
those observed in other hotspot areas such as Hawai’i or Pitcairn. In radiogenic Sr-Nd-Hf-Pb
isotope systematics, Tasmantid Seamount lavas form a continuum between EM1 and PREMA
and are thus part of the prevalent EM1-PREMA association in the Pacific. However, their
radiogenic Pb isotope systematics mark the Tasmantid plume as an individuum with no
resemblance to any other plume. In stable Fe isotopes (expressed as 6°’Feprim, Which is the Fe
isotopic composition calculated to primitive lavas along a liquid line of descent) alkali basalts
are, on average, isotopically heavier than tholeiitic lavas, ranging in 8°’Feprim from +0.10 to
+0.21%o, unrelated to radiogenic isotope systematics, but with co-variations of 6°’Feprim and
Ti* (which is the primitive melt Ti content). These systematics point towards residual garnet
as a key factor and thus indicate a solely petrologic relation between degrees of melting and
Fe isotopes. Tholeiitic lavas exhibit a near-depleted mantle like isotopic composition (ranging
in 8°’Feprim from -0.01 to +0.22%o0, median at 6°’Feprim +0.04%0), yet with values of up to

8°7Feprim +0.22%0 that require an isotopically heavy source of unknown origin.
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The lack of systematics between alkalinity and radiogenic isotopic signatures indicates that
temperature is the likely driving force for variable melting degrees in some samples over
others. Based on these observations, we surmise that tholeiitic lavas form in the plume centre
whereas alkaline lavas form at the cooler rim of the conduit. Mixing between melts and
associated enriched components in the Tasmantid mantle plume may occur but, at least for

alkaline lavas, only on a small scale.

2.1 Introduction

A defining feature of ocean island basalts (OIB), which belong to age-progressive chains of
subaerial and submarine volcanoes, commonly associated with mantle plumes, is their broad
range in chemical as well as radiogenic isotopic compositions. The combined radiogenic Sr-
Nd-Hf-Pb isotopic compositions of global OIB reveal an isotopic heterogeneity of their mantle
source(s) that requires the presence of recycled crustal components (Jackson and Dasgupta,
2008; Stracke et al., 2005; Garapi¢ et al., 2015; White, 2015; Hart, 1988; Hofmann, 1997;
Castillo, 1988). In addition to this diversity in radiogenic isotopic compositions, many OIB
generated by mantle plumes in hotspot areas, such as Hawai’i, exhibit a dichotomy in alkalinity
(Fig. 1), divided into alkaline and sub-alkaline/tholeiitic lavas. These two types of basaltic melts
are mainly distinguishable through major element systematics of Na,O+K;O for a given SiO;

content.
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Figure 1. a) Total alkali-silica diagram (TAS diagram) after Le Bas et al. (1986) and division lines after
Le Maitre (1989) for classification of the whole rock suit of the Tasmantid Seamounts. In the following,
the Tasmantid Seamounts will be compared to alkali and tholeiitic basalts of Hawai’i and Pitcairn
(sample selection details in section 5.1 Constraining and comparing enriched and depleted mantle
components). Data for Hawai’i, Pitcairn, Samoa, Cape Verde, Austral-Cook, St. Helena, Heard,
Kerguelen, Tristan da Cunha, and Galapagos have been obtained from GEOROC (http://georoc.mpch-
mainz.gwdg.de/georoc/). These locations represent hotspot areas all around the world and show that
the bimodality of alkali and tholeiitic lavas at one location is common, however, some hotspots are
restricted to alkali basalts, like Samoa, Cape Verde, Austral-Cook, Heard and Tristan da Cunha.
Tasmantid Seamount samples that were screened out due to seawater alteration (four alkali basalts)

have been highlighted in light red with dotted outlines.

The diversity of radiogenic isotopic compositions, divided into so-called enriched mantle
components, suggests involvement of distinct parts of subducted oceanic lithosphere in the

melting regime of OIB (Stracke et al., 2005; Lassiter and Hauri, 1998; Dupuy et al., 1989).

38| Page



64
65
66
67
68
69
70
71
72
73
74
75
76
77
78
79
80
81
82
83
84
85
86

87
88
89
90
91
92
93
94

Chapter 2

Consequently, this isotopic variability is likely to also involve lithological differences within the
plume source, which, in turn, are associated with major element characteristics of plume-
derived lavas (Jackson and Dasgupta, 2008). A clear connection between crustal character
based on radiogenic isotopes and alkalinity has so far, however, not been established. The
alkalinity of basalts (NazK) at a given SiO; content can broadly be associated with their degree
of melting: for tholeiitic basalts a higher melting degree at lower pressure is suggested (e.g.,
Garcia et al., 1993; Garcia et al., 1995; Green and Ringwood, 1967), whereas alkali basalts are
associated with lower melting degrees at a higher pressure (e.g., Frey et al., 1978; Naumann
and Geist, 1999; O’Hara, 1965; Green and Ringwood, 1967). For most OIB, this concept may
hold true, yet it remains unclear if the presence of recycled crustal components adds to the
degree of melting and with this to the alkaline character of erupted lavas. Based on
experimental data, Mallik and Dasgupta (2012) outlined that major element systematics of
alkali vs. tholeiitic lavas in OIB do not relate to melting regimes of respective lithologies, i.e.,
eclogite-facies crustal components vs peridotite melting. Instead, Jackson and Dasgupta
(2008) and Jackson et al. (2012) highlight that major element systematics of OIB are related
to specific enriched endmembers and source lithology (Si-poor to Si-rich), yet with the notable
exception of Na. These contradictions spark the question as to what exactly controls alkalinity
and how this relates to source lithology, which is arguably also related to mantle fertility, i.e.,
the pressure (P) - temperature (T) conditions at which these lithologies start to melt in the
mantle. Alternative views suggest that the influence of lithospheric thickness dominates over
mantle temperature in melting regimes of upwelling mantle (Niu et al., 2011). For individual
plumes, and within their shield-building stage, lithospheric thickness is similar for all melts,

and thus cannot be a defining factor for variations in the observed alkalinity.

In this paper, we seek to establish links between mantle components and alkalinity in OIB
by using stable Fe isotopes in the Tasmantid Seamounts, an age-progressive chain of
submarine volcanoes located east of Australia in the Tasman and Coral Seas. The Tasmantid
Seamounts have been proposed to be plume-related, with unpublished isotopic data
(radiogenic Sr and Nd isotopes from 18 samples) indicating an origin from a mixture of
enriched and more primitive components of yet unidentified nature (McCulloch, 1988; Eggins
etal., 1991). We analysed alkali and tholeiitic basalts from the Tasmantid Seamounts for stable

Fe isotopes as well as major and trace elements and radiogenic Sr-Nd-Hf-Pb isotopic
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compositions. lron isotopes fractionate as a function of degree of melting (Williams and
Bizimis, 2014; Soderman et al., 2021; Sossi and O'Neill, 2017; Foden et al., 2018), but also bear
memory of potential crustal components (Nebel et al., 2019; Konter et al., 2016; Gleeson et
al., 2020). By comparing radiogenic isotopic data with new stable Fe isotopic data of primary
melts (8°”Feprim corrected for igneous differentiation), we aim to identify systematic variations

between plume endmember components, degrees of melting and possible mixing scenarios.
2.2 Geological setting

The Tasmantid Seamounts are a chain of submarine volcanoes that extend from the Coral
Sea in the north to the Tasman Sea in the south. The chain lies east of the Australian continent,
and west of the Lord Howe Rise (Fig. 2). The Tasmantid Seamounts are one of three age-
progressive volcanic chains in the region; with plume-related volcanic centres on the
Australian continent to the west (Cohen et al., 2008; Wellman and McDougall, 1974; Cohen
et al., 2013; Davies et al., 2015), and the Lord Howe plume track to the east (Fig. 2; Seton et
al., 2019). The Tasmantid Seamount chain extends over more than 2500 km, with individual
volcanoes rising to 4000 m above the surrounding seafloor. The oldest volcanoes (in the north
of the chain) erupted ~50 Ma, with the volcanoes becoming progressively younger towards
the south, consistent with plate motion in the region, with the youngest known volcano
(Gascoyne) erupting ~6.5 Ma (McDougall and Duncan, 1988; Kalnins et al., 2015; Crossingham
et al., 2017). The southward age progression is consistent with a volcanic hotspot that is
supplied by a mantle plume beneath the northwards drifting Australian plate (Knesel et al.,
2008). The Tasmantid Seamounts are located above an extinct mid-ocean ridge, which was

active 82 - 52 Ma causing the opening of the Tasman Sea (Gaina et al., 1998).
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Figure 2. Location map of the Tasmantid Seamounts in the Tasman and Coral Seas (red line), with the
Australian continent to the west, and Lord Howe Rise to the east. The figure was made with
GeoMapApp (www.geomapapp.org; Ryan et al.,, 2009). The black circles show locations of rocks
analysed in this study; samples 274SR13 A1, Mellish Seamount, 247DR41 M1, 247DR41 E1 and
274DR36 B1 are located in the Coral Sea, while rocks from Queensland, Britannia, Derwent-Hunter,
Taupo, and Gascoyne are located in the Tasman Sea. Extinct spreading ridge is not drawn into figure to
retain overview but follows the Tasmantid Seamounts. East Australian volcanoes in dark grey and lava
fields in light grey following the classification of Wellman and McDougall (1974), leucites in dark grey
with dashed outline (Cohen et al., 2008). The East Australian volcanoes (on the Australian continent)
and the Lord Howe chain (on the Lord Howe Rise) are also chains of age progressive intraplate

volcanoes.
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2.3 Samples and methodology

The samples with the prefix "85 and "65" are the same as in Eggins et al. (1991) and
McDougall and Duncan (1988) and cover the central and southern portions of the seamount
trail (i.e., Queensland, Britannia, Derwent-Hunter, Taupo, and Gascoyne seamounts). They
were obtained during dredging voyages on the RV Franklin in 1985 or 1986. Their petrography
is described in Eggins et al. (1991). In short, rocks sampled from Gascoyne and Britannia have
olivine and Cr-spinel phenocrysts, while rocks from Derwent-Hunter contain plagioclase and
clinopyroxene phenocrysts. Taupo shows a variation of these phenocrysts. Fresh basalts show
either altered rinds with cracks infilled with carbonate and zeolite or fresh glassy pillow
margins. The sample with a prefix of ‘TMD’ is from Queensland, and was dredged on voyage
S§S2012_VO07 of the RV Southern Surveyor (Cohen, 2012). Samples with a prefix of ‘274" are
from the Coral Sea, from voyage SS2005_VO02 of the RV Southern Surveyor (Exon et al., 2006).
Exon et al. (2006) describe the whole rocks as fresh to slightly altered basalts with olivine,
plagioclase and clinopyroxene in a fine-grained groundmass. The samples were chosen as
being the freshest representatives from their respective seamounts, and to cover a wide

latitudinal range of the Tasmantid Seamounts from north to south (Fig. 2).

2.3.1 Screening for alteration and fractionation

Submarine rocks often experience seawater alteration. In order to investigate the
geochemistry of the magmatic processes, we have used four geochemical indicators to screen
out the samples that have experienced seawater alteration: 1) K;0/P20s< 1, as phosphorous
is often precipitated by seawater (Frey et al., 1994; Hofmann and Feigenson, 1983), 2)
P.0Os/Nd, where decoupling indicates seawater alteration (Eggins et al., 1991); 3) negative
cerium (Ce) anomalies, because seawater is depleted in Ce (O’Neill, 2016); and 4) MnO > 0.25
wt.%, because seawater alteration is often associated with precipitation of manganese oxide

(Sofade, 2018).

Magnetite fractionation causes an increase in heavy Fe isotopes in the melt;
corrections can be applied but become increasingly imprecise with increasing degrees of
fractionation. For the discussion of Fe isotopes, we have therefore excluded samples that have

undergone extensive fractional crystallization, using a cut-off value of MgO < 4.5 wt.% (Sossi
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etal., 2012; Nebel et al., 2015). After using these geochemical indicators, 22 out of 26 samples

are considered pristine; only four samples were excluded (further details in section 4. Results).

2.3.2 Methodology

The major element and trace element data for samples with the prefix 85" and 65" were
taken from Eggins et al. (1991) and McDougall and Duncan (1988). For samples TMD10-01 A4,
274DR41 M1, 274DR13 A1, 274DR22 A3, 274DR36 B1, and 274DR41 E1, major elements were
analysed by quantitative XRF, with the Bruker-AXS S4 Pioneer X-ray fluorescence
spectrometer, at the James Cook University, Townsville. Trace element data were analysed at
the Isotopia Laboratory at Monash University, Clayton using a ThermoFisher ICap quadrupole
mass spectrometer in solution mode. Sample aliquots for trace element analyses were taken
from whole rock powders used for isotope analyse (see 3.2.1 Sample dissolution and
purification procedures). Data concentrations were calculated using a set of artificial standards
for internal calibration, with absolute abundances accurate to within £ 5%, as determined by

comparison against external, secondary rock standards.

2.3.2.1 Sample dissolution and purification procedures

Samples for Sr-Nd-Pb analyses were prepared following Pin et al. (2014). Approximately
100mg of rock powder was weighed into a Teflon® beaker. The rock powder was dissolved in
a 1:1 mixture of concentrated double-distilled HF-HNO3 in 15mL capped Savillex® beakers on
a hotplate at 120°C for 24h. After evaporation to dryness the sample was treated three times
with a drop of concentrated HNOs + 0.5M HCI and traces of HF to break down CaF bonds. For
Sr-, and Pb-chemistry the chromatographic extraction resin Eichrom® Sr-Spec (100 — 150 um)
and for Nd-chemistry Eichrom® Tru-Spec resin were preconditioned with 0.1mL of 1M HNO3
containing 50mg/mL of ascorbicacid. After introducing the sample solution onto the columns,
both resins were rinsed with 0.5mL of 1M HNOs containing 50mg/mL of ascorbicacid. The Sr-
Spec was washed with 7M HNOs to get rid of unwanted elements like Barium. Strontium
elution was performed with 0.05M HNOs. Subsequently, Pb was collected using 6M HCI. The
Tru-Spec was rinsed with 1M HNOs (2mL), 0.05M HNOs3 (0.1mL) and 0.05M HCI (0.1mL) to
wash out matrix elements. 0.05M HCI (1.5mL) was used to transfer Light Rare Earth Elements

(LREE) from the TRU-Spec to the Ln-Spec. The Ln-Spec was treated with 0.05M HCl and 0.25M
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HCI to elute lanthanides. Finally, with 0.25M HCI (2ml) Nd was collected. Samples were left on

a hotplate at 55°C until dryness was achieved.

The analytical procedure used to extract Fe is published by Cheng et al. (2014) and Sossi
et al. (2015). For complete dissolution ~25mg of rock powder was weighed into 15mL Savillex®
beakers and treated with 2mL concentrated HF:HNOs (ratio 1:2). Samples were left capped
on a hotplate at 120°C until completely dissolved. After evaporation, samples were treated
with several drops of concentrated nitric acid (16M) to ensure the absence of fluoride bonds
(Cheng et al., 2014). The AG-MP-1 anion resin was preconditioned with 9M HCI (Cheng et al.,
2014). Samples were then taken up in 9M HCl and pipetted onto the resin. Column
chromatographic extraction with 9M HCI and 5M HCl removed matrix elements as well as
semi and transitional metals. The matrix was collected into a Teflon beaker for Hf analysis
(see below section 3.2.1). The Fe fraction was eluted with 1M HCI. The collected Fe fraction
was placed on a hotplate at 90°C. The dried samples were dissolved and taken up in 2% HNOs.

For the chromatographic extraction of Hf the procedure of Nebel et al. (2009) and Cheng
et al. (2014) was followed. For this method, the matrix was collected as explained above
(removed matrix during chromatographic extraction of Fe) and dissolved in 3M HCI (10ml).
The matrix was then loaded onto the Eichrom Ln spec resin. The resin was preconditioned
with 3M HCI (10ml), 1M HF (10ml) and 3M HCI (3ml) before the samples were loaded onto
the column. The resin was then rinsed with 3M HCl (10ml), 6M HCl (10ml) and MQ  water
(18mQ). To elute Ti we used a mixture of citric acid and 0.4M HNOs and 1% H.0; (60ml;
Minker et al., 2001). Afterwards, Hf was extracted with 0.5M HF (10ml) and left on the

hotplate to dry at 60°C.
2.3.2.2 Isotope analyses

The Sr-Nd-Pb-Hf-Fe isotope analyses were performed on a ThermoFisher™ Scientific
NeptunePlus multi-collector inductively coupled plasma mass spectrometer (MC-ICP-MS) at
the Isotopia Laboratory at the School of Earth, Atmosphere and Environment at Monash
University, Australia. The samples were introduced via a low flow quartz cyclonic spray
chamber and a PFA® nebuliser. Sr, Nd and Pb isotopes were measured in low resolution mode,

whereas Fe was analysed in medium resolution mode. For Hf analysis, the samples were
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introduced via a Teledyne Cetac® Technologies Aridus Il to create dry plasma conditions. Hf
isotopes were measured in low resolution mode.

To ensure data accuracy the reference materials BCR2, BHVO2 (USGS) and La Jolla (Nd
reference material) were analysed (Table 1). Radiogenic Sr, Nd, Pb and Hf values are within
analytical uncertainty of published literature values (Jweda et al., 2016; Weis et al., 2006;
Weis et al., 2005).

For Fe, the data are reported in delta notation relative to the IRMM-524a external
standard, which is isotopically identical to IRMM-014 (Craddock and Dauphas, 2011) with >*Fe

being either *°Fe or >’Fe:

5x 54
Fe/ Fesgmple

5x 54
Fe/>*FeirmM-s24a

5% Fe = - 1] x 1000 (1)

Each sample was analysed two to three times from a single dissolution batch using
standard-sample-bracketing to ensure precision and accuracy. The average of these three
individual analyses is presented as the result of the isotopic ratios for each sample. A Ni
standard solution was added to each dissolution batch to correct for instrumental mass bias
effects (Sossi et al., 2015). To ensure reliability and comparability of our Fe isotope data, the
basaltic reference material BCR2 and BHVO1 were analysed three times (Table 2 shows the
average of the three analyses). Our analyses are in agreement with previously published
values (BCR2: 6°°Fe = +0.09 + 0.01%o, 6°’Fe = +0.13 + 0.02%o in Craddock and Dauphas (2011)
and 8°7Fe = +0.14 + 0.02%o in Sossi et al. (2015); BHVO1: §°6Fe = +0.11 + 0.01%., 6°’Fe = +0.16
+ 0.01%o in Craddock and Dauphas (2011)). The reproducibility of the method is £0.02%. (as
a two-standard deviation) in >’Fe/>*Fe relative to the IRMM-524a external standard based on
repeated analyses of standard reference materials. At the end of the analysis a blank has been

analysed and showed values below detection level and is thus negligible (<25 ng Fe).

2.4 Results

2.4.1 Major and trace elements

The Tasmantid Seamount samples range from alkali to tholeiitic basalts (Eggins et al.,
1991; Fig. 1). Based on a compilation of other global hotspot areas (Fig. 1), the coexistence of
alkali and tholeiitic basalts within a single volcanic hotspot centre is common. There is no

apparent time-space variation along the Tasmantid Seamounts; tholeiitic basalts are found at
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Gascoyne, Taupo, Derwent-Hunter, Britannia, Queensland, 274DR13 Al and 274DR41 M1,
while alkali basalts are found at Gascoyne, Taupo, Derwent-Hunter, Queensland, Mellish,
274DR36 B1 and 274DR41 E1 (Table 1). Given the low numbers of one to five samples analysed

per seamount, it is highly likely that most seamounts have both tholeiitic and alkali lavas.

A Hawai'ian alkali basalts Nepheline
A Hawai'ian tholeiitic basalts

@ Pitcairn alkali basalts

O Pitcairn tholeiitic basalts

# Tasmantid akali basalts

€ Tasmantid tholeiitic basalts

¢ Excluded Tasmantid akali basalts

Figure 3. Olivine — nepheline — quartz plot after Irvine and Baragar (1971) (nepheline = nepheline + 0.6
* albite; quartz = quartz + 0.4 * albite + 0.25 * orthopyroxene; olivine = olivine + 0.75 * orthopyroxene).
Melting pressure adapted from Hirose and Kushiro (1993). Excluded Tasmantid alkali basalts in red
diamonds and dotted outline are deviating from the rest of the alkali lavas, strengthening the exclusion
of these samples. Data for Hawai'i and Pitcairn from GEOROC (http://georoc.mpch-

mainz.gwdg.de/georoc/).

On a Ne*-OI*-Qtz* projection (Fig. 3), the tholeiitic basalts of the Tasmantid Seamounts
show slightly more normative quartz with SiO2 ranging from 48.58 —51.48 wt.%. Alkali basalts
range in SiO; from 45.17 — 50.08 wt.% and are, by definition, silica deficient compared to the

tholeiitic basalts. Notably, samples that have been marked as altered through other trace
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element systematics also plot off the igneous trend here. Alkali and tholeiitic lavas show
increasing values of MnO and decreasing Al,03 and P,0s vs increasing MgO (4.8 wt.% < MgO
< 11.4 wt.%; Fig. 4b, c, d and Supplementary data |, Fig. S1). Both alkali and tholeiitic basalts
show a slight increase in CaO with increasing MgO. At a given degree of fractionation, alkali
basalts have higher TiO;, K20 and Na;O (Fig. 3 & 4) compared to tholeiitic basalts

(Supplementary data |, Fig. S1).

As is expected for evolving lavas, MgO correlates positively with compatible elements such
as Ni and Cr (Fig. 4e and Supplementary data |, Fig. S2). There is, however, no correlation
between MgO and incompatible elements like Th and La (Fig. 4f). Chromium and La have not
been included in Fig. 4, because Cr shows the same trend as Ni, and Th the same scatter as
La. Alkali basalts are slightly more enriched in incompatible elements, showing an average in,
for example, Th of 2.06 ppm, whereas tholeiitic basalts show an average in Th of 1.34 ppm

(Fig. 4 & 5).

Three of the excluded alkali basalts show MgO < 4.5 wt.% with low FeOr, Niand Th. Sample
85177 has been excluded due to high Ni values (Fig. 4e; further explained below in section
4.3. Stable Fe isotope data). The major and trace element data indicate that, for the Tasmantid
samples analysed, fractional crystallization occurred via removal of olivine and clinopyroxene,
given the increasing MgO value of alkali and tholeiitic basalts with increasing CaO/Al.Os (Fig.
4c). There was little to no plagioclase fractionation (Fig. 4c), as is common for high-pressure

melts.
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Figure 4. Variation diagrams for a) SiO,, b) FeOr, c) CaO/Al,Os, d) TiOy, e) Ni, f) Th vs MgO for the
Tasmantid Seamounts. Yellow squares represent tholeiitic basalts, red squares represent alkali basalts.
Tholeiitic samples have lower FeOr, TiO,, Th than alkali basalts, whereas alkali basalts have lower SiO»,
Ca0/Al,0s, Ni than the tholeiitic basalts. The light red highlighted samples have been excluded from
the discussion, because they have undergone considerable fractional crystallization with MgO < 4.5

wt.% or show Ni > 300ppm.

Tasmantid samples show a positive Eu-anomaly (Fig. 5). One alkali basalt, sample 85167,
shows a negative Cs anomaly but is not different to the rest of the samples in major elements
and radiogenic Sr, Nd, Pb, and Hf, and stable Fe isotopes and is thus included here. Both basalt
groups are depleted in Pb and enriched in Nb. Alkali basalts are enriched in incompatible trace
elements (e.g., Y, Zr, Ba, Hf; Supplementary data |, Fig. S2) compared to tholeiitic basalts, which
show higher values in compatible elements like Cr and Ni (Fig. 4 and Supplementary data |,

Fig. S2).

48 | Page



294

295
296
297
298

299

300
301
302

Chapter 2

[
o
(=]

100

a) ——Tasmantid alkali basalts | b] Tasmantid tholeiitic basalts

+ 10

Sample/primitive mantle (PM)
=
o
1

(Wd) a)1uew anwd fajdwes

[y

Cs Ba U Ta Ce Pr Nd Hf Eu Dy Yb Cs Ba U Ta Ce Pr Nd Hf Eu Dy Yb
Rb Th NbLa Pb Sr Zr Sm Ti Y Lu Rbo Th NbLa Pb Sr Zr Sm Ti Y Lu

Figure 5. Primitive mantle-normalised trace element spider diagram. a) Red and b) yellow line show
average values, grey background shows highest and lowest value. Normalising values are from
McDonough and Sun (1995). Excluded samples are not included (for details online version: Research

data). Note, only one alkali basalt, sample 65810 from Gascoyne, shows a strong depletion in Ti.

2.4.2 Radiogenic isotope data

Radiogenic isotope data is listed in Table 1. Compared to tholeiitic basalts, alkali lavas have
less radiogenic 8/Sr/%6Sr and *3Nd/'#*Nd values, and more radiogenic Pb isotope values (Table

1). Alkali basalts show higher 76Hf/17’Hf values than tholeiitic basalts.
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303 Table 1a. Radiogenic Sr, Nd, Pb and Hf isotopic ratios for the Tasmantid Seamounts tholeiitic lavas. Samples starting with ‘65’ or ‘68’ are from Eggins et al. (1991). Samples
304  starting with ‘85’ are from McDougall and Duncan (1988). The sample with the prefix ‘TMD’ is from Cohen (2012). Samples with a prefix of ‘274’ are from the Coral Sea from
305 Exon et al. (2006). Nd data partly from McCulloch (1988), indicated with “§”.

Rock Type Seamount Sample 8HE/TT7THE  #1S.E. 87Sr/86Sr +1S.E. 13Nd/*Nd +1S.E. 206ph /204phy  +1S.E.  297Pb/?%*Pb  +1S.E. 2°%Pb/?°*Pb  +1S.E.
tholeiitic Gascoyne 65808 | 0.282689 0.000004 0.704598 0.000009 0.512483% 0.000006 17.8330  0.0008  15.5320 0.0007 37.9050  0.0018
tholeiitic Gascoyne 65809 | 0.282689 0.000004 0.704598 0.000009 0.512483% 0.000007 17.8330  0.0008  15.5320 0.0007 37.9050  0.0018
tholeiitic Gascoyne 65811 | 0.282721 0.000002 0.704638 0.000011 n.d. n.d. 18.1954 0.0012 155853 0.0011 37.8654  0.0027
tholeiitic Gascoyne 65821 | 0.282760 0.000004 0.704336 0.000009 0.512575¢ 0.000009 n.d. n.d. n.d. n.d. n.d. n.d.
tholeiitic Gascoyne 85170 | 0.282852 0.000004 0.704443 0.000009 0512667 0.000014 18.1760 0.0008 15.5500 0.0007 38.3220  0.0018
tholeiitic Gascoyne 85169 | 0.282842 0.000004 0.704440 0.000009 0.512693 0.000014 182240 0.0008 155640 0.0007 38.4470  0.0018
tholeiitic Taupo 85174A | 0.282823 0.000003 0.704211 0.000009 0.512705 0.000014 18.2563 0.0009 155986 0.0008  38.2463  0.0022
tholeiitic Dsm’te:rt 65828 | 0.282842 0.000004 0.704716 0.000009 0.512567° 0.000005 n.d. n.d. n.d. n.d. n.d. n.d.
tholeiitic Britannia 68644 | 0.282756 0.000007 0.704548 0.000009 0.512512° 0.000009 18.1850 0.0012  15.6438 0.0011 38.0519  0.0029
tholeiitic  Queensland ™ 1140'01 0.282816 0.000004 0.705086 0.000009 0.512569 0.000009  18.1000 0.0021  15.5557 0.0017 38.2359  0.0047
tholeiitic ge';rr'jzjen‘i 274£1R13 0.282798 0.000004 0.705322 0.000010 0.512507 0.000005 17.5239  0.0017 155131 0.0015 37.7039  0.0035
tholeiitic ge';rr'jzjen‘i 27‘3;{41 0.282627 0.000004 0.705009 0.000007 0.512273 0.000005 17.3244  0.0018 155188 0.0016 37.7723  0.0039

306

307

308

309
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310 Table 2b. Radiogenic Sr, Nd, Pb and Hf isotopic ratios for the Tasmantid Seamounts alkali lavas. Samples starting with ‘65’ or ‘68’ are from Eggins et al. (1991). Samples starting
311  with ‘85’ are from McDougall and Duncan (1988). The sample with the prefix ‘TMD’ is from Cohen (2012). Samples with a prefix of ‘274’ are from the Coral Sea from Exon et
312  al. (2006). Nd data partly from McCulloch (1988), indicated with “§”.

Rock Type Seamount Sample | YSHf/Y’Hf  +1S.E. 87Sr/86Sr +1S.E. 13Nd/*Nd +1S.E. 206ph /204phy  +1S.E.  297Pb/?%*Pb  +1S.E. 2°%Pb/?°*Pb  +1S.E.
alkali Gascoyne 65810 0.282756 0.000004 0.704348 0.000009 0.512558° 0.000010 17.8330 0.0008 15.5320 0.0007 37.9050 0.0018
alkali Taupo 65839 n.d. n.d. 0.70422 0.000009 0.512738° 0.000008 n.d. n.d. n.d. n.d. n.d. n.d.
alkali Taupo 85-175 0.282917 0.000004 0.704049 0.000009 0.512802 0.000014 18.4510 0.0008 15.5340 0.0007 38.4580 0.0018
alkali Taupo 85-176 0.282908 0.000004 0.704047 0.000009 0.512777 0.000014 18.5170 0.0008 15.5560 0.0007 38.5680 0.0018
alkali Derwent-Hunter 65835 n.d. n.d. 0.704687 0.000009 0.512586° 0.000011 n.d. n.d. n.d. n.d. n.d. n.d.
alkali Queensland 85162 0.282897 0.000003 0.703792 0.000008 0.512777 0.000007 18.1386 0.0009 15.5889 0.0008 38.1143 0.0021
alkali Derwent-Hunter 85183 0.282716 0.000004 0.704717 0.000011 0.512544 0.000006 18.7577 0.0011 15.6358 0.0009 38.1255 0.0022
alkali S:;I:gsuhnt 274£3R22 0.282702 0.000004 0.705742 0.000009 0.512416 0.000007 17.6169 0.0018 15.5515 0.0015 37.8760 0.0038
. U d 274DR36
alkali ser:r]‘r?cr:;t B1 0.282956 0.000005 0.705508 0.000008 0.512801 0.000005 18.7186 0.0016 15.5934 0.0013 38.6581 0.0035
alkali ger;r:zﬁ 27451R41 0.282725 0.000003 0.704169 0.000009 0.512361 0.000005 17.3803 0.0007 15.5302 0.0005 37.8216 0.0014
Reference BCR2 0.282845 0.000004 0.705024 0.000012 0.512536 0.000008 18.7842 0.0005 15.6201 0.0004 38.7072 0.0013
BHVO2 0.283099 0.000003 0.703472 0.000005 n.d. n.d. 18.5953 0.0023 16.4761 0.0011 38.4261 0.0027
La Jolla n.d. n.d. n.d. n.d. 0.511896  0.000014 n.d. n.d. n.d. n.d. n.d. n.d.
313
314
315
316
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317 Table 2. Measured stable Fe isotope data and primary melt Fe isotope data for the Tasmantid
318 Seamounts. 2 standard error calculated as follows: 2S.E. = 25.D. / Vn, with n being the number of
319  analyses, after Sossi et al. (2015). Samples starting with ‘65’ or ‘68’ are from Eggins et al. (1991).
320  Samples starting with ‘85’ are from McDougall and Duncan (1988). The sample with the prefix ‘TMD’
321 is from Cohen (2012). Samples with a prefix of ‘274’ are from the Coral Sea from Exon et al. (2006).

Rock Type Seamount Sample 5°°Fe  #2S.E. & Fe #2S.E. & Feprim N
tholeiitic Gascoyne 65808 +0.15 0.02 +0.25 0.02 0.22 3
tholeiitic Gascoyne 65809 +0.15 0.02 +0.25 0.02 0.13 3
tholeiitic Gascoyne 65811 +0.05 0.02 +0.08 0.02 0.05 3
tholeiitic Gascoyne 65821 n.d. n.d. n.d. n.d. n.d. n.d.
tholeiitic Gascoyne 85170 +0.11 0.01 +0.16 0.02 0.11 3
tholeiitic Gascoyne 85169 +0.14 0.02 +0.24 0.02 0.20 3
tholeiitic Taupo 85174A +0.07 0.01 +0.11 0.01 0.01 3
tholeiitic Derwent-Hunter 65828 n.d. n.d. n.d. n.d. n.d. n.d.
tholeiitic Britannia 68644 +0.03 0.02 +0.07 0.02 0.03 3
tholeiitic Queensland TMD10-01 A4 | +0.04 0.01 +0.09 0.01 0.02 3
tholeiitic  Unnamed seamount 274£1R13 +0.03 0.01 +0.09 0.02 0.03 2

tholeiitic Unnamed seamount 274DR41 M1 | +0.04 0.01 +0.05 0.01 -0.01 3

alkali Gascoyne 65810 +0.08 0.01 +0.15 0.02 0.12 3

alkali Taupo 65839 n.d. n.d. n.d. n.d. n.d. n.d.

alkali Taupo 85175 n.d. n.d. n.d. n.d. n.d. n.d.
alkali Taupo 85176 +0.09 0.01 +0.15 0.03 0.10 3

alkali Derwent-Hunter 65835 n.d. n.d. n.d. n.d. n.d. n.d.
alkali Queensland 85162 +0.18 0.02 +0.31 0.03 n.d. 3
alkali Derwent-Hunter 85183 +0.17 0.03 +0.29 0.02 0.21 3
alkali Mellish Seamount 274:3R22 +0.17 0.01 +0.24 0.05 0.16 3
alkali Unnamed seamount 274§1R36 +0.17 0.02 +0.26 0.03 0.15 3
alkali Unnamed seamount 27451R41 +0.18 0.02 +0.23 0.03 0.15 3
Reference BCR2 +0.11 0.01 +0.19 0.02 n.d. 3
BHVO1 +0.09 0.03 +0.11 0.02 n.d. 3

322
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2.4.3 Stable Fe isotope data

In stable Fe isotopes, alkali basalts of the Tasmantid Seamounts show on average a heavier
measured §°’Fe with +0.15 to +0.31%o (Table 2 and Research data) compared to tholeiitic
basalts, which range from +0.05 to +0.25%. in 6°’Fe (Table 2 and Research data). Compared
to the 6°’Fe composition of mid-ocean ridge basalts (MORB; §°’Fe +0.07 to +0.25%o; Chen et
al., 2019, Teng et al., 2013), alkali as well as tholeiitic basalts of the Tasmantid Seamounts

display a wider range and an overall similar to heavier 6°’Fe signature.
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Figure 6. a) Degree of Fe isotope correction (A*’Fe) vs Ni, an independent indicator for olivine
fractionation. Sample 85177 is marked as light red, deviates from exponential average (curve in dotted
grey) and has been excluded due to Ni > 300ppm. The other three excluded samples (274DR41 F2,
274DR39 Al and 247DR41 F1) show a high fractionation factor and have been excluded due to MgO <
4.5 wt.%. b) Major element MgO vs TiO; to test for magnetite fractionation. A threshold at 4.5 wt.%
was used to exclude samples that show magnetite fractionation. The studies of Nebel et al. (2015) and
Sossi et al. (2012) show that at lower MgO magnetite is the primary host of iron. The highlighted
sample 85177 does not show any sign of magnetite alteration, however, does show the highest Ni
(ppm) value, deviating from the rest of the samples. ¢) MgO vs 6°’Fe including basalts from Kilauea Iki

lava lake, which represent a fractional crystallization trend (Teng et al., 2008) and Pitcairn (Nebel et al.,
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2019). Sample 65808 and 65809 at 10.12 MgO wt.% and &°’Fe +0.25%o. For two tholeiitic basalts
(65821 and 65828) and three alkali basalts (samples 65835, 65839 and 85175) stable Fe isotopes were

not analysed due to lack of available sample. No MgO available for one alkali basalt (sample 85162).

Cooling of ascending magma involves the crystallization of olivine and pyroxene (Wagner
and Grove, 1998). This crystallization is critical for the interpretation of Fe isotopes, because
preferential incorporation of light Fe isotopes into olivine leads to an isotopically heavier Fe
isotopic composition of the residual melt and elevated &°’Fe (Teng et al., 2008; Dauphas et
al., 2009; Schuessler et al., 2009; Sossi et al., 2012). We thus attempt to correct the measured
5°7Fe for crystal fractionation of olivine following a procedure outlined in Sossi et al. (2016) in
order to compare primitive-mantle-normalised rare earth element (REE) ratios (which are not
affected by olivine fractionation) with stable Fe isotopic compositions of calculated primary
melts (6°"Feprim). The validity of the applied olivine correction is illustrated by ppm Ni vs the
degree of correction A%’Fe (A°’Fe = 8°’Fe - 8°’Feprim, Fig. 6a), with Ni being compatible in
olivine and thus equally affected by olivine crystallisation but independent of our crystal
fractionation correction. Combined with major element data, both the fractionation of olivine
and pyroxene have been identified for alkali and tholeiitic basalts (Fig. 4c). Relative to olivine,
pyroxene fractionation has a small effect on Fe isotope systematics (Weyer and lonov, 2007;
Williams and Bizimis, 2014). Because the applied olivine fractionation correction for Fe
isotopes provides an upper limit on the fractional crystallisation correction, correction for
pyroxene is obsolete (Soderman et al., 2021). Notably, the applied correction is an
approximation of the source and should be treated as a model only. For the olivine
fractionation correction, we add olivine (light Fe isotopes) to our starting melt composition
with Fe3*/SFe = 0.15 until we reach a primary melt with Mg#=74 by using a A>’Feoi-meit*108/T?
=-0.4 (Nebel et al., 2019; Sossi et al., 2016). Considering an exchange coefficient for Fe and
Mg between olivine and melt KDgi:II\\/I/Ieglt > 0.3 (Roeder and Emslie, 1970), the Mg# = 74 is in
chemical equilibrium with the primitive mantle Mg# = 90 (Palme and O'Neill, 2014). Using the
value of A*’Feg..melt*10%/T% = -0.4 provides results with the largest fractionation correction
(correction with A*’Feol-met*108/T? = -0.1 shown in Supplementary data I, Fig. S3). It must be
noted that the corrected values are modelled compositions that are suitable to identify

processes relevant to the petrogenesis of the basalts but may slightly differ (estimated here
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in the order of #0.03, dependent on variations of the model parameters) from true values.
After correction, the following &°”Feprim values have been calculated: the alkali basalts range
from +0.10 to +0.21%. and tholeiitic basalts from -0.01 to +0.22%o (Fig. 7). In general, the
correction for the alkali samples is larger than those for the tholeiitic basalts. The excluded

alkali basalts range in 8°’Feprim from -0.04 to +0.21%. (highlighted in Fig. 7, Research data).
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Figure 7. (Gd/Yb)sm vs 6>’ Fe and 8" Feprim. 8’ Feprim Values are crystal fractionation corrected following
Nebel et al. (2019) and Sossi et al. (2016). Measured &°’Fe values in open symbols show a heavier Fe
isotopic signature compared to calculated 6°"Feprim values. Alkali and tholeiitic basalts show similar
Gd/Yb values. Both Gd and Yb are heavy rare earth elements (HREE) and have been normalized to
primitive mantle using Sun and McDonough (1989b). For one alkali basalts (sample 85162; &§°’Fe =
+0.31%0) major elements have not been analysed previously, thus 8°’Fepnim has not been calculated.
For two alkali basalts, sample 85183 and 85177 (85177 highlighted in Fig. 2, 3 & 5 and excluded from
discussion) no Gd and Yb values have been analysed previously, thus these samples are not shown
here. For sample 85183 the &°’Fe is +0.29%o and its calculated 8°’Fepyim is +0.21%o. For sample 85177
the &°’Fe is +0.04%o and its calculated &°"Feprim is -0.04%o.

2.5 Discussion

In the following, we will compare Sr, Nd, Hf and Pb isotopic ratios of alkali and tholeiitic
basalts from Pitcairn and Hawai’i to the Tasmantid Seamounts to characterise the Tasmantid

Seamounts mantle endmembers. Then, we will discuss if alkali and tholeiitic basalts can be
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associated with a mantle endmember, i.e., if alkali basalts can be ascribed to enriched (in
radiogenic isotopes) mantle components. To evaluate petrogenetic processes, we compare
trace element ratios to radiogenic isotopic ratios and introduce stable Fe isotopes. With stable
Fe isotopes, we assess melting regimes of the Tasmantid Seamounts alkali and tholeiitic

basalts and possible source variability.

2.5.1 Enriched vs. depleted mantle component in the Tasmantid plume

Ocean island basalts are categorised by broadly defined isotope clusters in multiple
isotope diagrams (Hofmann, 1997; Zindler and Hart, 1986; Hart, 1988). These clusters are
defined as reservoirs and are: DMM (depleted MORB mantle; high **Nd/*#*Nd, low &7Sr/2Sr,
low 296Pb/20%Pb, high 176Hf/Y’Hf), HIMU (high U/Pb-ratio mantle; high 2°°Pb/2%4Pb,
intermediate *3Nd/**Nd, low &’Sr/8Sr, intermediate 76Hf/Y’’Hf), EM1 (enriched mantle 1;
intermediate 8Sr/8%Sr, low 143Nd/***Nd, low 2°6Pb/?%*Pb, low 76Hf/’’Hf) and EM2 (enriched
mantle 2; low *3Nd/%**Nd, intermediate 2°°Pb/2%*Pb, high &7Sr/%6Sr, low 176Hf/7’Hf; Hofmann,
2003). A striking feature of these trajectories is their convergence in a zone termed PREMA
(Prevalent Mantle; White, 2015; Zindler and Hart, 1986), also known as FOZO (Focus Zone;
Hart et al., 1992; Hauri et al., 1994; Stracke et al., 2005), PHEM (Primitive Helium Mantle;
Farley et al., 1992) or C (Common component; Hanan and Graham, 1996). Throughout this

publication, we will be using ‘PREMA.

Based on radiogenic isotope data from 18 samples (McCulloch, 1988), Eggins et al. (1991)
identified the Tasmantid basalts as being generated from two distinct mantle components,
one of which being enriched and the other one depleted relative to each other. Coupled Sr-
Nd-Pb-Hf isotope data strongly suggest that the “depleted” component identified by Eggins

et al. (1991) is likely a PREMA component and the enriched component coincides with EM1

(Fig. 8).

Several studies (Abouchami et al., 2005; Hofmann and Farnetani, 2013; Jackson et al.,
2012; White, 2015; Hart et al., 1992; Phillips et al., 2016; Roden et al., 1984) identified PREMA
and EM1 as mantle endmembers in Hawai’ian tholeiitic and alkali OIB. The Pitcairn-Gambier
Chain also represents a mixing trend of PREMA and EM1 (Garapic et al., 2015; Delavault et al.,

2015; Hart et al., 1992), but with a lower heat flux compared to Hawai’i, which is a possible
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driving force for the surfacing of deep mantle components. In the following, we will compare
the Tasmantid Seamount samples with lavas from Hawai’i and Pitcairn to make assumptions

about the mantle components that contributed to the Tasmantid Seamounts.

For both Hawai’i and Pitcairn, Fe isotope data is available (Nebel et al., 2019; Teng et al.,
2008). Low MgO lavas (< 4.0 wt.%) have been excluded due to the strong effects of magnetite
fractionation on Fe isotopic compositions of Pitcairn lavas (Rhodes et al., 2012; Nebel et al.,
2019), and in analogy also for Hawai’i (Teng et al., 2008). All other geochemical data for
Hawai’i and Pitcairn-Gambier Chain were taken from the GEOROC database (georoc.mpch-
mainz.gwdg.de/georoc/). Additionally, we include MORB data from Gale et al. (2013),
representative for the modern depleted upper mantle (Fig. 8). All samples that are marked as
rejuvenated (post shield-stage), slightly to heavily altered or have less than two of the
radiogenic isotope ratios of 8Sr/2Sr, 143Nd/14*Nd, 2°8Pb/?%*Pb and 2°°Pb/?%*Pb listed, have
been excluded. To further exclude altered samples, we filtered data with K;0/P,0s < 1 (Frey
et al, 1994; Hofmann and Feigenson, 1983). The data from Hawai’i and Pitcairn
(Supplementary data Il) have been divided into tholeiitic and alkali basalts according to the

TAS diagram.

In radiogenic Sr, Nd, Pb and Hf space, alkali and tholeiitic lavas of the Tasmantid Seamounts
strongly overlap, showing a potential mixing trend between PREMA and EM1 endmembers
(Fig. 8a, b, ¢, d). However, on average, alkali basalts of the Tasmantid Seamounts show more
radiogenic Sr, Pb and less radiogenic (higher) Hf and Nd isotope ratios. Two outliers (274DR22
A3 and 274DR36 B1) of alkali basalts show more radiogenic 8’Sr/2Sr values (Fig. 8a, c),
deviating from the mixing trend between PREMA and EM1 of the Tasmantid Seamounts. Even
though the applied seawater alteration proxies do not indicate seawater alteration of those
two samples (section 3.1. Alteration), we suggest that the two outliers might have suffered
from addition of secondary seawater Sr (Bach et al., 2003; Hess et al., 1986). In contrast, in
fluid-immobile radiogenic elements (Nd, Pb and Hf), these two outliers are not distinguishable

from the other alkali basalts and are thus included in the interpretation.

While showing the classic EM1 isotope characteristics (Zindler and Hart, 1986), which are
considered to be a remnant of subducted lithosphere sensu lato (White, 2015), the Tasmantid

Seamounts EM1 signature is clearly not identical in all radiogenic isotopes to Hawai’i or
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Pitcairn sources, in particular in its radiogenic Pb isotopes. It appears that EM1 components
evolved with similar U-Th/Pb parent-daughter ratios but likely formed at different times,
allowing for variable radiogenic ingrowth (time of formation further discussed in
Supplementary data I, Fig. S4 & S5). The Tasmantid Seamount plume can thus be classified as

an individual plume source in the EM1 family.

In 8Sr/8Sr and *3Nd/***Nd isotopic space the Tasmantid alkali basalts show a more
enriched signature than Hawai’ian and Pitcairn basalts, plotting into the more enriched part
of the PREMA area (Fig. 8a, b). In 2°6Pb/204Pb vs 208Pb/294Ph space, Hawai’ian and Tasmantid
Seamount alkali lavas show radiogenic Pb isotope ratios that plot into the less radiogenic
206ph /204ph and 298Pb/2%4Pb of the PREMA field, whereas tholeiitic as well as alkali basalts of
Pitcairn plot into the more radiogenic 2°°Pb/?%*Pb and 2°2Pb/?%*Pb PREMA field. In 76Hf/Y77"Hf
space, Pitcairn’s tholeiitic and Tasmantid Seamount’s alkali basalts plot within the PREMA area
(Fig. 8c, d), whereas Hawai’ian alkali basalts plot between DMM and PREMA. The latter,
however, may be a function of the limited Hf data available for plumes in general (Stracke et
al., 2005). Based on the sum of observations, it is plausible to ascribe a PREMA association to

the Tasmantid alkali basalts.

In summary, radiogenic isotopic signatures of Hawai’ian, Pitcairn and Tasmantid
Seamounts’ indicate that the PREMA component in each of these three plumes shows a
different radiogenic isotopic composition. This can be explained by the different nature of
primitive components in global OIB (Doucet et al., 2020; Jackson et al., 2007), so that
‘primitive’ relates to less radiogenic isotopic signatures in Sr, Nd and Hf and to a more
radiogenic 2°°Pb/2%*Pb signature. Considering the petrogenesis of tholeiitic vs alkali basalts, a
direct comparison of radiogenic with stable isotopes within different plumes is thus not
suitable. However, a relative comparison of respective enriched vs primitive components of
each plume in relation to its alkalinity still holds true. The individuality of each plume may

thus mask systematic trends in global compilations.
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Figure 8. a) &Sr/%Sr vs “3Nd/***Nd, b) 2°Pb/?°*Pb vs 2°8Pb/2**Ph, c) &’Sr/%Sr vs YeHf/Y’Hf, and d)
Nd/Nd vs Y6Hf/17Hf. Note that for one tholeiitic (sample 65811) Nd, for two tholeiitic basalts
(sample 65821 and 65828) Pb and for two alkali basalts (samples 65835 and 65839) Pb and Hf isotopes
were not analysed due to lack of available sample. The light grey circle indicates PREMA after Hauri et
al. (1994), Jackson et al. (2007), Stracke et al. (2005) and White (2015). MORB has been plotted to
show differences between MORB and OIB. The Northern Hemisphere Reference Line (NHRL) is adapted
from Hart (1984). The areas of EM1, EM2 and HIMU, Hawai’i and Pitcairn were assembled from the
GEOROC database. MORB data is from Gale et al. (2013). Two of the Tasmantid alkali basalts (samples
274DR22 A3 and 274DR36 B1, specified by red arrows) show extremely radiogenic &Sr/%Sr ratios,
which can be explained by the addition of secondary radiogenic Sr, presumably from seawater (present
day seawater &Sr/2¢Sr~ 0.709; Bach et al., 2003). Except for &Sr/%Sr, these two samples do not deviate

from the rest of the alkali basalts in radiogenic Nd, Pb and Hf isotopes.

2.5.2 Petrogenetic considerations

2.5.2.1 Melting regimes and source variability

The majority of ocean islands are formed during the shield-building stage with production
of both tholeiitic and alkali basalts (e.g., Naumann and Geist, 1999; Tilley and Scoon, 1961;
Moore, 1966). For the shield-building stage of the Hawai’ian ocean islands, the largest one of

its kind, the predominant mantle components identified by radiogenic isotope systematics are
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EM1 and PREMA (Hart et al., 1992; White, 2015; Jackson et al., 2012; Hofmann and Farnetani,
2013; Abouchami et al., 2005). However, the radiogenic isotope trajectories of possible
endmembers in alkali and tholeiitic OIB of Hawai’i indicate that the melting processes
underlying these oceanic islands appear to be complex. By comparing Hawai’i, Pitcairn, and
the Tasmantid Seamounts in radiogenic isotope spaces, it is apparent that alkali basalts cannot
always be associated with a crustal component like EM1. Whereas Hawai’ian alkali basalts can
be ascribed to PREMA and tholeiitic lavas to EM1, Pitcairn’s alkali basalts can be ascribed to
EM1 and tholeiitic basalts to PREMA. It appears that the Tasmantid Seamounts’ tholeiitic
basalts can be associated with a more pronounced EM1 signature and alkali basalts with a
more pronounced PREMA signature (Fig. 8). Even though there is considerable overlap
between tholeiitic vs. alkali basalts in radiogenic isotopes for the Tasmantid Seamounts, a
bimodal distinction based on petrologic grounds (and not enriched components) is indicated
in Fig. 9. Below we first explore the depth and degrees of melting of the respective alkaline vs
tholeiite suites and then test if two component mixing can be responsible for the observed

variability.

(edD) d

¢ Tasmantid tholeiitic basalts

& Tasmantid alkali basalts

8% Fepim

Figure 9. a) 8°’Feprim vs Ti* and b) 6°’Fepim Vs pressure P (GPa). Ti* = (Ti0,)(Mg0)*7/34.3 calculated

following Taylor and Martinez (2003). Pressure calculated following Putirka (2016) (Research data). R2
reflects correlation coefficient of the best fit.

An increase in (Gd/Yb)em can indicate melting at greater depth, associated with the
presence of residual garnet (Lassiter and DePaolo, 1997). Both Tasmantid tholeiitic and alkali
basalts show a similar range in this so called “garnet signature” (Eggins et al., 1991; Fig. 10).
Eggins et al. (1991) interpreted that the garnet signature of the tholeiitic basalts can be
explained by mixing small melt fractions that derived from deeper regions of the plume with

the tholeiitic magma. In this scenario, only the trace element signatures are overprinted by
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this mixture whereas major elements remain pristine. These authors further suggest different
melting degrees between the two Tasmantid Seamount magma series based on incompatible
element variations (e.g., Zr/Nb and La/Sm). They conclude that the centre of the Tasmantid
Seamount plume is represented by tholeiitic, high melting degree magma, formed at low
pressure of ~1GPa and that alkali, low melting degree magma formed at greater depth, at
~2.5GPa, representing the edge of the conduit.

With our new, additional data presented in this study, we use (La/Sm)pm as a proxy for
identifying differences in melting degrees (Pearce, 2008) between the Tasmantid Seamounts,
and compare these with Hawai’ian and Pitcairn’s alkali and tholeiitic basalts. Importantly, this
ratio is not compromised by olivine fractionation, so that the ratio in erupting lavas allows
direct constraints on the melting source. The Tasmantid Seamounts, on average, show slightly
higher (La/Sm)pm values with 2.16 (average) and (Gd/Yb)em values of 3.18 (average) in alkali
lavas relative to tholeiitic basalts ((La/Sm)em = 1.92, (Gd/Yb)em = 2.73, average). The
enrichment in incompatible elements (Research data and Supplementary data I, Fig. S2) and
the slightly higher (La/Sm)em ratio suggest that alkali basalts represent marginally lower
degrees of melting compared to the tholeiites. This observation is also reflected in the
Tasmantid trace element patterns (Fig. 4 & 5), as both alkali and tholeiitic basalts show similar
yet not identical distributions, with tholeiitic basalts showing a sharper decrease in
incompatible elements. However, the overlap of tholeiitic and alkali basalts in trace element

ratios suggests that both basalt suits must have originated in the garnet stability field.
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Figure 10. a) (Gd/Yb)em vs &7Sr/%6Sr, b) (La/Sm)em vs *3Nd/**Nd, c) (Gd/Yb)em vs YCHf/Y’Hf and d)
(La/Sm)pm vs 2%°Pb/2%4Pb. Tholeiitic basalts: sample 65811 no radiogenic Nd isotopic ratio available,
samples 65821 and 65828 no radiogenic Pb isotopic ratio available. Alkali basalts: sample 85183 no
Gd, Sm or Yb available, samples 65835 and 65835 no Hf or radiogenic Pb isotopic ratio available. Red
trendline represents trend produced by alkali basalts and yellow trendline represents the trend
formed by tholeiitic lavas. R?reflects correlation coefficient of the best fit.

Radiogenic isotope ratios of Sr, Nd, Pb and Hf show a weak co-variation with trace element
ratios of (La/Sm)em and (Gd/Yb)em (Fig. 10, R-values) in the Tasmantid samples. There is,
however, a strong overlap of alkali and tholeiitic lavas (Fig. 10), which indicates that both melt
types originated from a continuum of melting degrees. With both alkali and tholeiitic melts
forming in the garnet stability field and no clear systematic radiogenic isotope distinction, we
surmise that the enriched mantle component coexists with the depleted mantle component
in close proximity within the plume. In other words, there is no depth-related systematic
distribution of mantle components. This, however, still leaves the question open as to why

some samples form at lower melting degrees than others.

With all factors, such as fertility/composition (radiogenic isotopes) and depth/pressure
(trace element ratios) being similar or marginally different, the only viable alternative is
temperature (7). In this, concentric temperature zoning in the rising plume conduit could
account for differences in degrees of melting. Such interpretation would coincide with Eggins
et al. (1991). Below, we will examine if melting degree influenced through differences in
temperature or source variability affects the Fe isotopic signature of the Tasmantid Seamount
basalts. For this, we compare trace element ratios of (Gd/Yb)em and (La/Sm)em as well as
radiogenic Sr, Nd, Pb and Hf isotope ratios with our calculated primary melt iron isotopic

composition 6°’Feprim.
2.5.2.2 Melting regimes and stable Fe isotopes

Based on the decoupling of radiogenic isotope ratios and element chemistry (Fig. 10), we
suggest, as outlined above, that both depleted and enriched components melt in a similar
depth in close proximity (Fig. 3; Hirschmann and Stolper, 1996). Even though tholeiitic and
alkali basalts overlap in Fe isotopes, alkali basalts show, on average, heavier primary melt Fe

isotope values of averaged +0.15%o &°’Feprim. Accordingly, tholeiitic basalts show, on average,
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a lighter primary melt Fe isotopic composition of +0.09%o0 &°’Feprim. The co-variation of
(Gd/Yb)em with 8°7Feprim for alkali basalts suggests a small dependency of Fe isotopes on the
melting depth (Fig. 11a). It has to be noted here that, as stated above, the depth of melting is
assumed to be similar for tholeiitic and alkali basalts (also shown by the similar (Gd/Yb)em

values, Fig. 10a & 11a).
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Figure 11. a) (Gd/Yb)pm, b) (La/Sm)em vs 8>’ Feprim. Gd is not available for the tholeiitic basalts 85174A
with 8°’Feprim = +0.01%o0 and for the alkali basalt 85183 with 8°’Feprim = +0.21%0. R reflects correlation
coefficient of the best fit. Red trendline for alkali basalts and yellow for tholeiitic basalts. Alkali basalt
with highest (Gd/Yb)rm and (La/Sm)em not included in calculating R2. 6°’Feprim for chondritic material
of -0.01 + 0.01%o (2S.E.; Craddock and Dauphas, 2011; Needham et al., 2009; Wang et al., 2014;
Schoenberg and von Blanckenburg, 2006; Sossi et al., 2016). 8’Feprim = +0.05 + 0.01%o (2S.E.) of
primitive mantle (PM) from Sossi et al. (2016).

Because a comparison of Ti* and P (GPa) with &°’Feprim suggests a bimodal distinction
between tholeiitic and alkali lavas of the Tasmantid Seamounts (Fig. 9), we suggest that alkali
and tholeiitic lavas could sample two distinct, isolated regions within the plume. If the alkaline
lavas are taken as an entity (or mix of components yet in isolation) and are considered to be
derived straight from their mantle source without any disturbance, their Fe isotope
systematics can be explained through a pressure-related partial melting fractionation. When
plotted against Ti* (parental melt Ti) and calculated pressure of melting, a trend is apparent
in which the heaviest Fe isotopic composition is related to the highest pressure but also to a
lower Ti* content (Fig. 9). With garnet being a key host and the highest D value for Ti being in
the garnet stability field in peridotite (Prytulak and Elliott, 2007), retention of Ti in garnet is a
possible explanation for the observed trend. If correct, then low degree, high-pressure melts

produce heavier Fe isotopes through the retention of light Fe isotopes in garnet (Ye et al.,
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2020), whereas higher melting degrees, equivalent to lower Ti* content and lower pressures

dilute this effect.

The Ti* compositional variability is here solely explained through degrees of melting but
may also reflect source enrichment (Prytulak and Elliott, 2007), which in turn may affect
partial melting modes through differences in fertility, and with this again depth of melting.
Iron isotopic compositions of §°’Feprim ™~ +0.24%o at Pitcairn have been explained with a second
stage pyroxenite, which formed from the reaction of recycled, crustal eclogite with the
ambient peridotite mantle. This can only be the case here for the deeper, low-degree

component with 8°7Fepim = +0.21%o.

The tholeiitic lavas do not follow any of these systematics and appear decoupled from the
alkaline melts (e.g., Fig. 9). In either case, however, it is apparent that the Fe isotopic
composition of the higher melting degree endmember approaches &°7Feprim = +0.04%0
(median of tholeiitic lavas), which is similar to the Fe isotopic composition of mantle peridotite
(Craddock et al., 2013; Dauphas et al., 2009; Weyer and lonov, 2007; Williams and Bizimis,
2014). Only one sample of the tholeiitic lavas (274DR41 M1) shows a value comparable to
chondritic material with 6°’Feprim = -0.01%0. The negative value is likely caused by our applied
crystal fractionation correction, however, considering uncertainties, coincides with values
documented for peridotitic mantle sources (Sossi et al., 2016). Melting of peridotite can
explain the light Fe isotope data of tholeiitic basalts, but not some of the isotopically heavy Fe
isotopic signature of the tholeiitic lava suite reaching 6°’Feprim of up to +0.22%o (Fig. 11b). The
influence of melting degrees on Fe isotopic compositions has been discussed in several studies
(Williams et al., 2005; Williams et al., 2004; Williams and Bizimis, 2014; Dauphas et al., 2009;
Dauphas et al., 2014; Foden et al., 2018; Weyer and lonov, 2007; Teng et al., 2013; Soderman
et al., 2021), showing that lower degrees of melting result in elevated 6°’Fe values. Following
modelling, partial melting of peridotite (i.e., fertile mantle with §°’Fe = +0.05%0) does not
exceed values of §°’Fe = +0.15%o, even for a degree of melting (F) < 0.05 (Foden et al., 2018).
Given that F for tholeiites is larger than for alkali basalts, another explanation is needed to

generate heavy Fe isotopic compositions.

Although it is tempting to ascribe this isotopically heavy component to alkaline melts, the

radiogenic isotope systematics or trace elements and Fe isotopes (e.g., Fig. 9) do not support
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any such two-component mixing trends as to the absence of any co-variation. Instead, it
appears that at least one more component needs to be considered. This is also important
because tholeiites do not contain an admixed alkali component but could only reflect a larger
degree of melting of the same source. With roughly similar depths of melting, it thus seems
most plausible to assign the larger degree of melting of the tholeiites to elevated
temperatures, likely in the centre of the plume (Supplementary data I, Fig. S6). This may also
explain their larger abundance during the shield-building stage of ocean islands. A larger
abundance and the mantle region sampled by these melts may also account for the presence
of a component which is isotopically heavier in Fe and seemingly absent in the alkali lavas. In
the following, we will discuss the possibility of the presence of an isotopically heavy

component and its influence on the heavy Fe isotopic signature in tholeiitic basalts.
2.5.2.3 Heavy Fe isotopes in tholeiitic lavas

Stable Fe isotope variations in OIB depend on various factors which include melting degree
(section 5.2.1 melting regimes and source variability and 5.2.2 melting regimes and stable Fe
isotopes), but also source mineralogy or metasomatism and/or diffusion (Craddock et al.,
2013; Dauphas et al., 2009; Weyer and lonov, 2007; Williams and Bizimis, 2014). As partial
melting has only a small influence on Fe isotopic compositions of tholeiitic lavas (e.g., Fig. 11),
the variation of Fe isotopes in tholeiitic basalts of the Tasmantid Seamounts could result from
an inherited Fe isotopic composition of the mantle source. Inherited Fe isotopic compositions
have been proposed for OIB, e.g., Samoa (Konter et al., 2016) or Pitcairn (Nebel et al., 2019).
Nebel et al. (2019) showed on Pitcairn basalts that PREMA can be associated with a BSE-like
Fe isotopic composition of &°’Feprim = +0.05%0, Whereas a crustal component (EM1 for
Pitcairn) shows heavier Fe isotope values of up to 6°’Feprim ~+0.24%o. However, comparing the
Tasmantid Seamount basalts in radiogenic Sr, Nd, Pb and Hf isotope ratios with 6°’Fepim, co-
variations can neither be observed for tholeiitic nor alkali basalts (Fig. 12). Thus, tholeiitic
basalts of the Tasmantid Seamounts must have experienced additional alteration processes
(Eggins et al., 1991), possibly in form of metasomatism or diffusion during metasomatism

(Kang et al., 2020).
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Figure 12. a) ®Sr/%Sr, b) **Nd/**Nd, c) YCHf/Y"’Hf, d) 2°°Pb/***Pb vs &°’Fepim. For sample 6581
(tholeiitic basalts) no radiogenic Nd isotopic data available. Stable Fe isotopes show no co-variation
with radiogenic isotopes. 8°’Feprim for chondritic material of -0.01 + 0.01%o (2S.E.; Craddock and
Dauphas, 2011; Needham et al., 2009; Wang et al., 2014; Schoenberg and von Blanckenburg, 2006;
Sossi et al., 2016).Primitive mantle (PM) value of 8°Fepim = +0.05 * 0.01%. (2S.E.) from Sossi et al.
(2016). PREMA field as in Fig. 8.

For Hawai’i, secondary pyroxenite was suggested as the source for low-pressure melting
(Jones et al., 2017). Even though tholeiites have been produced during high pressure melting
in the Tasmantid source, pyroxenite is a potential lithological unit that could produce heavier
8°Feprim values through petrogenesis (enriched mantle components; Konter et al., 2016;
Nebel et al., 2019). In general, pyroxenite has an expected isotopically heavier Fe isotopic
signature than peridotite, which is explained by Fe3* being more incompatible than Fe?* during
the formation of pyroxenites, where partial melting goes in tandem with transport of heavier
Fe isotopes in the melt (Williams and Bizimis, 2014; Williams et al., 2005; Dauphas et al., 2009;
Williams et al., 2004; Nebel et al., 2019). With no clear two-component mixing between the
endmember compositions, namely EM1 and PREMA, in radiogenic isotopes, the source of
these pyroxenites remains enigmatic, similar to heavy Fe isotopes elsewhere in plumes

(Soderman et al., 2021).

66| Page



Chapter 2

Considering that the Tasmantid Seamounts are located along an extinct mid-ocean ridge
(Gaina et al.,, 1998), we surmise that pyroxenite veins formed at the lithosphere-
asthenosphere boundary (Supplementary data I, Fig. S6; e.g., Hirschmann and Stolper, 1996).
Low-degree metasomatized pyroxenite veins with heavy Fe isotopic signatures &°’Fe <
+0.54%0 have been suggested for several mid-ocean ridge settings (e.g., Sun et al., 2020).
During ascent of tholeiitic melts such signatures, even though extreme in nature, may interact
with these lithologies, possibly through porous flow, whereas alkaline melts have surfaced
through channelled flow in the mantle. Alternatively, serpentinite-derived, Fe-rich and
isotopically heavy segments have been found in diamonds in the transition zone. Such a
component, even though rare, may be responsible for such heavy Fe isotope excursions (Smith

et al., 2021).

2.6 Conclusion

The Tasmantid Seamounts are generated by both alkali and tholeiitic melts present in one
mantle plume. Radiogenic isotope systematics identify an EM1-PREMA connection in the
plume, similar to many others in the greater Pacific regions. However, the isotopic signature
of both enriched EM1 and PREMA, in radiogenic Pb isotopes in particular, are not identical to
other plumes of similar mantle flavour. This makes the Tasmantid plume a unique part of the
plume family.

Comparison with Hawai’ian and Pitcairn lavas, both with alkali and tholeiitic melts,
confirms that there is no apparent systematic between the alkalinity and enriched
components in this or other plumes. Based on major and trace element systematics, both,
Tasmantid alkali and tholeiitic basalts originate in the garnet stability field, yet likely with
different degrees of melting.

Stable Fe isotope data reveal that tholeiitic lavas of the Tasmantid Seamounts are derived
from a mantle source with 8°’Fe similar to ordinary depleted or primitive mantle, likely
peridotite, but with distinct outliers towards heavy Fe isotopic composition of cryptic origin.
Alkali lavas show a more systematic variation in Fe isotopes dominated by a trend from
isotopically lighter towards heavier Fe isotopes, ranging from 8>’Feprim +0.10 to up to +0.21%e..

The excursions towards heavier values can readily be explained by pressure dependency and
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the presence of garnet, yet without any apparent relation to “enriched components” based
on radiogenic isotopes.

Melting-induced or later mixing of depleted with enriched components and resulting
varying amounts of either component in erupting lavas may explain some radiogenic and
trace element systematics. However, because alkalinity is not affected by this, any such
mixing must be of local character. Tholeiites are suggested to be a simple higher degree of
melting equivalent to the alkali basalts. A viable scenario proposed here is an elevated
temperature for the tholeiitic source, which likely places these melts into the centre of the
plume, whereas the alkali melts form in peripheral areas. Further petrologic investigations

are required to validate this hypothesis.
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I.  Supplementary data |

Major and trace element data

Alkali and tholeiitic lavas of the Tasmantid Seamounts show decreasing Al,03, P,0s, K;0
and increasing MnO and Na;O with increasing MgO (4.8 wt.% < MgO < 11.4 wt.%; Fig. S1).
Alkali basalts are more enriched in incompatible trace elements (e.g., Y, Zr, Ba, Hf; Fig. S2)
compared to tholeiitic basalts, which show higher values in compatible elements like Cr and

Ni (Fig. S2).
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Figure S1. Variation diagrams for a) Al,03, b) MnO, c) NaxO, d) K,0, e) P,0s vs MgO for the Tasmantid

Seamounts. Yellow squares represent tholeiitic basalts, red squares represent alkali basalts.

82|Page



Chapter 2

51 ¢ -~ 400
Fa) < © Tholeiitic basalts b) E
46 f ~ 3 350
F @ Alkali basalts A 3
4l T ¢ Excluded @ L 2 P El 300
=36 T N T 250
§31 \g e : . <& < 1 20 g
9 : <,<> E 3
B N ® ? o $s0 32
21 A 0 «)08 o < 00 o 9 1 100
16 _. o [ 3 o < 1 50
<) & j j j ) t t t
46 + 1
a1 £ \ . & T 50
3 * > ooog ]
36 ¢ ® o + 400
— o, ] e}
£31 £ SR ] B
s b > % ® 130 3
26 >0 ] 3
= o ¢ <\>, o c® 3
i *© OO 8 *% ® ? T 200
16 £ N ]
- ® g + 100
Fe) : I f) 1 400
i ¢ . ?
6-; $ % o
N o 1 300
=7 F & E o
%4 + ® o ¢ ¢ % N ¢ o T 20 g
£, 5 <?><> o * Lo 200 g
E <>O<>0<> 00.O§-150v
2 £ <& 1 100
14 <& 3 50
O F I I : I I 1 1 1 1 1 ] O
0 2 4 6 8 10 12 0 2 4 6 8 10 12
MgO (wt. %) MgO (wt. %)

Figure S2. Selected trace elements with a) Sc, b) Zr, c) Y, d) Cr., e) Hf, f) Ba vs MgO of the Tasmantid

Seamounts.

Olivine fractionation correction

The applied olivine fractionation is the maximum value to correct heavy Fe isotopes. Thus,
we also corrected our data with A>’Feo-melt = -0.1 x 108 (Fig. S3). The calculation is outlined in
section 4.3. Stable Fe isotope data, main manuscript. The interpretation of the data is not

influenced by the applied correction factor.
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Tasmantid tholeiitic basalts

< Tasmantid alkali basalts

5 —— 0O
< Primary melt -0.4 Tasmantid tholeiitic basalts
_:E_' 4 + # Primary melt -0.4 Tasmantid alkali basalts
g —o— ——
5 N . < Excluded Tasmantid alkali basalts
— P — &

3 +
5 . ‘—8’; y < < Primary melt -0.4 excluded Tasmantid alkali
>, -~ ;) basalts
L 4 T e o

Primary melt -0.1 Tasmantid tholeiitic basalts

<3

‘—<>—' @ Primary melt -0.1 Tasmantid alkali basalts

1 P i R S i S T Excluded primary melt -0.1 Tasmantid alkali

005 000 005 010 015 020 025 030 035 040 | basalts

5°Fe | 6°7Fepim 04 | 8°7Fepim 0.1

Figure S3. Measured 6°’Fe composition of Tasmantid Seamount basalts compared to calculated
primary melt values 8°’Feprim With A>Feormerr= -0.1 x 10%/T? and A%’ Feolmere = -0.4 x 108/T% vs (Gd/Yb)pw,
fractionation crystallisation correction after Nebel et al. (2019); Sossi et al. (2016). Values of error bars
shown with 2 S.E. Error bars in a) just shown for measured §°’Fe to retain overview. For sample 85162
no major element data is available, thus the measured value §°’Fe = +0.31%o could not be corrected

for olivine fractionation.

Discussion of age

In radiogenic Sr, Nd, Pb and Hf isotope space, the Tasmantid Seamount basalts identify as
an individual member of the EM1-PREMA family. Most pronounced is its individual character
in radiogenic Pb isotopic ratios, suggesting a similar U-Th/Pb parent-daughter ratio to EM1
components which likely formed at different times. In the following, we aim for a better

understanding of the time of formation of the Tasmantid Seamount mantle component.

To explain the radiogenic Pb isotope ratio of the Tasmantid Seamounts we adapt an age
model calculated by Frey et al. (2016) for Hawai’i and compare it to the Tasmantid Seamounts.
The age model uses adcumulate gabbro with abundant cumulus plagioclase, common in the
lower oceanic crust (i.e., Coogan et al., 2001) and formed from ancient mid-ocean ridge basalt
(MORB), to explain trace element ratios and Pb isotopic ratios of Hawai’i. In radiogenic Pb
isotopic ratios, Hawai’ian alkali as well as tholeiitic lavas overlap slightly, as is the case for the
Tasmantid Seamount basalts (Fig. S4). Following the regression lines in Fig. S4, tholeiitic lavas

(yellow line) of the Tasmantid Seamounts intersect at 3.50 Ga with the adcumulate gabbro.
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Whereas alkali basalts intersect with the gabbro at 3.25 Ga (including outlier sample 85183
at 0.9153 208pp*/206ph*) Thus, to create the radiogenic Pb isotopic ratio of the Tasmantid

tholeiitic and alkali basalts two different subduction times of their sources can be assumed.
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Figure S4. a) and b) 2%pb*/2%ph* ys 20pp/2%4ph dotted lines show trendlines of tholeiitic (yellow),
alkali (red) Tasmantid Seamounts and Hawai’i (black). 2®®Pb*/?®Pb* is a measure of time-integrated
132Th /281 ratio since earth formation and has been calculated with 2%pb*/2%ph* = (208ph/204ph —
29.475)/(*°°Pb/***Pb — 9.307) following Galer and Nions (1985). Gabbro averaged from least altered
gabbros in Hart et al. (1999). Evolution of 2%®Pb*/2®Ph* and 2°°Pb/2**Ph of the gabbro in incremental
steps of 0.5 Ga from 0.5 to 3.5 GPa adapted from Frey et al. (2016). Th/U ratio of gabbro = 3.75. U/Pb
ratio of gabbro = 0.033.

In 298ph* /206ph* ys 87Sr/86Sr tholeiitic and most of the alkali lavas plot within the same
area. The two outliers (Fig. S5), alkali basalts of the Mellish Seamount and 274DR36 B1, were
mentioned in the main text as being altered presumably by seawater. These two samples

show &7Sr/86Sr ratios of 0.705742 and 0.705508, respectively. Another sample, sample 85183,
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deviates from the majority of alkali basalts and shows a 2°8Pb*/2%6Pb* value of 0.9153 (Fig.
S4). In radiogenic Sr, Nd and Hf space, this sample shows no deviation from the rest of the
alkali basalts but plots underneath the NHRL line in radiogenic Pb-space (main text Fig. 8b).
The radiogenic Pb isotopic ratio of the two samples with radiogenic Sr/26Sr are similar to the
rest of the alkali basalts. We assume that only Sr has been affected by alteration in form of

the addition of secondary Sr.
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Figure S5. %Pb*/2%Pb* vs 8’Sr/%Sr for Tasmantid Seamounts and alkali basalts. For 2%Pb*/>%pp*

calculation see Fig. S1.

Schematic illustration

Adiabatic upwelling of hot mantle material leads to melting of pyroxenite veins, which are
enriched in incompatible elements and stable Fe isotope values. Melting induced at similar
depth for alkali and tholeiitic melts. Pyroxenitic veins might be present and cause the heavy

Fe isotopic signature of tholeiitic lavas (see main text).
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Figure S6. Schematic diagram of melting induced mixing of peridotite and pyroxenite beneath the

Tasmantid Seamounts.

References

Coogan, L.A., Macleod, C.J., Dick, H.J.B., Edwards, S.J., Kvassnes, A., Natland, J.H., Robinson,

P.T., Thompson, G. and O'Hara, M.J. (2001) Whole-rock geochemistry of gabbros from

the Southwest Indian Ridge: constraints on geochemical fractionations between the

upper and lower oceanic crust and magma chamber processes at (very) slow-

spreading ridges. Chemical Geology 178, 1-22.

Frey, F.A., Huang, S., Xu, G. and Jochum, K.P. (2016) The geochemical components that

distinguish Loa- and Kea-trend Hawaiian shield lavas.(Report). Geochimica et

Cosmochimica Acta 185, 160.

Galer, S.J.G. and Nions, R.K.O. (1985) Residence time of thorium, uranium and lead in the

mantle with implications for mantle convection. Nature 316, 778.

87| Page



Chapter 2

Hart, S.R., Blusztajn, J., Dick, H.J.B., Meyer, P.S. and Muehlenbachs, K. (1999) The fingerprint
of seawater circulation in a 500-meter section of ocean crust gabbros. Geochimica et

Cosmochimica Acta 63, 4059-4080.

Nebel, O., Sossi, P.A., Bénard, A., Arculus, R.J., Yaxley, G.M., Woodhead, J.D., Rhodri Davies,
D. and Ruttor, S. (2019) Reconciling petrological and isotopic mixing mechanisms in
the Pitcairn mantle plume using stable Fe isotopes. Earth and Planetary Science Letters

521, 60-67.

Sossi, P.A., Nebel, O. and Foden, J. (2016) Iron isotope systematics in planetary reservoirs.

Earth and Planetary Science Letters 452, 295-308.

88| Page



Chapter 2

II.  Supplementary data I

Table S1a. Major element data (wt. %) of alkali lavas from the Pitcairn Gambier Chain (GEOROC;
http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. SIO2 TIO2 ALOs  FEOr CAO MGO MNO K20  NAO P20s
s_Vv479.2 | 41.80 3.88 1259 12,69 1090 8.64 0.17 0.83 2.40 0.63
s_V738.7 | 4210 3,50 1182 1289 990 11.77 0.17 0.59 2.36 0.51

s_K6375.0/s_K6-375.0 | 43.60 2.93 9.39 1246 9.40 16.24 0.18 0.76 1.44 0.30
s_V397.0 | 4450 3.53 1236 1208 996 1091 O0.16 0.53 2.39 0.50
s_VI831.0 | 44.70 4.02 15.78 10.83 9.63 4.31 0.17 1.85 3.45 1.00

s_FR-635.5 | 4470 480 15.00 1253 9.80 5.30 0.15 1.26 2.90 0.75

s_Vv831.0 | 4470 3.60 15.78 10.52 9.63 4.31 0.17 1.77 3.45 0.98

s_516 | 4481 3.07 1429 10.61 9.40 3.10 0.16 0.65 2.52 0.33
s_Vv850.2 | 4490 3,51 15,57 1116 9.37 4.99 0.17 1.73 3.49 0.96
s_K6-624.0 | 45.00 3.47 13.1 1296 9.59 9.58 0.17 0.77 221 0.35
s_P20 | 45,61 477 1558 13.69 8.84 4.57 0.19 1.10 3.71 0.47
s_PIT-8 | 4632 277 1335 11.52 831 1191 0.17 0.98 3.02 0.43
s_PIT-11 | 4645 274 13.24 1153 821 12.03 0.17 0.99 2.94 0.42
s_VI359.2 | 47.00 3.46 16.79 10.56 7.34 3.79 0.14 2.10 3.85 1.00
s_V359.2 | 47.00 3.28 16.79 1048 7.34 3.79 0.14 2.10 3.85 1.02
s_P12 | 47.08 3.85 1542 13.01 7.62 5.15 0.18 1.64 3.88 0.69
s_P26 | 4736 392 15.69 13.22 7.67 4.20 0.21 1.58 3.98 0.72

s_ P9 | 4737 357 15.06 11.41 8.82 7.09 0.17 143 3.24 0.53
s_P18 | 4745 428 17.54 1450 5.56 2.04 0.23 1.81 421 0.78
s_PIT-13 | 47.47 3.75 1442 1094 8.12 8.06 0.16 1.59 3.31 0.61
s_ P11 | 4751 3.86 15.69 13.08 7.85 3.96 0.20 1.63 4.05 0.72
s_P31| 4752 385 1566 13.00 8.10 4.53 0.20 141 3.55 0.72
s_PI-376.0/s_PI376.0 | 47.65 3.54 1594 11.18 7.50 4.68 0.12 1.88 3.43 0.90
s_P7| 4788 3.75 1493 1099 8.44 6.54 0.17 1.64 3.68 0.57
s_PIT-1 | 4810 3.50 1430 9.99 7.20 7.10 0.15 1.70 3.90 0.90
s_PIT-7 | 48.15 3,55 15.28 10.52 8.69 6.39 0.16 1.59 3.84 0.60
s_ P3| 4858 362 1533 10.74 8.73 5.66 0.16 1.65 3.71 0.59
s_P28 | 4865 3.67 16.07 1264 7.02 3.44 0.30 1.77 4.27 0.78
s_PIT-16 | 48.71 4.08 15.82 1046 845 4.45 0.17 2.00 3.92 0.79
s_PIT-3 | 4873 3.27 1476 1039 7.82 7.77 0.15 1.70 3.71 0.62

s_P8| 4874 359 1593 9.88 8.97 5.55 0.15 1.65 3.81 0.61
s_P5| 4876 427 1536 11.25 8.29 3.86 0.18 2.26 3.62 0.88
s_ P4 | 4889 428 15.26 11.18 8.13 3.97 0.18 2.29 3.65 0.89

s_PIT-4A | 4891 434 1497 10.68 8.53 4.25 0.17 2.13 4.23 0.82
s_PIT-12 | 49.22 334 15.14 1031 7.87 6.27 0.16 1.88 4.04 0.73
s_FR-469.4 | 49.40 2.66 16.26 9.67 7.04 3.94 0.13 2.35 3.99 1.50
s_P30 | 4952 3.26 15.69 1170 7.49 3.67 0.20 1.84 4.55 0.77
s_PIT-6 | 4954 299 1596 1135 7.50 3.83 0.21 2.00 4.42 1.17
s_P22 | 4955 337 16.40 12.14 6.89 3.16 0.18 191 4.24 0.81
s_1|49.64 244 1850 n.a. 6.88 2.80 0.15 1.66 4.73 0.19
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Table S1b. Major element data (wt. %) of alkali lavas from the Pitcairn Gambier Chain (GEOROC;
http://georoc.mpch-mainz.gwdg.de/georoc/).
Sample No. ‘ SI02 TIO: AL203 FEOT CAO MGO MNO K20 NA.0O P20s

s_P34 | 49.68 2.86 15.30 12.23 7.16 3.42 0.22 1.98 4.54 1.24
s_P10 | 49.92 3.95 16.17 9.72 8.54 3.82 0.15 1.93 3.99 0.71
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Table S2a. Trace element data (ppm) and radiogenic isotopic data of alkali lavas from the Pitcairn

Gambier Chain (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. LA SM  GD YB Nd/M*Nd  ®Sr/86Sr 206ph/204ph  207ph/204pp  208ph /204p),
s_V479.2 37.4 9.7 n.d. 1.6 n.d. n.d. 19.51 15.57 39.13
s_V738.7 29.9 7.8 nd. 1.5 n.d. n.d. 19.62 15.64 39.38

S—K6375'0/;;|;§(; 20.7 6.3 5.4 1.0 0.5129 0.7035 19.50 15.55 39.12
s_V397.0 29.1 7.7 n.d. 13 n.d. n.d. 19.53 15.57 38.84
s_VI831.0 53.0 13.1 nd. 2.5 0.5129 0.7035 n.d. n.d. n.d.

s_FR-635.5 43.8 11.3 nd. 2.0 0.5129 0.7035 n.d. n.d. n.d.

s_V831.0 53.0 13.1 nd. 2.5 n.d. n.d. 19.45 15.58 39.18
s_516 19.0 5.7 5.7 1.5 n.d. n.d. n.d. n.d. n.d.
s_V850.2 52.3 12.8 n.d. 24 n.d. n.d. 19.51 15.58 39.26
s_K6-624.0 21.7 6.5 n.d. 1.3 0.5129 0.7036 19.37 15.54 38.95
s_P20 n.d. n.d. n.d. n.d. 0.5128 0.7036 18.42 15.49 38.91
s_PIT-8 30.5 6.4 6.2 1.7 0.5125 0.7046 17.90 15.49 38.98
s_PIT-11 31.7 6.7 6.1 1.7 0.5125 0.7046 17.86 15.48 38.94
s_VI359.2 n.d. nd. nd. nd. 0.5129 0.7034 n.d. n.d. n.d.
s_V359.2 57.7 146 nd. 2.8 n.d. n.d. 19.44 15.61 39.26
s_P12 n.d. nd. nd. nd. 0.5129 0.7035 18.43 15.50 38.88
s_P26 n.d. nd. nd. nd. 0.5129 0.7035 18.49 15.50 38.96
s_P9 n.d. nd. nd. nd. 0.5125 0.7047 17.80 15.48 38.84
s_P18 n.d. n.d. n.d. n.d. 0.5129 0.7035 18.52 15.52 39.05
s_PIT-13 50.9 9.4 8.2 2.2 0.5125 0.7050 17.74 15.47 38.94
s_P11 n.d. nd. nd. nd. 0.5129 0.7035 18.45 15.49 38.90
s_P31 43.1 10.1 8.1 2.2 0.5129 0.7035 18.46 15.49 38.92

s_PI-376.0/ 50.8 12.6 2.2 0.5129 0.7034 n.d. n.d. n.d.

s_PI376.0
s_P7 n.d. nd. nd. nd. 0.5125 0.7047 17.76 15.46 38.82
s_PIT-1 51.1 8.9 8.5 2.2 0.5124 0.7052 17.63 15.46 38.94
s_PIT-7 46.7 9.1 8.2 2.3 0.5126 0.7048 17.83 15.49 38.98
s_P3 n.d. nd. nd. n.d. 0.5125 0.7047 17.78 15.48 38.87
s_P28 n.d. nd. nd. nd. 0.5129 0.7035 18.48 15.50 39.01
s_PIT-16 62.2 122 114 3.6 0.5126 0.7047 18.13 15.52 38.93
s_PIT-3 52.2 9.2 8.8 2.3 0.5124 0.7052 17.61 15.46 38.91
s_P8 n.d. nd. nd. nd. 0.5125 0.7049 17.64 15.46 38.73
s_P5 n.d. nd. nd. nd. 0.5126 0.7045 17.83 15.48 38.91
s_P4 63.5 13.0 9.9 2.7 0.5126 0.7045 17.83 15.49 38.90
s_PIT-4A 62.1 11.4 104 3.0 0.5125 0.7047 17.79 15.49 38.97
s_PIT-12 56.1 104 9.3 2.6 0.5125 0.7050 17.79 15.49 38.98
s_FR-469.4 73.9 17.5 3.2 0.5129 0.7036 n.d. n.d. n.d.
s_P30 n.d. nd. nd. nd. 0.5129 0.7035 18.40 15.50 38.90
s_PIT-6 67.8 13.8 13.2 3.7 0.5127 0.7037 18.05 15.51 39.06
s_P22 n.d. nd. nd. nd. 0.5129 0.7035 18.48 15.52 39.04
s 1 n.d. nd. nd. nd n.d. n.d. n.d. n.d. n.d.
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Table S2b. Trace element data (ppm) and radiogenic isotopic data of alkali lavas from the Pitcairn

Gambier Chain (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

SampleNo. | LA SM GD YB INd/MNd FSr/®sr 26pb/ph  207pp20ipp  Eph/20iph
s P34 | nd nd nd nd 05129 070350  18.42 15.50 38.97
s P10 [ 57.71 10.93 854 246 05124 070512  17.64 15.46 38.91
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Table S3. Major element data (wt. %) of tholeiitic lavas from the Pitcairn Gambier Chain (GEOROC;

http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. SIO2 TIO2  AL:03 FEOT CAO MGO MNO K20  NAO P05

s_GAG1[19648] | 43.00 1.31 8.35 10.98 6.31 20.30 0.17 0.18 1.16 0.18
s_GMD60 | 44.61 1.20 7.19 12.72 526 25.59 0.18 0.29 1.05 0.18
s_G38 | 46.05 205 1535 nud. 11.90 7.04 0.15 0.20 2.07 0.26
s_GMD71 | 47.02 245 13.40 11.03 10.47 9.29 0.18 0.76 199 0.39
s_GMD58 | 47.16 227 15.48 11.20 10.77 7.21 0.18 0.12 2.04 035
s_GMD64 | 47.22 205 1326 1141 9.76  11.35 0.17 0.40 1.76 0.26
s_GMP7 | 47.54 237 1429 1036 11.12 7.93 0.16 0.61 2,22 035
s_FA682.7 | 47.60 226 13.22 10.10 11.82 8.62 0.14 0.32 2.10 0.30
s_GMD76 | 47.62 1.97 14.06 9.68 11.23 7.85 0.14 0.25 1.76 0.27
s_GMD62 | 47.66 233 15,63 1030 10.87 7.81 0.16 0.49 195 033
s_GKM31 | 47.70 2.28 1432 10.42 10.60 9.39 0.15 0.70 223 031
s_GMD56 | 47.80 225 12,61 10.76 10.72 11.86 0.17 0.63 1.88 0.32
s_FA608 | 47.96 3.00 14.03 10.75 11.17 6.02 0.15 0.73 265 044
s_GMD67 | 47.97 238 1479 10.65 12.42 7.12 0.17 0.40 2.08 0.35
s_TS5730.5 | 48.00 290 1478 10.93 11.95 6.15 0.16 0.42 250 0.35
s_GMD72 | 48.11 2.09 153 10.14 10.90 7.19 0.16 0.43 2.00 0.34
s_GMD59 | 48.13 253 1488 10.27 11.23 7.07 0.17 0.79 222 037
s_AK34H | 48.22 284 1466 12.04 10.20 5.64 0.17 0.53 2.67 042
s_GMD70 | 48.37 225 1537 10.07 11.38 7.29 0.16 0.41 2.14 035
s_GMD66 | 48.39 197 1412 1113 11.18 8.98 0.17 0.43 2.00 0.28
s_AG29D | 48.40 2,50 15.00 10.04 9.54 7.45 0.14 0.82 2.70 0.45
s_MGI10E | 48.51 3.14 1460 11.74 10.48 6.14 0.17 0.70 2.60 0.49
s_GMD74 | 48.51 1.69 1490 11.00 10.81 9.13 0.17 0.29 190 0.24
s_GMD68 | 48.52 1.59 1566 10.74 11.17 8.11 0.17 0.31 1.89 0.23
s_KM7L | 48.60 2,52 1417 10.80 11.47 6.78 0.17 0.56 232 040
s_GAK38 | 49.00 207 1510 10.26 12.60 7.30 0.15 0.25 211 0.24
s_GMD61 | 49.03 207 14.09 10.82 10.47 9.91 0.20 0.45 2.00 0.28
s_TR14S | 49.18 3.08 1471 10.86 10.54 5.55 0.15 0.95 2.6 049
s_GMD52 | 49.38 1.74  15.07 9.60 11.52 7.40 0.15 0.32 2.02 0.22

s_G44* | 49.45 231 1515 nd. 10.96 6.37 0.17 0.38 226 0.27
s_G-MD-73/
s_GMD73 | 49.52 197 15.18 10.00 11.44 7.84 0.15 0.27 1.99 0.29

s_GMD54 | n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.
s_GMD64 | n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.
s_GKM31 | n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.
s_GMD62 | n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.
s_GMD74 | n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.
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Table S4. Trace element data (ppm) and radiogenic isotopic data of tholeiitic lavas from the Pitcairn

Gambier Chain (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. LA SM GD YB Nd/YNd #Sr/%Sr 206pp/204p  207ph/204py  208ph /204pf
s_GAG1] 100 31 28 0.9 0.5130 0.7030 19.20 15.56 38.98
s GMD60 | 116 33 36 1.0 0.5130 0.7032 18.98 15.56 38.95
s.G38 | 139 45 50 1.6 0.5130 0.7032 19.12 15.55 39.03
s GMD71 | 233 63 59 138 0.5129 0.7031 18.86 15.57 39.18
s_ GMD58 | 16.7 52 48 15 0.5130 0.7030 19.01 15.55 39.00
s_GMD64 | 132 45 43 14 0.5130 0.7032 19.08 15.55 38.99
s_ GMP7 | 195 55 53 16 0.5129 0.7031 19.11 15.56 39.05
s_FA682.7 | 148 4.7 nd. 1.4 0.5130 0.7030 19.40 15.56 39.03
s_ GMD76 | 13.1 43 42 13 0.5130 0.7030 19.28 15.56 39.02
s GMD62 | 174 53 52 16 0.5130 0.7031 19.09 15.56 39.05
s GKM31 | 185 53 49 1.6 0.5130 0.7030 19.18 15.56 39.08
s GMD56 | 19.2 53 50 14 0.5130 0.7032 19.00 15.56 39.00
s_FA608 240 6.7 n.d. 1.7 0.5129 0.7028 19.38 15.54 38.98
s_GMD67 | 168 55 53 1.7 0.5129 0.7031 19.16 15.56 39.10
s_TS730.5| 200 55 nd. 1.8 0.5129 0.7030 19.49 15.60 39.23
s_ GMD72 | 194 52 50 16 0.5130 0.7031 19.16 15.56 39.13
s_GMD59 | 256 6.8 63 20 0.5130 0.7031 18.85 15.54 39.01
s_AK34H 201 6.3 nd. 2.2 0.5130 0.7031 18.99 15.57 38.99
s GMD70 | 186 56 53 1.7 0.5130 0.7030 19.07 15.56 39.08
s_GMD66 138 44 44 14 0.5129 0.7032 19.07 15.56 39.05
s_AG29D | 225 6.2 nd. 1.8 0.5130 0.7029 19.08 15.55 38.95
s_MG10E | 300 7.7 nd. 23 0.5130 0.7029 19.09 15.55 39.05
s_GMD74 | 105 3.7 3.8 1.2 0.5130 0.7032 19.04 15.56 38.93
s GMD68 | 114 3.7 39 14 0.5130 0.7033 19.03 15.56 38.98
s KM7L | 199 6.1 nd. 1.8 0.5130 0.7031 19.20 15.55 39.05
s_GAK38 | 141 46 44 15 0.5130 0.7030 19.37 15.57 39.10
s_ GMD61 | 168 50 49 16 0.5129 0.7032 19.20 15.57 39.16
s TR14S | 247 7.1 nd. 21 0.5130 0.7032 19.17 15.56 39.11
s_GMD52 | 108 39 39 13 0.5130 0.7029 19.05 15.55 38.96
s_ G44* | 274 7.1 88 28 0.5130 0.7030 19.38 15.57 39.11
s_G-MD-73/
s_GMD73 | 128 44 43 14 0.5130 0.7030 19.05 15.55 38.99
s_GMD54 | 21.8 57 57 17 0.5130 0.7030 19.01 15.56 39.01
s_ GMD64 | 133 45 44 13 0.5130 0.7032 n.d. n.d. n.d.
s_GKM31 nd. nd. nd nd n.d. 0.7030 19.18 15.56 39.07
s_GMD62 nd. nd. nd. n.d. 0.5130 0.7031 n.d. n.d. n.d.
s_GMD74 nd. nd. nd. n.d. n.d. n.d. 19.05 15.56 38.95
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Table S5a. Major element data (wt. %) alkali lavas from Hawai’ian (GEOROC; http://georoc.mpch-

mainz.gwdg.de/georoc/).

Sample No. SIO2 TIO2 AL:03 FEOr CAO MGO MNO K20 NA0O  P20Os

s_K208-2B 48.48 3.73 1390 12.71 11.06 586 0.17 085 289 0.36
s_S709-5 47.49 410 14.77 11.90 10.87 566 018 092 329 051
s_K208-3 48.27 3.65 13.74 13.16 10.82 6.19 020 083 280 0.35
s_K208-7 46.53 4.03 1452 13.81 1048 636 0.17 089 287 0.34

s_S509-4B 43.38 577 1497 1554 8.17 6.46 020 127 357 0.68
s_S709-4 47.91 3.52 1450 11.84 11.62 6.51 020 0.73 278 0.40
s_S709-9 45.39 481 14.17 13.49 1171 693 020 054 245 031

s_K207-19 47.25 3.13 13.85 12.79 10.03 935 0.16 058 256 031

s_S505-108B 45.20 3.43 11.87 1357 993 1193 0.18 151 204 0.34
s_02AKA-7 48.42 3.32 14.04 1200 9.85 478 0.17 085 3.15 0.50
s_02AKA-5 46.90 3.17 13.06 11.98 10.65 775 018 080 278 0.49

s_KH14 47.31 3.06 15.02 12.03 11.19 6.16 0.17 074 3.28 044
s_KH11 47.99 3.08 15.97 1231 10.70 649 020 080 280 0.42
s_C-70 47.48 2.63 17.42 n.d. 8.54 6.74 0.18 1.20 3.12 0.36
s_MG1 47.89 3.75 14.77 1225 9.47 518 0.19 098 336 0.1
s_MG1B 48.25 3.21 16.30 11.28 9.51 459 016 095 332 0.68
s_MG3B 47.00 290 15.69 11.96 10.82 639 018 071 270 0.39
s_02AMK-3 47.96 3.30 14.17 13.08 10.77 574 019 080 294 041
s_02AMK-13 47.15 296 1511 1219 1146 580 0.18 075 276 0.36
s_02AMK-7 46.54 3.79 13.80 1298 9.61 588 0.19 127 339 0.64
s_02AMK-2 47.92 3.17 14.09 1237 10.85 592 0.18 081 288 0.38
s_MuU-16 47.53 3.11 1491 1211 10.97 582 0.17 080 250 0.39
s_MU-5 45.93 3.28 1432 12.14 10.18 793 017 088 280 0.41

s_C-78 41.83 316 14.32 n.d. 8.83 942 019 0.77 183 0.29
s_R164-1.55/

s_R164 46.25 3.88 14.65 12.63 10.70 6.25 019 074 3.09 035
s_R160-5.75/

s_R160 45.95 3.22 11.89 1274 1045 1120 0.19 042 238 0.32

s_R166-5.25/
s_R166(WC) /
s R166 | 4574  4.04 1491 1352 1003 6.08 020 0.75 293 0.38

s_R167-1.30/
s R167 | 4592 398 1463 1326 1029 630 0.19 077 3.01 038

s_R177-2.60/
s_R177 | 4368 396 1439 1379 977 821 019 084 324 047
s_HK-58 | 42.97  3.09 11.58 1334 1230 1127 0.18 075 211 043
s_H85-22 | 4430  3.66 1587 1370 10.61 5.65 022 104 3.46 046

s H85-23 | 44.14 365 1570 1371 10.64 578 023 101 341 045
s_H85-7 | 4494 363 1454 1350 11.07 590 020 099 3.20 045
s_H85-8 | 44.97 355 1456 1321 1135 592 020 091 274 0.42

s H85-10 | 4518  3.53 14.54 1336 11.17 628 020 089 248 043
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Table S5b. Major element data (wt. %) alkali lavas from Hawai’ian (GEOROC; http://georoc.mpch-

mainz.gwdg.de/georoc/).

Sample No. S102 TIO2 AL:03 FEOT CAO MGO MNO K20 NA20 P20s
s_H85-14 45.61 3.41 15.61 12.22 10.73 6.44 020 102 277 0.44
s_H85-15 45.17 3.10 15.27 1198 11.02 756 0.18 0.88 2.38 0.38
s_H85-21 43.90 3.23 1455 1390 11.35 840 022 0.76 190 041

s_H65-4 44.04 3.12 14.28 13.84 11.04 823 020 0386 274 0.39
s_HK-50 41.68 3.82 14.63 14.19 12.90 6.16 0.20 096 3.08 0.43
s_HK-36 42.82 3.68 15.18 14.07 10.39 6.76 022 099 340 0.50
s_HK-29 47.02 3.59 16.19 1194 7.85 468 0.22 132 457 0.60
s_HK-46 46.56 3.74 16.43 1196 8.28 469 024 132 438 0.58
s_HK-1 45.54 3.94 14.47 14.03 10.38 5.16 0.21 104 3.23 0.48
s_H85-33 45.97 4.03 16.83 12.08 8.62 468 0.24 140 4.27 0.62
s_H85-11 45.16 430 15.62 13.53 8.60 495 021 151 370 071
s_H85-13 45.76 429 1464 13.73 10.09 467 0.22 1.16 3.12 0.55
s_H85-12 45.57 4.03 14.74 13.46 10.09 5.18 0.22 123 329 0.56
s_H85-1 45.87 484 1381 14.34 9.51 519 0.20 1.09 341 0.56
s_HK-31 45.02 3.68 15.63 13.37 9.66 482 022 123 423 0.54
s_HK-45 46.04 3.68 1496 12.98 10.06 483 0.23 1.14 3.58 0.50
s_C-124 46.61 3.72 14.37 12.84 10.27 5.62 0.18 0.64 3.44 0.42
s_HO-20 46.22 3.11 1476 12.32 9.88 799 0.19 0.35 2.58 0.35
s_HO-14 45.98 3.44 1410 1256 9.87 821 020 043 282 034
s_HO-19 47.04 3.76 1471 1292 10.12 561 0.21 045 2.82 0.45
s_HO-12 46.52 3.04 14.09 12.17 10.18 8.84 0.17 051 280 0.34
s_C-126 45.85 2.43 14.82 nd. 10.27 936 0.18 040 245 0.40
s_HK-33 45.04 3.68 15.79 13.52 9.93 484 021 120 392 0.54
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Table S6a. Trace element data (ppm) and radiogenic isotopic data of alkali lavas Hawai’ian (GEOROC;

http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. LA SM  GD YB 1Nd/¥*Nd  #Sr/%6Sr 205pp/204pp  207ph/204ph  208pp [204pp
s_K208-2B | 18.1 70 73 23 n.d. 0.7035 18.68 15.50 38.26
s_S709-5 | 24.0 92 94 238 0.5129 0.7036 18.72 15.51 38.33
s_K208-3 | 18.2 74 77 26 0.5129 0.7036 18.70 15.51 38.33
s_K208-7 | 19.1 76 77 24 0.5130 0.7035 18.68 15.49 38.24
s_S509-4B | 30.4 105 10.3 2.8 0.5129 0.7035 18.69 15.50 38.26
s_S709-4 | 19.2 77 81 25 0.5129 0.7036 18.69 15.51 38.32
s_S$709-9 | 14.9 72 79 25 0.5130 0.7036 18.72 15.51 38.32
s _K207-19 | 14.3 59 62 21 0.5130 0.7035 18.43 15.48 38.18
s_S505-10B | 20.6 66 65 19 0.5130 0.7036 18.64 15.50 38.31
s_02AKA-7 | 25.6 82 79 25 0.5130 0.7036 18.31 15.48 37.92
s_02AKA-5 | 25.3 81 7.9 25 0.5130 0.7036 18.29 15.48 37.90
s KH14 | n.d. 75 nd. 23 0.5130 0.7036 n.d. n.d. n.d.
s_KH11 | n.d. 82 nd. 25 0.5130 0.7036 n.d. n.d. n.d.
s C-70 | n.d. 10.2 nd. n.d. 0.5130 0.7036 18.21 15.46 37.83
s_MG1 | n.d. 10.0 nd. 3.2 0.5130 0.7037 18.22 15.47 37.86
s MG1B | n.d. 116 11.1 4.0 0.5130 0.7036 n.d. n.d. n.d.
s_MG3B | n.d. 75 75 24 0.5130 0.7036 n.d. n.d. n.d.
s 02AMK-3 | 22.4 73 69 21 0.5130 0.7035 18.41 15.48 37.99
s_02AMK-13 | 22.5 70 67 19 0.5130 0.7035 18.41 15.48 37.98
s 02AMK-7 | 36.1 97 90 24 0.5130 0.7035 18.38 15.48 37.97
s_02AMK-2 | 19.1 66 65 20 0.5130 0.7036 18.42 15.49 38.01
s_MU-16 | 21.5 6.8 nd. 20 0.5130 0.7035 18.36 15.46 37.92
s_MU-5 | 23.7 81 nd. 24 0.5130 0.7035 18.42 15.47 38.01
s_C-78 | n.d. nd. nd. nd. n.d. n.d. 18.42 15.47 38.00
s_R164-1.55/
s R164 | 20.6 79 81 24 n.d. 0.7035 18.38 15.48 37.97
s_R160-5.75 /
s R160 | 18.9 74 77 23 n.d. n.d. 18.42 15.48 38.00
s_R166-5.25/
s_R166(WC) /
s_R166 | 20.3 74 75 22 n.d. 0.7035 18.41 15.48 37.98
s_R167-1.30/
s _R167 | 21.2 75 nd. 23 n.d. 0.7035 18.41 15.48 37.99
s_R177-2.60/
s R177 | 26.1 104 106 2.8 n.d. n.d. 18.44 15.48 38.02
s_HK-58 | 25.8 6.8 nd. 13 n.d. 0.7031 18.18 15.45 37.75
s_H85-22 | 30.7 78 nd. 21 0.5131 0.7033 18.29 15.46 37.90
s_H85-23 | 30.8 77 nd. 22 0.5130 0.7032 n.d. n.d. n.d.
s _H85-7 | 25.5 82 nd 21 0.5130 0.7035 n.d. n.d. n.d.
s_H85-8 | 24.7 80 nd. 22 0.5130 0.7034 n.d. n.d. n.d.
s_H85-10 | 24.9 80 nd. 21 0.5130 0.7034 18.34 15.48 37.97
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Table S6b. Trace element data (ppm) and radiogenic isotopic data of alkali lavas Hawai’ian (GEOROC;

http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. LA SM  GD YB Nd/¥Nd  87Sr/86Sr  206ph/204pp  207ph/204ply  208ph /204p
s_H85-14 | 27.7 81 nd. 20 0.5131 0.7034 n.d. n.d. n.d.
s_H85-15 | 245 73 nd. 21 0.5130 0.7034 n.d. n.d. n.d.
s_H85-21 | 25.4 6.9 n.d. 1.9 0.5131 0.7033 n.d. n.d. n.d.

s_H65-4 | 25.9 6.9 nd. 1.9 0.5130 0.7033 18.36 15.47 37.99
s_HK-50 | 27.4 77 nd. 15 n.d. 0.7031 18.27 15.50 37.93
s_HK-36 | 28.9 79 nd. 20 n.d. 0.7032 18.32 15.47 3791
s_HK-29 | 38.1 99 nd. 26 n.d. 0.7033 18.40 15.51 38.08
s_HK-46 | 36.9 95 nd. 25 n.d. 0.7032 18.34 15.47 37.94
s_HK-1 | 29.6 9.1 n.d. 2.5 n.d. 0.7034 18.32 15.49 37.96
s_H85-33 | 39.5 9.2 nd. 23 0.5130 0.7032 n.d. n.d. n.d.
s_H85-11 | 39.6 11.1 n.d. 2.8 0.5130 0.7034 n.d. n.d. n.d.
s_H85-13 | 32.6 103 nd. 2.7 0.5131 0.7033 n.d. n.d. n.d.
s_H85-12 | 32.9 10.0 nd. 26 0.5130 0.7034 n.d. n.d. n.d.
s_H85-1 | 27.7 9.3 n.d. 2.7 0.5130 0.7034 18.36 15.49 38.01
s_HK-31 | 35.4 9.6 nd. 23 n.d. 0.7032 18.31 15.47 37.93
s_HK-45 | 33.3 9.2 n.d. 2.4 n.d. 0.7033 18.33 15.51 38.02
s_C-124 | 19.7 8.7 n.d. 2.7 0.5129 0.7037 18.27 15.48 37.99
s_HO-20 | 16.4 73 nd. 23 0.5129 0.7038 n.d. n.d. n.d.
s_HO-14 | 15.5 7.1 nd. 2.3 0.5130 0.7037 n.d. n.d. n.d.
s_HO-19 | 19.3 84 nd. 25 0.5130 0.7038 18.28 15.48 38.00
s_HO-12 | 15.6 6.8 nd. 21 0.5130 0.7036 18.31 15.46 37.93
s_C-126 | 15.4 6.6 nd. 26 0.5130 0.7038 n.d. n.d. n.d.
s_HK-33 | 35.2 9.1 nd. 24 n.d. 0.7033 18.31 15.48 37.94
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Table S7a. Major element data (wt. %) tholeiitic lavas from Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | SIO: TIO2 AL203 FEOT CAO MGO MNO K20 NA20 P20s
s_R185-3.95/s_R185 | 49.25 2.89 13.22 11.59 10.92 7.43 0.18 0.56 2.51 0.31
s_K214-3 | 44.51 1.28 6.89 n.d. 6.07 26.22 0.18 0.17 0.99 0.14

s_S692-13 | 49.60 1.96 12.90 10.26 10.30 9.26 0.15 0.49 2.11 0.23

s_S$692-15 | 49.70 1.89 12.50 10.71 9.91 11.10 0.17 0.35 2.02 0.22

s_S692-14 | 49.40 1.83 12.00 10.80 9.55 12.40 0.17 0.37 1.93 0.21

s_S690-1D | 51.61 2.25 13.67 n.d. 10.58 6.33 0.16 0.63 2.48 0.26

s_K219-9 | 49.48 1.58 9.90 n.d. 8.01 17.95 0.17 0.25 1.70 0.15

s_S690-1B | 48.73 1.59 9.30 n.d. 7.72 19.56 0.15 0.29 1.65 0.14

s_K218-5 | 46.42 1.18 7.15 n.d. 5.96 25.91 0.16 0.23 1.22 0.12

s_K218-1 | 46.30 1.15 6.99 n.d. 5.86 26.33 0.16 0.22 1.19 0.12

s_S690-3A | 51.27 2.22 13.97 11.40 10.49 6.07 0.15 0.66 2.52 0.26

s_S690-3D | 51.73 2.26 13.95 11.37 10.51 6.32 0.16 0.57 2.46 0.27

s_S690-2C | 51.74 2.22 14.02 11.35 10.64 6.47 0.16 0.58 2.46 0.26

s_S690-4B | 51.09 2.16 13.82 11.00 10.56 6.63 0.16 0.55 2.43 0.25

s_S690-8B | 47.64 1.47 8.78 10.58 7.22 20.57 0.17 0.33 1.40 0.13

s_S690-7A | 50.04 1.87 11.35 10.64 9.24 13.34 0.16 0.32 1.90 0.17

s_S690-8A | 47.98 1.50 9.07 10.53 7.44 20.01 0.15 0.28 1.53 0.14

s_S690-6A | 47.38 1.37 8.17 10.48 6.74 22.94 0.16 0.29 1.32 0.12
s_K219-R2/s_K219-2 | 49.61 1.75 9.93 10.70 8.26 17.57 0.16 0.31 1.71 0.16
s_K218-R14 | 46.90 1.26 7.69 10.50 6.39 24.25 0.16 0.22 1.29 0.13
s_K218-13/s_K218-R13 | 46.68 1.22 7.39 10.50 6.15 25.20 0.16 0.21 1.23 0.12
s_K219-R3/s_K219-3 | 52.50 2.19 14.40 10.00 10.97 6.22 0.16 0.34 2.33 0.22
s_K218-R7 /s_K218-7 | 51.90 2.27 14.10 10.70 10.82 6.22 0.17 0.39 2.28 0.25
s_K218-R12/s_K218-12 | 51.70 2.23 14.10 10.70 10.84 6.39 0.17 0.38 2.26 0.24
s_K218-R9A /s_K218-9A | 51.90 2.20 14.10 10.60 10.90 6.39 0.16 0.38 2.27 0.24
s_K218-R8/s_K218-8 | 52.00 2.20 14.20 10.60 10.93 6.40 0.16 0.37 2.29 0.25
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Table S7b. Major element data (wt. %) tholeiitic lavas from Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | SIO. TIO2 AL203 FEOT CAO MGO MNO K20 NA-2O P20s
s_K218-R2A/s_K218-2A | 51.80 2.30 14.20 10.60 10.83 6.42 0.17 0.39 2.29 0.24
s_K219-R8/s_K219-8 | 52.30 2.18 14.30 10.10 10.85 6.81 0.16 0.32 2.32 0.21
s_K219-R7/s_K219-7 | 52.40 2.16 14.40 10.10 10.83 6.92 0.17 0.32 2.20 0.22
s_K219-R5/s_K219-5 | 52.20 2.10 14.20 10.20 10.72 7.21 0.17 0.31 2.24 0.21
s_K219-R1/s_K219-1 | 51.90 2.24 13.70 10.60 10.66 7.45 0.17 0.34 2.19 0.22
s_S507-1B | 49.54 1.84 12.00 11.44 9.80 11.06 0.15 0.29 1.91 0.17
s_S507-5B | 46.20 1.36 8.09 11.48 6.75 22.54 0.15 0.20 1.23 0.12

s_ML-52 | 51.34 2.11 13.72 10.64 10.24 7.33 0.16 0.44 2.12 0.26

s_ML-126 | 51.58 2.10 13.77 11.10 10.61 6.50 0.17 0.39 2.29 0.23

s_HW35 | 51.75 2.20 13.81 n.d. 10.57 6.81 0.17 0.47 2.41 0.27

s_HW33 | 52.03 2.07 13.81 n.d. 10.65 7.02 0.17 0.42 2.28 0.24

s_HW32 | 52.01 2.11 13.70 n.d. 10.67 7.20 0.17 0.37 2.30 0.22

s_HW31 | 51.87 2.10 13.69 n.d. 10.65 7.25 0.17 0.37 2.28 0.22

s_HW34 | 50.57 2.05 12.81 n.d. 10.02 9.58 0.17 0.40 2.15 0.23

s_HW30 | 49.76 1.88 10.96 n.d. 8.75 14.80 0.17 0.32 1.83 0.18

s_NE-45 | 51.88 2.23 13.68 10.85 10.37 6.31 0.17 0.47 2.57 0.27

s_L77-44 | 52.09 2.31 13.71 10.63 10.64 6.75 0.17 0.37 2.17 0.24

s_L00-520 | 51.89 2.05 13.74 10.79 10.55 6.85 0.18 0.38 2.29 0.23

s_L00-521 | 51.89 2.04 13.70 10.75 10.41 6.95 0.17 0.40 2.35 0.24

s_NE-19 | 52.31 2.14 14.09 10.30 10.67 6.96 0.17 0.44 2.18 0.28

s_L87-93A | 51.51 2.05 13.74 10.99 10.28 7.05 0.17 0.40 2.18 0.25

s_NE-30 | 51.66 2.10 13.21 10.73 9.82 8.04 0.17 0.44 1.97 0.27

s_L80-90 | 51.52 2.01 13.12 10.55 10.26 8.51 0.17 0.45 2.10 0.26

s_L93-231 | 51.20 2.17 12.85 10.84 9.75 9.04 0.17 0.48 2.11 0.29

s_L88-29 | 50.35 1.98 12.08 10.82 9.59 11.26 0.17 0.30 2.09 0.19
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Table S7c. Major element data (wt. %) tholeiitic lavas from Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | SIO. TIO: AL,O3 FEOT CAO MGO MNO K20 NA20 P20s
s_L00-05 | 50.54 1.92 11.98 10.81 9.46 11.80 0.17 0.30 1.93 0.20

s_SW-70 | 51.52 191 12.74 10.74 9.64 9.33 0.16 0.41 2.35 0.25
s_ML-07-KWWS-92/s_ML-07 | 51.40 2.06 13.32 12.21 10.35 8.53 0.17 0.41 2.24 0.24
s_ML-61-KWWS-92 /s_ML-61 | 51.37 2.09 13.45 12.28 10.53 7.13 0.17 0.38 2.36 0.22
s_M27-11 | 51.60 2.45 13.40 11.54 10.75 6.25 0.17 0.44 2.41 0.28

s_ML-83 | 50.97 2.04 12.71 10.87 9.96 9.18 0.16 0.40 2.09 0.24

s 36/s_KAH36 | 51.44 2.09 14.24 10.39 11.14 7.25 0.17 0.25 2.39 0.24

s 61/s_KAH6 | 52.97 2.35 14.56 10.72 7.36 6.13 0.40 1.63 3.27 0.54

s 62/s_KAH62 | 51.49 2.45 14.93 10.99 7.32 6.74 0.16 1.38 3.27 0.47
s_114/s_KAH 114 | 52.88 2.48 13.53 11.42 10.13 6.14 0.19 0.52 2.43 0.32
s_113/s_KAH 113 | 52.65 2.21 13.92 10.59 10.68 6.62 0.16 0.39 2.31 0.23
s 39 /s_KAH 39 | 51.79 2.75 14.71 10.99 9.58 5.60 0.16 0.80 3.11 0.37
s_111/s_KAH 111 | 51.29 2.71 14.86 10.80 9.38 5.65 0.16 0.75 3.04 0.34
s_KW-14 | 51.96 2.47 1491 10.50 7.22 5.93 0.16 1.38 3.55 0.49
s_50/s_KAH50 | 51.73 2.81 13.52 11.95 9.47 5.43 0.17 0.71 3.00 0.29
s_127 /s_KAH 127 | 52.09 2.39 14.78 10.45 10.48 6.20 0.16 0.52 2.60 0.27
s_41/s_KAH 41 | 51.22 2.51 14.53 10.88 10.22 6.48 0.17 0.30 2.63 0.28
s_N44 /s KAH N44 | 51.80 2.74 13.78 11.85 9.45 6.88 0.16 0.39 2.48 0.26
s_158/s_KAH 158 | 51.37 2.56 14.08 11.64 9.51 6.99 0.17 0.45 2.63 0.26
s_159/s_KAH 159 | 51.25 2.53 13.86 11.53 9.65 7.02 0.17 0.48 244 0.27
s_126/s_KAH 126 | 51.49 1.78 13.08 11.14 9.41 10.44 0.17 0.33 2.23 0.21
s_125/s_KAH 125 | 51.37 1.83 13.07 11.38 9.16 10.63 0.17 0.34 2.22 0.19
s_KW-1 | 50.75 2.44 14.09 11.76 10.28 6.82 0.18 0.31 2.45 0.21

s_KW-5 | 49.35 2.53 14.44 11.33 11.13 7.52 0.17 0.28 2.54 0.23
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Table S7d. Major element data (wt. %) tholeiitic lavas from Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | SIO2 TIO2 AL:0Os FEOT CAO MGO MNO K20 NA,O P20s

s_KW-25 | 49.69 1.84 10.75 11.87 8.38 15.27 0.17 0.34 1.83 0.19

s_KW-19 | 50.25 2,51 14.09 11.10 9.94 6.13 0.17 0.56 2.62 0.33

s_KW-23 | 49.98 1.77 12.04 12.42 8.50 11.15 0.18 0.39 2.18 0.24

s_0X078 | 51.46 2.28 15.00 10.70 9.70 5.40 0.17 0.41 2.47 0.26

s_0X067 | 51.21 2.38 14.30 10.70 9.90 6.90 0.19 0.47 2.42 0.28

s_0X068 | 50.64 2.22 14.50 10.80 9.50 7.60 0.19 0.35 2.25 0.25

s_0X069 | 50.19 1.76 14.60 10.30 9.00 8.50 0.18 0.32 2.36 0.20

s_88/s_KSDPUNIT 88/ s_KSDP UNIT 88 | 48.89 1.80 12.60 11.21 8.19 13.02 0.26 0.19 2.03 0.17
s_27/s_KSDPUNIT 27 / s_KSDP UNIT 27 | 51.76 2.22 14.09 10.20 10.55 6.88 0.17 0.32 2.35 0.24
s_41/s_KSDPUNIT 41/ s_KSDP UNIT 41 | 50.63 2.39 13.41 11.10 10.72 7.38 0.18 0.32 2.34 0.23
s_34 /s_KSDPUNIT 34 /s_KSDP UNIT 34 | 50.48 2.14 12.96 10.91 10.07 9.64 0.18 0.28 2.22 0.20
s_38/s_KSDPUNIT 38 /s_KSDP UNIT 38 | 51.21 2.32 13.50 10.90 10.59 7.60 0.18 0.31 2.23 0.22
s_68/s_KSDPUNIT 68/ s_KSDP UNIT 68 | 50.80 1.98 12.84 10.52 9.39 10.09 0.17 0.26 2.48 0.18
s_76/s_KSDPUNIT 76 / s_KSDP UNIT 76 | 48.66 2.32 13.25 11.19 10.68 9.62 0.19 0.18 2.34 0.12
s_1/s_KSDPUNIT1/s_KSDP UNIT1 | 49.34 1.59 11.32 10.55 8.20 15.42 0.17 0.27 1.94 0.18
s_9/s_KSDPUNIT9 /s_KSDP UNIT9 | 52.60 1.70 13.22 10.20 9.18 9.19 0.17 0.26 2.38 0.17
s_57 /s_KSDPUNIT 57/ s_KSDP UNIT 57 | 51.05 2.35 13.77 10.70 10.60 7.37 0.18 0.36 244 0.23
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Table S7e. Major element data (wt. %) tholeiitic lavas from Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | SIO2 TIO2  AL:Os  FEOr CAO MGO MNO KO0 NA.O P20s

s_54 /s_KSDPUNIT 54/s_KSDP UNIT54 | 51.25 240 13.78 10.62 10.72 6.95 0.18 0.0 2.53 0.25
s_24 /s_KSDPUNIT 24 /s_KSDP UNIT24 | 52.20 2.13 13.74 1047 10.05 7.18 0.17 037 2.42 0.23
s_6 /s_KSDPUNIT6/s_KSDP UNIT6 | 50.14 1.54 11.22 10.37 7.87 15.07 0.16 0.29 1.89 0.18
s_49 /s_KSDPUNIT49 /s_KSDP UNIT49 | 51.25 2.18 13.62 10.61 10.65 7.41 0.18 034 2.47 0.21
s_46/s_KSDPUNIT 46/s_KSDP UNIT46 | 51.36 2.26 13.61 10.51 10.44 7.58 0.17 0.38 2.43 0.23
s_62/s_KSDPUNIT 62 /s_KSDP UNIT 62 | 50.93 2.23 1298 10.77 10.23 8.68 0.18 0.38 2.33 0.23
s_8/s_KSDPUNIT8 /s_KSDP UNIT8 | 50.40 1.97 12.08 10.67 9.25 1153 0.17 0.38 2.11 0.23
s_61/s_KSDPUNIT 61 /s_KSDP UNIT61 | 51.27 229 13.79 10.54 10.23 7.34 0.17 042 2.57 0.25
s_17/ s_KSDPUNIT 17/ s_KSDP UNIT 17 | 50.97 230 13.75 10.84 1049 7.1 0.17 042 2.23 0.25
s_74/s_KSDPUNIT 74 /s_KSDP UNIT 74 | 52.15 2.14 1395 10.29 1033 7.23 0.17 031 2.25 0.18
s_51/s_KSDPUNIT51s_KSDP UNIT51 | 51.45 225 13.77 1047 1040 7.56 0.17 0.36 2.31 0.20
s_15/s_KSDPUNIT 15 /s_KSDP UNIT 15 | 50.97 2.02 12.86 11.05 9.62 9.49 0.17 0.0 2.20 0.22
s_66/s_KSDPUNIT 66 /s_KSDP UNIT66 | 51.23 2.09 13.03 10.33 9.92 8.60 0.17 042 2.46 0.22
s_20/s_KSDPUNIT 20 /s_KSDP UNIT20 | 49.13 194 1147 11.05 8.95 1366 0.17 0.44 1.85 0.22
s_71/s_KSDPUNIT 71 /s_KSDP UNIT71 | 51.97 2.06 13.71 10.40 10.02 8.17 0.18 031 2.17 0.15
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Table S8a. Trace element data (ppm) and radiogenic isotopic data of tholeiitic lavas Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | LA SM GD YB 143Nd/*Nd 875r/86Sr  206pp/204pp  207pp204pp  208pfy /204pp
s R185-3.95/s R185 | 148 6.5 nd. 22 05130 0.7035 18.43 15.49 38.01
s_K214-3 | n.d. nd. nd. nd. 05130 0.7037 18.70 15.50 38.29
s $692-13 | 11.0 nd. nd. nd. 05129 0.7038 18.20 15.45 37.98
s $692-15 | 11.0 nd. nd. nd. 05129 0.7038 18.20 15.45 37.98
s $692-14 | 10.0 nd. nd. nd. 0.5129 0.7038 18.20 15.45 37.98
s_S690-1D | n.d. nd. nd. nd. 05129 0.7038 18.11 15.46 37.90
s_K219-9 | n.d. nd. nd. nd. 05129 0.7037 18.18 15.46 37.95
s_S690-1B | n.d. nd. nd. nd. 05129 0.7037 18.23 15.46 37.99
s _K218-5 | n.d. nd. nd. nd. 05129 0.7037 18.09 15.45 37.84
s K218-1 | n.d. nd. nd. nd. 05129 0.7038 18.08 15.45 37.84
s.S690-3A | 139 61 61 2.7  0.5129 0.7038 18.10 15.45 37.85
s _$690-3D | n.d. nd. nd. nd. 05128 0.7038 18.10 15.46 37.89
5. S690-2C | 13.5 6.0 6.2 2.7 05129 0.7038 18.10 15.46 37.88
s_S690-4B | n.d. nd. nd. nd 05128 0.7038 18.10 15.46 37.87
s_S690-8B | n.d. nd. nd. nd. 05129 0.7037 18.26 15.48 38.08
s_S690-7A | 7.6 42 42 1.8  0.5129 0.7037 18.17 15.46 37.95
s_S690-8A | 8.0 48 51 22 05129 0.7037 18.33 15.50 38.17
s_S690-6A | n.d. nd. nd. nd. 05129 0.7037 18.16 15.45 37.93
s _K219-R2/s_K219-2 | n.d. nd. nd. nd. 05129 0.7037 18.24 15.46 37.98
s_K218-R14 | n.d. nd. nd. nd. 05129 0.7037 18.09 15.45 37.84
s_K218-13/s_K218-R13 | n.d. nd. nd. nd. 05129 0.7037 18.13 15.47 37.90
s_K219-R3/s_K219-3 | n.d. nd. nd. nd. 05129 0.7037 18.17 15.45 37.92
s_K218-R7/s_K218-7 | n.d. nd. nd. nd. 05129 0.7037 18.09 15.45 37.84
s_K218-R12/s_K218-12 | n.d. nd. nd. nd 05129 0.7037 18.09 15.46 37.84
s_K218-R9A /s_K218-9A | n.d. nd. nd. nd. 05129 0.7037 18.09 15.45 37.84
s_K218-R8/s_K218-8 | n.d. nd. nd. nd. 05129 0.7037 18.09 15.45 37.84
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Table S8b. Trace element data (ppm) and radiogenic isotopic data of tholeiitic lavas Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | LA SM GD YB 143Nd/*Nd 875y /86Sr 206pf, /204p, 207pp /204pp 208pp /204p},

s_K218-R2A/s_K218-2A | n.d. n.d. n.d. n.d. 0.5129 0.7037 18.09 15.46 37.84

s_K219-R8/s_K219-8 | n.d. n.d. n.d. n.d. 0.5129 0.7037 18.17 15.45 37.92

s_K219-R7/s_K219-7 | n.d. n.d. n.d. n.d. n.d. 0.7037 18.16 15.45 37.92
s_K219-R5/s_K219-5 | n.d. n.d. n.d. n.d. 0.5129 0.7037 n.d. n.d. n.d.

s_K219-R1/s_K219-1 | n.d. n.d. n.d. n.d. 0.5129 0.7037 18.25 15.45 37.97

s_S507-1B | 6.9 3.8 4.6 1.8 0.5129 0.7037 18.20 15.47 38.00

s_S507-5B | 5.3 2.9 3.5 13 0.5129 0.7037 18.24 15.47 38.02

s_ML-52 | 10.3 5.0 n.d. 1.9 0.5129 0.7039 18.09 15.47 37.88

s_ML-126 | 9.1 n.d. n.d. n.d. 0.5129 0.7039 18.08 15.46 37.86

s_HW35 | 9.8 4.7 5.0 2.0 0.5128 0.7039 18.07 15.46 37.87

s_HW33 | 9.1 4.6 4.9 2.1 0.5128 0.7039 18.08 15.46 37.88

s_HW32 | 8.1 4.4 4.8 2.0 0.5129 0.7038 18.11 15.46 37.85

s_HW31 | 79 4.4 4.7 2.0 0.5129 0.7038 18.10 15.46 37.86

s_HW34 | 8.7 4.7 4.9 2.0 0.5129 0.7038 18.10 15.46 37.85

s_HW30 | 7.1 3.9 4.3 1.8 0.5129 0.7038 18.28 15.48 37.98

s_NE-45 | n.d. n.d. n.d. n.d. 0.5128 0.7039 18.08 15.46 37.90

s_L77-44 | n.d. n.d. n.d. n.d. 0.5129 0.7037 18.19 15.47 37.88

s_L00-520 | n.d. n.d. n.d. n.d. 0.5129 0.7039 18.10 15.46 37.88

s_L00-521 | n.d. n.d. n.d. n.d. 0.5129 0.7039 18.08 15.46 37.88

s_NE-19 | n.d. n.d. n.d. n.d. 0.5128 0.7039 18.09 15.46 37.91

s_L87-93A | n.d. n.d. n.d. n.d. 0.5129 0.7039 18.09 15.46 37.88

s_NE-30 | n.d. n.d. n.d. n.d. 0.5128 0.7039 18.09 15.46 37.92

s_L80-90 | n.d. n.d. n.d. n.d. 0.5128 0.7040 18.09 15.47 37.89

s_193-231 | n.d. n.d. n.d. n.d. 0.5128 0.7039 18.12 15.47 37.91

s_L88-29 | n.d. n.d. n.d. n.d. 0.5130 0.7037 18.25 15.46 37.92
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Table S8c. Trace element data (ppm) and radiogenic isotopic data of tholeiitic lavas Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | LA SM GD YB 143Nd/*Nd 875y /86Sr 206p, /204p 207pp /204phy 208p, /204p

s_L00-05 | n.d. n.d. n.d. n.d. 0.5130 0.7037 18.25 15.46 37.92

s_SW-70 | n.d. n.d. n.d. n.d. 0.5128 0.7040 18.11 15.46 37.95
s_ML-07-KWWS-92 /s_ML-07 | 10.2 4.7 5.3 1.9 0.5129 0.7036 n.d. n.d. n.d.
s_ML-61-KWWS-92 /s_ML-61 | 7.7 4.8 6.0 2.2 0.5129 0.7038 n.d. n.d. n.d.

s_M27-11 | 9.0 4.9 5.7 2.1 0.5129 0.7038 18.14 15.46 37.87

s_ML-83 | 9.1 4.9 n.d. 1.9 0.5129 0.7039 18.12 15.46 37.88

s 36/s_KAH36 | 9.8 4.6 5.1 2.0 0.5128 0.7042 17.99 15.43 37.79

s 61/s_KAH6 | 42.9 15.6 n.d. 6.9 0.5128 0.7041 18.03 15.47 37.80

s 62 /s KAHG62 | 124.0 80.0 n.d. 26.6 0.5128 0.7041 18.03 15.47 37.79

s 114 /s _KAH 114 | 39.7 14.4 n.d. 5.7 0.5129 0.7039 18.31 15.47 38.03

s 113 /s KAH 113 | 11.8 5.2 n.d. 2.2 0.5129 0.7038 18.31 15.47 38.04

s 39/s KAH39 | 31.5 11.3 n.d. 4.4 0.5129 0.7037 18.27 15.47 37.99

s 111/s_KAH 111 | 55.7 16.7 n.d. 9.9 0.5129 0.7037 18.26 15.47 37.97

s KW-14 | 51.1 13.4 n.d. 5.4 0.5129 0.7040 18.03 15.47 37.77

s 50/s _KAH50 | 13.7 5.5 n.d. 2.1 0.5128 0.7042 17.95 15.45 37.83

s 127 /s _KAH 127 | 30.3 10.1 n.d. 4.4 0.5129 0.7040 18.16 15.46 37.95

s 41/s_KAH41 | n.d. n.d. n.d. n.d. 0.5129 0.7040 18.15 15.46 37.94

s N44 /s KAH N44 | 18.6 5.6 n.d. 2.0 0.5129 0.7038 18.19 15.46 37.97

s 158 /s_KAH 158 | n.d. n.d. n.d. n.d. 0.5129 0.7038 18.23 15.46 37.99

s 159 /s_KAH 159 | 13.5 5.9 n.d. 2.4 0.5129 0.7039 18.25 15.46 38.01

s_126/s_KAH 126 | 13.9 5.5 n.d. 2.0 0.5128 0.7039 18.02 15.45 37.83

s_125/s_KAH 125 | 8.1 4.4 n.d. 2.0 0.5129 0.7040 18.01 15.44 37.82

s KW-1|9.5 4.7 n.d. 2.0 0.5128 0.7041 17.95 15.45 37.81

s_KW-5 | 10.9 5.3 n.d. 1.9 0.5129 0.7038 18.37 15.46 38.03
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Table S8d. Trace element data (ppm) and radiogenic isotopic data of tholeiitic lavas Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | LA SM GD YB 143N g/144Nd 875y /8651 206p|y /204py, 207ppy /204py, 208ppy /204py,

s_KW-25 | 7.6 3.9 n.d. 1.7 0.5128 0.7042 18.05 15.43 37.79
s_KW-19 | 13.7 6.4 n.d. 2.6 0.5127 0.7044 17.95 15.45 37.84
s_KW-23 | 9.7 5.2 n.d. 2.5 0.5129 0.7041 18.04 15.43 37.80
s_0X078 | 12.8 6.5 n.d. 2.3 0.5128 0.7042 17.71 15.43 37.74
s_0X067 | 12.1 5.8 n.d. 2.1 0.5127 0.7042 17.85 15.42 37.70
s_0X068 | 9.4 5.4 n.d. 2.0 0.5128 0.7041 17.87 15.44 37.70
s_0X069 | 7.5 45 n.d. 1.8 0.5127 0.7044 17.89 15.43 37.74

s_88/s_KSDPUNIT 88/ s_KSDP
UNIT 88 | 8.7 3.9 4.2 1.6 n.d. n.d. 18.02 15.44 37.90

s_27/'s_KSDPUNIT 27 /'s_KSDP
UNIT 27 | 10.4 5.3 5.7 2.0 n.d. 0.7038 18.04 15.45 37.83

s_41/s_KSDPUNIT 41/ s_KSDP
UNIT41 | 10.6 5.6 6.0 2.2 n.d. 0.7036 18.15 15.46 37.87

s_34/s_KSDPUNIT 34 / s_KSDP
UNIT34 | 8.8 4.8 5.2 1.9 n.d. n.d. 18.09 15.45 37.83

s_38/s_KSDPUNIT 38 /s_KSDP
UNIT38 | 9.9 5.2 5.6 2.1 n.d. n.d. 18.12 15.46 37.85

s_68/ s_KSDPUNIT 68/ s_KSDP
UNIT68 | 8.8 45 5.0 1.8 n.d. 0.7039 18.03 15.45 37.84

s_76/s_KSDPUNIT 76 / s_KSDP
UNIT76 | 8.7 5.1 5.4 1.8 n.d. n.d. 18.13 15.45 37.81

s_1/s_KSDPUNIT 1/s_KSDP UNIT
1172 3.6 3.9 1.5 n.d. 0.7038 18.02 15.45 37.83

s_9/s_KSDPUNIT9/s_KSDP UNIT
9|70 4.0 4.4 1.8 n.d. 0.7039 18.00 15.45 37.83

s_57/'s_KSDPUNIT 57/ s_KSDP
UNIT57 | 11.1 5.5 5.7 2.0 n.d. 0.7037 18.10 15.46 37.86
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Table S8e. Trace element data (ppm) and radiogenic isotopic data of tholeiitic lavas Hawai’ian (GEOROC; http://georoc.mpch-mainz.gwdg.de/georoc/).

Sample No. | LA SM GD YB 143N g /144Nd 875y /865r 206p|y /204py, 207ppy /204py, 208ppy /204py,

s_54 /s_KSDPUNIT 54/ s_KSDP
UNIT54 | 11.9 5.5 5.8 2.0 n.d. n.d. 18.07 15.45 37.84

s_24 /s_KSDPUNIT 24 /s_KSDP
UNIT24 | 9.6 5.0 5.4 1.9 n.d. 0.7038 18.09 15.46 37.85

s_6 /s_KSDPUNIT 6 /s_KSDP
UNIT6 | 6.8 3.7 3.9 1.4 n.d. n.d. 18.01 15.45 37.82

s_49/s_KSDPUNIT 49 / s_KSDP
UNIT49 | 9.0 4.8 5.2 1.9 n.d. 0.7037 18.11 15.45 37.85

s_46/s_KSDPUNIT 46/ s_KSDP
UNIT 46 | 10.0 5.1 5.4 1.9 n.d. 0.7037 18.02 15.45 37.82

s_62/'s_KSDPUNIT 62 / s_KSDP
UNIT62 | 9.6 4.7 5.0 1.9 n.d. n.d. 18.06 15.45 37.84

s_8/s_KSDPUNIT 8 /s_KSDP UNIT
8|88 4.6 5.0 1.8 n.d. n.d. 18.01 15.45 37.78

s_61/s_KSDPUNIT 61/s_KSDP
UNIT61 | 10.9 5.2 5.6 2.1 n.d. n.d. 18.08 15.45 37.85

s_17/ s_KSDPUNIT 17/ s_KSDP
UNIT17 | 10.2 5.1 5.5 2.0 n.d. n.d. 18.07 15.45 37.83

s_74/s_KSDPUNIT 74 / s_KSDP
UNIT74 | 9.2 4.8 5.2 1.9 n.d. n.d. 18.03 15.45 37.84

s_51/s_KSDPUNIT 51 s_KSDP
UNIT51 | 9.8 5.1 5.5 2.0 n.d. 0.7037 18.05 15.45 37.82

s_15/s_KSDPUNIT 15 /s_KSDP
UNIT15 | 9.3 4.6 5.0 1.9 n.d. n.d. 18.07 15.46 37.84

s_66/s_KSDPUNIT 66 / s_KSDP
UNIT66 | 9.2 4.7 5.1 1.9 n.d. n.d. 18.04 15.45 37.82

s_20/s_KSDPUNIT 20/ s_KSDP
UNIT20 | 9.7 4.6 4.8 1.7 n.d. n.d. 18.07 15.46 37.82

s_71/s_KSDPUNIT 71/ s_KSDP
UNIT71 | 9.6 4.9 5.4 1.8 n.d. 0.7038 18.07 15.45 37.85
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1. Research data

Table S9. Major element data in wt. % of alkali lavas from the Tasmantid Seamounts.

Derwent- Mellish unnamed unnamed Derwent-
Seamount | Gascoyne  Taupo Taupo Taupo Hunter Queensland Seamount seamount seamount Hunter
274DR22 274DR36 274DR41

Sample No. 65810* 65839* 85175" 85176* 65835* 85162* A3 B1 E1l 85183*
Longitude

(East) 156.23 156.23 156.23 156.23 156.23 155.16 155.76 156.01 155.63 156.23
Latitude

(South) -36.65 -32.98 -32.98 -32.98 -30.93 -27.61 -17.60 -19.46 -18.18 -30.93

SiO2 46.17 50.08 45.86  46.39 47.73 n.d. 45.17 47.51 46.68 49.09

TiO2 1.87 3.04 2.81 2.70 3.46 n.d. 2.83 2.87 2.49 2.33

Al203 13.91 1498 15.14 14.62 15.15 n.d. 14.91 15.94 14.70 16.50

Fe203 1191 11.97 11.93 11.48 11.26 n.d. 12.62 12.01 13.13 8.58

MnO 0.16 0.15 0.14 0.13 0.13 n.d. 0.13 0.15 0.12 0.10

MgO 11.04 4.84 6.76 8.19 4.87 n.d. 6.67 4.71 6.39 4.54

Ca0 9.41 7.61 8.17 8.01 9.35 n.d. 7.96 10.01 8.88 10.24

Na20 3.12 3.93 3.36 3.30 3.28 n.d. 2.90 3.25 3.08 3.55

K20 0.33 1.23 1.17 1.07 1.15 n.d. 1.48 1.03 0.51 1.08

P205 0.77 0.59 0.78 0.73 1.64 n.d. 0.68 0.46 0.47 0.69

L.O.l. 1.34 1.22 3.68 3.79 1.84 n.d. 4.11 2.00 3.32 3.30

Ti8 3.23 1.29 211 2.81 1.49 n.d. 2.08 1.17 1.70 0.89
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Table S10. Major element data in wt. % of tholeiitic lavas from the Tasmantid Seamounts.

Derwent- unnamed unnamed

Seamount | Gascoyne Gascoyne Gascoyne Gascoyne Gascoyne Gascoyne Taupo Hunter Britannia Queensland seamount seamount
TMD10-01 274DR13 274DR41

Sample No. 65808* 65809* 65811* 65821* 85169° 85170" 85174A* 65828* 68644 * A4# Al M1
Longitude (East) 156.23 156.23 156.23 156.23 156.23 156.23 156.29 156.23 155.45 155.15 157.49 155.63
Latitude (South) -36.65 -36.65 -36.65 -36.65 -36.65 -36.65 -33.1 -30.93 -28.63 -27.695 -16.85 -18.18
SiO2 49.67 49.67 50.25 48.85 49.40 51.39 51.01 50.32 51.48 49.33 48.58 50.2

TiO2 1.89 1.89 1.72 1.84 2.46 2.27 294 1.80 1.31 2.00 1.98 1.75

Al203 13.66 13.66 13.46 13.79 13.14 13.74 14.76 13.30 13.90 16.07 15.44 15.31

Fe203 11.13 11.13 10.87 11.57 11.47 11.02 11.78 10.51 11.44 10.28 9.56 10.86

MnO 0.15 0.15 0.15 0.16 0.14 0.13 0.13 0.15 0.14 0.13 0.13 0.14

MgO 10.12 10.12 10.08 11.37 9.73 7.47 4.80 8.99 9.26 6.23 6.37 6.83

CaO 8.44 8.44 8.26 8.70 8.15 7.89 7.05 9.27 8.25 10.33 9.29 9.21

Na20 2.92 2.92 2.77 2.89 2.94 3.16 3.50 2.84 2.80 2.97 3.29 3.15

K20 0.85 0.85 0.75 0.54 1.15 1.18 1.27 0.57 0.44 0.81 0.49 0.50

P20s 0.53 0.53 0.30 0.37 0.49 0.53 0.59 0.28 0.31 0.33 0.28 0.34

L.O.l. 0.50 0.50 0.77 0.56 0.57 0.68 1.98 221 0.39 1.78 3.98 1.70

Ti8 2.82 2.821 2.55 3.35 3.43 2.02 1.23 2.20 1.68 1.31 1.34 1.34
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Table S11a. Trace element data in ppm of alkali lavas from the Tasmantid Seamounts.

Derwent- Mellish unnamed unnamed Derwent-

Seamount | Gascoyne Taupo Taupo Taupo Hunter Queensland Seamount seamount seamount Hunter
Sample 274DR22 274DR36 274DR41

No. 65810* 65839* 85175* 85176* 65835* 85162* A3 Bl E1 85183*

Li 11.57 15.95 23.83 n.d. 21.16 60.46 27.03 6.20 n.d.

Be 0.82 2.09 2.06 n.d. 1.32 1.43 1.29 0.90 n.d.

Sc 21.62 17.00 13.13 9.39 22.00 22.29 32.80 25.57 29.97 22.00

Ti | 10982.76 18461.69 17955.03 n.d. 13855.69 n.d. n.d. n.d. n.d.

\" 184.06 168.00 188.56 172.19 266.00 228.18 299.10 262.70 280.40 202.00

Cr 497.25 83.00 264.68 294.54 49.00 310.58 198.21 89.32 148.80 166.00

Co 79.03 n.d. 40.71 43.32 n.d. 40.46 42.54 46.81 51.08 n.d.

Ni 290.95 76.00 218.73 231.63 59.00 139.54 77.04 80.63 115.37 79.00

Cu 33.77 n.d. 49.55 48.02 n.d. 62.77 40.90 51.99 47.36 37.00

Zn 113.38 n.d. 112.00 104.79 n.d. 109.71 106.20 96.76 104.50 n.d.

Ga 17.52 n.d. 21.33 20.01 n.d. 22.04 21.41 21.93 20.96 n.d.

Se 0.04 n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.

Rb 1.80 20.00 8.23 3.90 34.00 12.18 23.44 20.91 3.27 11.50

Sr 486.27 538.00 775.41 660.10 609.00 549.70 352.46 545.52 323.32 705.00

Y 20.59 30.00 20.09 15.25 37.00 14.84 43.81 31.74 39.39 24.00

Zr 116.95 238.00 291.15 275.76 282.00 148.09 291.79 196.49 189.80 189.00

Nb 15.59 31.00 49.66 46.67 39.00 29.05 24.66 30.95 13.01 23.00

Mo 0.74 n.d. 2.20 1.84 n.d. 1.50 0.95 1.26 0.39 n.d.

Ag 0.03 n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.

Cd 0.07 n.d. 0.11 0.12 n.d. 0.08 0.12 0.11 0.12 n.d.

Sn(2.3/2.1) 1.22 n.d. 3.74 3.14 n.d. 2.98 1.73 1.78 1.25 n.d.

Sb 0.30 n.d. 0.86 0.41 n.d. 0.74 0.21 0.10 -0.01 n.d.

Cs 0.01 n.d. 0.03 0.03 n.d. 0.33 1.65 1.43 0.17 n.d.
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Table S11b. Trace element data in ppm of alkali lavas from the Tasmantid Seamounts.

Derwent- Mellish unnamed unnamed Derwent-
Seamount | Gascoyne Taupo  Taupo  Taupo Hunter Queensland Seamount seamount seamount Hunter
Sample 274DR22 274DR36 274DR41
No. 65810* 65839* 85175* 85176* 65835* 85162* A3 B1 E1 85183*
Ba 119.22  249.00 400.80 366.20 340.00 314.60 381.71 198.00 228.02 349.00
La 13.97 26.30 35.44 30.54 32.60 10.47 29.66 22.65 17.76 21.00
Ce 29.24 51.10 74.00 64.58 71.80 23.44 68.38 50.35 41.23 50.00
Pr 3.96 7.36 9.20 8.01 9.32 3.19 9.04 6.59 5.78 n.d.
Nd 17.74 32.30 37.72 33.01 41.80 14.43 39.05 28.44 26.77 33.00
Sm 4.53 8.20 8.10 7.08 9.64 3.67 8.89 6.64 6.98 n.d.
Eu 1.65 2.84 2.64 2.27 3.41 1.46 2.84 2.30 241 n.d.
Gd 4.60 8.66 6.97 5.92 9.65 3.73 8.89 6.76 7.40 n.d.
Th 0.69 n.d. 0.98 0.81 n.d. 0.58 1.34 1.01 1.15 n.d.
Dy 3.70 6.45 4.61 3.76 7.46 2.96 7.66 5.66 6.72 n.d.
Ho 0.70 n.d. 0.76 0.62 n.d. 0.54 1.52 1.10 1.35 n.d.
Er 1.79 2.71 1.82 1.44 3.75 1.32 4.09 2.85 3.62 n.d.
Yb 1.38 1.89 1.22 0.96 2.73 1.02 3.41 2.24 2.99 n.d.
Lu 0.19 n.d. 0.16 0.13 n.d. 0.15 0.50 0.32 0.43 n.d.
Hf 2.83 n.d. 6.06 5.72 n.d. 3.33 6.36 4.62 4.34 n.d.
Ta 1.06 n.d. 2.96 2.81 n.d. 1.75 1.42 1.90 0.76 n.d.
w 197.28 n.d. 0.52 0.44 n.d. 0.34 n.d. n.d. n.d. n.d.
Ti 0.01 n.d. n.d. n.d. n.d. n.d. 0.04 0.07 0.02 n.d.
Pb 1.54 4.00 2.90 2.69 4.00 2.16 2.91 1.64 2.16 2.50
Th 1.19 2.50 3.59 2.62 2.50 1.10 1.61 2.18 0.83 2.50
U 0.80 n.d. 1.10 0.84 n.d. 0.30 0.30 0.59 0.11 n.d.
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Table S12a. Trace element data in wt. % of tholeiitic lavas from the Tasmantid Seamounts.

Derwent- unnamed  unnamed

Seamount | Gascoyne Gascoyne Gascoyne  Gascoyne Gascoyne  Gascoyne Taupo Hunter Britannia Queensland seamount seamount
Sample TMD10-01  274DR13  274DR41
No. 65808* 65809* 65811* 65821* 85169* 85170* 85174A* 65828* 68644* A4* Al M1

Li 13.77 n.d. 14.87 15.08 8.32 8.85 n.d. 40.87 6.94 17.84 56.01 25.22

Be 1.14 n.d. 0.92 0.97 1.66 1.70 n.d. 0.99 0.70 1.01 0.49 0.62

Sc 20.14 22.00 19.73 20.38 19.61 17.06 17.00 19.55 19.73 28.14 49.01 28.18

Ti 11097.75 n.d. 9922.20 10367.49 15630.98 14737.19 n.d. 11931.93 7877.62 n.d. n.d. n.d.

\" 163.33 174.00 160.65 171.61 189.23 161.58 166.00 187.99 160.66 205.50 293.00 220.60

Cr 434.67 484.00 450.04 486.57 421.41 323.44 83.00 425.02 463.32 253.16 188.46 253.07

Co 108.04 n.d. 68.58 113.45 50.52 44.59 n.d. 68.45 51.54 38.79 43.69 43.39

Ni 285.67 301.00 263.88 291.90 288.38 232.48 78.00 286.57 300.65 111.58 70.74 90.16

Cu 51.44 n.d. 45.61 48.51 61.29 50.79 28.00 52.85 62.53 55.67 203.49 47.72

Zn 114.14 n.d. 107.14 113.16 113.10 113.41 n.d. 111.97 94.52 74.08 85.90 81.67

Ga 18.61 n.d. 18.56 18.41 20.20 20.89 n.d. 18.64 17.86 19.58 19.82 19.07

Se 0.05 n.d. 0.04 0.04 n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.

Rb 13.23 13.50 11.99 6.86 18.50 18.71 21.00 9.37 8.94 15.15 5.77 4.86

Sr 532.24 551.00 425.01 442.87 616.20 576.10 531.00 390.06 272.10 497.28 290.30 367.35

Y 19.64 20.00 18.16 19.32 22.15 21.69 31.00 20.28 17.35 22.30 33.90 26.31

Zr 148.39 149.00 116.44 119.92 216.82 209.62 236.00 123.29 95.72 149.97 131.88 121.95

Nb 16.99 17.00 12.68 14.87 34.16 28.24 29.00 14.09 6.70 19.07 7.00 7.89

Mo 1.12 n.d. 0.96 0.99 1.97 1.74 n.d. 0.90 0.65 0.91 0.27 0.26

Ag 0.15 n.d. 0.03 0.04 n.d. n.d. n.d. n.d. n.d. n.d. n.d. n.d.

Cd 0.06 n.d. 0.06 0.06 0.08 0.09 n.d. 0.08 0.05 0.08 0.07 0.07
Sn(2.3/2.1) 1.50 n.d. 1.18 1.71 2.34 2.53 n.d. 1.38 1.48 1.28 1.11 0.91
Sb 0.08 n.d. 0.05 0.07 0.07 0.09 n.d. 0.05 0.03 0.16 0.31 0.02

Cs 0.32 n.d. 0.31 0.07 0.18 0.19 n.d. 0.30 0.09 0.69 0.27 0.35
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Table S12b. Trace element data in wt. % of tholeiitic lavas from the Tasmantid Seamounts.

Derwent- unnamed  unnamed

Seamount | Gascoyne Gascoyne Gascoyne Gascoyne  Gascoyne Gascoyne Taupo Hunter Britannia Queensland seamount seamount
Sample TMD10-01  274DR13  274DR41
No. 65808* 65809* 65811* 65821* 85169* 85170* 85174A* 65828* 68644 * A4* Al M1
Ba 210.03 207.00 146.03 155.75 288.60 254.70 254.00 110.69 130.18 169.55 61.40 192.64
La 16.01 16.20 11.97 15.24 25.78 23.92 n.d. 11.64 8.25 16.51 8.51 12.55
Ce 35.04 36.60 25.97 28.18 55.44 50.66 n.d. 25.99 18.27 37.46 22.27 28.87
Pr 4.62 4.55 3.49 3.81 7.12 6.58 n.d. 3.56 2.48 4.90 3.44 4.07
Nd 20.21 22.00 15.61 16.88 30.19 27.88 n.d. 16.28 11.54 21.16 17.15 18.90
Sm 4.84 5.01 4.06 4.27 6.85 6.49 n.d. 4.53 3.36 4.99 4.96 4.86
Eu 1.68 1.92 1.48 1.55 2.19 2.13 n.d. 1.61 1.26 1.76 1.76 1.80
Gd 4.64 5.19 4.14 4.32 6.15 6.03 n.d. 4.70 3.80 5.05 5.73 5.15
Tb 0.70 n.d. 0.63 0.66 0.90 0.88 n.d. 0.71 0.61 0.75 0.95 0.79
Dy 3.67 4.08 3.40 3.52 4.47 4.38 n.d. 3.85 3.28 4.18 5.79 4.61
Ho 0.69 n.d. 0.64 0.67 0.79 0.76 n.d. 0.72 0.62 0.80 1.20 0.93
Er 1.73 1.85 1.63 1.69 1.91 1.83 n.d. 1.82 1.60 2.04 3.28 2.50
Yb 1.31 1.38 1.26 1.30 1.40 1.33 n.d. 1.38 1.28 1.61 2.79 2.06
Lu 0.18 n.d. 0.18 0.18 0.19 0.18 n.d. 0.19 0.18 0.23 0.40 0.30
Hf 3.38 n.d. 2.70 2.82 4.65 4.54 n.d. 2.81 2.25 3.55 3.48 2.98
Ta 1.15 n.d. 0.89 1.20 2.03 1.70 n.d. 0.95 0.39 1.19 0.46 0.50
w 248.49 n.d. 199.62 464.97 0.58 0.51 n.d. 158.17 0.18 n.d. n.d. n.d.
Ti 0.04 n.d. 0.04 0.03 n.d. n.d. n.d. 0.06 n.d. 0.05 0.02 0.01
Pb 1.97 2.00 1.56 1.62 2.38 2.30 n.d. 1.82 1.23 1.60 1.12 1.68
Th 1.34 2.00 1.02 1.14 2.46 2.37 n.d. 1.19 0.71 1.52 0.47 0.61
u 0.37 n.d. 0.28 0.43 0.65 0.64 n.d. 0.39 0.18 0.39 0.35 0.12
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Table S13. Major element data in wt. % of alkali lavas from the Tasmantid Seamounts that have been excluded.

unnamed unnamed unnamed Derwent-
Seamount | seamount seamount  seamount Hunter
Sample 274DR41 274DR39 274DR41
No. F2 Al F1° 85177*
SiO2 51.34 47.16 49.89 45.09
TiO2 2.86 2.68 2.81 3.10
Al203 22.63 16.60 22.88 13.71
Fe203 4.21 10.21 4.08 12.84
MnO 0.02 0.10 0.02 0.16
MgO 1.10 2.40 0.74 6.30
Cao 7.50 7.42 8.48 8.38
Na20 4.38 3.53 4.50 2.93
K20 1.14 1.86 0.99 1.51
P20s 0.55 0.90 0.52 0.60
L.O.I. 4.00 6.74 3.84 4.74
Ti8 0.10 0.35 0.05 2.07
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Table S14a. Trace element data in ppm of alkali lavas from the Tasmantid Seamounts that have been excluded.

unnamed unnamed unnamed Derwent-

Seamount | seamount seamount  seamount Hunter
Sample 274DR41 274DR39 274DR41

No. F2 Al F1° 85177*

Li 12.10 32.16 14.28 n.d.

Be 0.75 1.89 0.73 n.d.

Sc 15.92 24.97 23.97 20

Ti n.d. n.d. n.d. n.d.

\Y 252.80 188.60 299.50 299

Cr 313.28 109.90 356.09 465

Co 22.38 29.94 24.19 n.d.

Ni 36.36 47.84 31.52 317

Cu 63.51 43.05 79.82 79

Zn 49.97 122.70 40.60 n.d.

Ga 2591 23.45 29.21 n.d.

Se n.d. n.d. n.d. n.d.

Rb 7.66 29.17 6.65 27

Sr 456.60 543.04 528.47 566

Y 24.33 48.45 28.76 26

Zr 206.40 338.80 207.51 235

Nb 17.40 25.98 17.33 39

Mo 0.69 0.82 0.53 n.d.

Ag n.d. n.d. n.d. n.d.

Cd 0.06 0.15 0.09 n.d.

Sn(2.3/2.1) 1.81 2.23 1.79 n.d.

Sb 0.42 0.55 0.30 n.d.

Cs 0.05 0.73 0.06 n.d.
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Table S14b. Trace element data in ppm of alkali lavas from the Tasmantid Seamounts that have been excluded.

unnamed unnamed unnamed Derwent-
Seamount | seamount seamount  seamount Hunter
Sample 274DR41 274DR39 274DR41
No. F2 Al F1° 85177*
Ba 360.40 381.92 337.31 336
La 20.83 45.06 21.07 28
Ce 46.18 94.08 47.75 67
Pr 6.19 12.29 6.43 n.d.
Nd 26.93 51.57 28.27 38
Sm 6.10 11.02 6.68 n.d.
Eu 2.34 3.44 2.49 n.d.
Gd 5.89 10.71 6.49 n.d.
Tb 0.84 1.52 0.95 n.d.
Dy 4.45 8.33 5.19 n.d.
Ho 0.83 1.61 1.00 n.d.
Er 2.10 4.21 2.55 n.d.
Yb 1.48 3.38 1.89 n.d.
Lu 0.20 0.50 0.26 n.d.
Hf 4.89 7.58 5.08 n.d.
Ta 1.03 1.47 1.00 n.d.
w n.d. n.d. n.d. n.d.
Ti 0.06 0.26 0.03 n.d.
Pb 3.25 4.61 3.14 4
Th 1.53 2.79 1.49 4
U 0.72 0.67 0.46 n.d.
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Table S15. Calculated pressure (P) and temperature (T) as well as major elements (wt. %) of parental magma of alkali lavas from the Tasmantid Seamounts.

Derwent- Derwent- Mellish unnamed unnamed
Seamount | Gascoyne Taupo Taupo Taupo Hunter Hunter Seamount seamount seamount
Sample 274DR22 274-DR36 274DR41
No. 65810* 65839* 85175* 85176* 65835* 85-183* A3 Bl E1
SiO2 46.71 46.09 48.47 46.81 45.94 49.37 45.84 46.52 46.46
TiO2 2.15 1.55 2.00 2.55 2.28 2.00 2.11 2.05 1.80
Al20s 11.66 11.54 10.68 11.15 10.10 14.18 11.12 11.38 10.61
FeO 10.59 10.77 10.40 10.28 11.59 8.37 11.40 10.76 11.61
MnO 0.10 0.13 0.11 0.10 0.12 0.09 0.10 0.11 0.09
MgO 18.26 18.56 17.93 17.68 19.98 12.57 19.63 18.57 20.00
Ca0 6.46 7.86 6.69 6.97 6.27 8.85 6.03 7.23 6.50
Na20 2.63 2.59 2.39 241 2.16 3.05 2.16 2.32 2.22
K20 0.85 0.27 0.93 0.85 1.11 0.93 1.10 0.74 0.37
P20s 0.58 0.64 0.40 1.21 0.44 0.59 0.51 0.33 0.34
T(°C) 1592.00 1612.00 1580.00 1569.00 1561.00 1624.00 1612.00 1578.00 1639.00
P(GPa) 2.63 3.09 2.87 2.39 2.64 3.29 3.26 2.87 3.12
857Feprim 0.12 n.d. n.d. 0.10 n.d. 0.21 0.16 0.15 0.15
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Table S16. Calculated pressure (P) and temperature (T) as well as major elements (wt. %) of parental magma of tholeiitic lavas from the Tasmantid Seamounts.

Derwent- unnamed unnamed
Seamount | Gascoyne Gascoyne Gascoyne Gascoyne Gascoyne Gascoyne Taupo Hunter Britannia Queensland seamount seamount
Sample TMD10-01  274DR13  274-DR41
No. 65808* 65809* 65811* 65821* 85169°* 85170* 85174A* 65828* 68644 * A4# Al M1
Si02 48.76 48.76 49.62 47.90 49.82 49.96 49.77 48.29 49.01 48.23 49.13 46.21
TiO2 1.57 1.58 1.45 1.54 1.78 1.05 1.50 1.57 1.37 2.17 2.12 2.14
Al203 11.36 11.36 11.36 11.54 10.77 11.16 11.11 12.60 11.94 10.72 10.65 11.52
FeO 10.13 10.12 10.00 10.41 10.08 10.35 9.77 9.57 10.00 10.70 10.63 10.90
MnO 0.12 0.12 0.13 0.13 0.10 0.11 0.13 0.10 0.11 0.11 0.09 0.11
MgO 17.41 17.41 17.20 17.97 17.38 17.83 16.85 16.49 17.20 18.42 18.34 18.80
Ca0 7.07 7.07 7.02 7.33 6.25 6.69 7.80 8.17 7.26 5.53 5.18 6.30
Naz0 2.43 2.43 2.34 2.42 2.48 2.25 2.37 2.33 2.46 2.81 2.52 2.56
K20 0.71 0.71 0.63 0.45 0.92 0.35 0.48 0.63 0.39 0.88 0.92 0.89
P20s 0.44 0.44 0.25 0.31 0.42 0.25 0.23 0.26 0.27 0.42 0.43 0.59
T(°C) 1567.00 1567.00 1558.00 1595.00 1559.00 1591.00 1550.00 1530.00 1569.00 1602.00 1603.00 1512.00
P(GPa) 2.27 2.27 2.03 2.50 2.07 2.05 1.93 2.16 2.16 2.62 3.06 1.97
8°"Feprim 0.22 0.22 0.05 n.d. 0.20 0.11 0.01 n.d. 0.03 0.02 0.03 -0.01
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Abstract

Ocean island basalts (OIB) display a wide range in radiogenic Sr-Nd-Pb ratios but also exhibit
a large variability in stable iron (Fe) isotopes. This Fe isotopic heterogeneity can be inherited
from mixing or melting of various exotic mantle components of enriched crustal origin, i.e.,
oceanic or continental crust, lithosphere and sediments. The extent to which the inherited Fe
isotopic signature of the subducted and recycled material influences the Fe isotopic
composition of OIB and which role secondary processes accompanied with partial melting
play is, however, not well understood. The eastern Azores island of Sdo Miguel displays a
systematic change from a less radiogenic mantle source in the West to a highly enriched
source in the East. The latter is unique amongst global OIB in that it has both, extremely
radiogenic 2%Pb/294Pb and 87Sr/86Sr isotopic ratios. The regional distribution, complexity and
uniqueness of these isotopic source characteristics are ideally suited to gain insights into the
spatial distribution of mantle components and their controls on Fe isotope systematics.
Comparing &°’Feprim, Which is the isotopic composition calculated to primitive lavas along a
liquid line of descent, with 87Sr/2Sr, 143Nd/1**Nd, 2°°Pb/?%*Pb and 2°%Pb/?°*Pb reveals that the

depleted component of western Sao Miguel shows a heavy Fe isotopic composition ranging
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from &°’Feprim = +0.09 to +0.18%. (excluding one outlier at -0.02%o 6°’Feprim), Whereas the
enriched component of eastern Sdo Miguel shows lighter 8°’Feprim = +0.05 to +0.12%o. The
light Fe isotopic signature of eastern S3o Miguel is striking because crustal material has
previously been associated with heavier Fe isotopic compositions. Among the metasomatising
agents discussed, we can show by mass balance calculations that a carbonatitic
metasomatising agent cannot account for the light Fe isotopic composition of eastern Sao
Miguel. Strong deviation of eastern Sao Miguel lavas from other Azores islands in K,O and
Rb/Sr vs &°’Feprim indicate silicic K-rich mantle metasomatism, resulting in the &°’Feprim
observed for eastern Sdo Miguel. The heavy Fe isotopic composition of western Sao Miguel’s
lavas are likely related to the active Terceira Rift and represent low degree melting of a less
enriched component at the ultraslow spreading ridge. Two scenarios are needed to explain
the Fe isotopic composition of eastern and western Sdo Miguel, which indicates a separate
plumbing system underneath eastern and western S3o Miguel. The dominance of light Fe
isotopes associated with mantle metasomatism may be a distinctive feature of this type of

plume source elsewhere.
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3.1 Introduction

The subduction and recycling of crustal material over hundreds of millions of years has
introduced crustal signatures in an otherwise predominantly depleted upper mantle. These
crustal signatures are composed of oceanic or continental crust and their lithospheric
mantles, accompanied by small amounts of sediments, and are best traced through
radiogenic Sr-Nd-Pb-Hf isotopic ratios of mantle-derived lavas (Zindler and Hart, 1986;
Hofmann, 1997; Hofmann and Farnetani, 2013; Lassiter and Hauri, 1998; Hart et al., 1992;
Stracke, 2012; Koppers et al., 2021; Salters and White, 1998). Ocean island basalts (OIB) away
from plate margins record complex patterns of radiogenic Sr-Nd-Pb-Hf isotopes with distinct
combinations in individual OIB locations (e.g., Stracke et al., 2005; White, 2015; Hofmann,
2003). Mass balance considerations for these trace elements suggest that these lavas sample
isotopically enriched sources as remnants of crustal recycling in conjunction with more
primitive mantle plume material (Pietruszka et al., 2013; Stracke et al., 2003; Lassiter and
Hauri, 1998; Zindler and Hart, 1986). Diversity in radiogenic isotopes within single plumes
indicate that both, plume sources and processes during ascend create mixing patterns of
depleted prevalent mantle (PREMA) and recycled, crustal material termed enriched mantle
component 1 and 2 (EM1/2), and HIMU (high 238U/?%4Pb; Zindler and Hart 1986). These OIB
radiogenic isotopic signatures of so-called mantle components are well documented, yet their
complex distribution even within single plume regions (e.g., Hawai’i, Iceland, Azores) indicate
petrologic complexities superimposed on simple source component distribution patterns

(Kurz et al., 1990; Blichert-Toft and Albarede, 1998; Weis et al., 2011; Fitton et al., 2003).

Sdo Miguel, an island of the Azores in the Atlantic Ocean, displays a wide range of
radiogenic isotopic compositions, extending from a less enriched source at western Sao
Miguel (radiogenic isotopic composition similar to PREMA as well as enriched mid-ocean ridge
basalts (MORB); see discussion in Beier et al., 2007; Beier et al., 2018) to a source composition
unique in elevated radiogenic Sr, Nd and Pb isotopic signatures at eastern Sdo Miguel (Beier
et al.,, 2007; Turner et al.,, 2007; Beier et al., 2018; Elliott et al., 2007). The sources are
geographically separated but generally tend to show an increasing degree of enrichment in
radiogenic isotopes and trace element compositions from West to East (Turner et al., 1997;

Widom et al., 1997; Elliott et al., 2007; Beier et al., 2007). The distribution of geochemical
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signatures is directly linked to individual fault systems related to the slow spreading Terceira
Rift axis (Haase and Beier, 2003). The melting processes and the mantle source(s) that cause
eastern S3o Miguel’s unique enriched and western Sao Miguel’s less enriched radiogenic
isotopic signature is still under debate (e.g., Beier et al., 2006; Beier et al., 2007; Elliott et al.,
2007; Haase and Beier, 2003; Kurz et al., 1990; Widom et al., 1997; Widom and Farquhar,
2003). A prevalent problem in resolving isotopic heterogeneity in plume sources like the ones
feeding Sao Miguel is elusive and complex petrogenetic mixing during (i) plume ascent, (ii)
partial melting and (iii) potential magma reservoir dynamics (e.g., mush reservoirs) en route

to the surface may contribute to heterogenous isotopic signatures of erupting lavas.

To understand magmatic processes and mantle material that generate OIB at Sdo Miguel,
we use new stable Fe isotopes in conjunction with traditional radiogenic isotopes. Over the
past decade, stable Fe isotopes have been established as a tool to identify the lithology of
mantle components that generate OIB (Williams and Bizimis, 2014; Konter et al., 2016; Nebel
et al., 2019). Furthermore, due to its sensitivity to Fe redox state and associated bonding in
crystal lattices or melts (Sossi and O'Neill, 2017), Fe isotopes are a useful tracer for magmatic
processes such as partial melting, crystal fractionation and mantle metasomatism (Beard and

Johnson, 2004; Poitrasson et al., 2013; Williams et al., 2005; Weyer and lonov, 2007).

The variance in radiogenic isotopes on a km-scale and the uniqueness of the eastern
source composition renders lavas from Sao Miguel suitable to resolve potential magmatic
processes that add to the diversity in radiogenic isotopic signatures in OIB. Our data reveal a
heavy Fe isotopic signature for western Sao Miguel’s lavas and a relatively light Fe isotopic
composition for eastern Sao Miguel’s lavas. The differences in Fe isotopes between eastern
and western Sdo Miguel can be ascribed to a source dependency given the good correlations
between stable Fe isotopes and radiogenic Sr, Nd and Pb ratios. Crustal material is generally
ascribed to heavier Fe isotopic compositions than analysed for S3o Miguel. Several processes,
among other long degree mantle metasomatism, will be discussed in the following. The heavy
Fe isotopic composition of western Sdo Miguel’s lavas might be result from rift-related

metasomatism associated with the ultraslow Terceira Rift.
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3.2 Geological Setting

The Azores archipelago consists of nine volcanic islands where the islands of Sao Miguel,
Terceira and Graciosa and the submarine seamount Jodo de Castro (Romer et al., 2021 ; Fig.
1a) are located along the ultraslow spreading Terceira Rift (extension rates of 2 — 4 mm/year;
Vogt and Jung, 2004; Searle, 1980). Sdo Miguel consists of four stratovolcanoes, which are
from West to East, Sete Cidades, Agua de Pau, Furnas and Nordeste (Fig. 1b). The western
part of Sdo Miguel is dominated by the central volcano Sete Cidades (Beier et al., 2006). To
the East of Sete Cidades, the so-called Waist Zone consists of a series of scoria cones (Booth
et al., 1978; Fig. 1b). The Sr isotopic signatures of the southern scoria cones imply mixing with
a source underneath Sete Cidades, whereas the northern scoria cones display Sr isotopic
signatures indicating mixing with the eastern volcano of Agua de Pau (Haase and Beier, 2003).
Sete Cidades and the western Waist Zone scoria cones are situated along the NW-SE striking
Terceira Rift axis (Fig. 1b). In contrast, the eastern part of Sdo Miguel consists of three central
volcanoes Agua de Pau, Furnas (not sampled for this study) and Nordeste, aligned in an EW
direction. The eastern volcano of Nordeste is inactive and dated to be ~800 kyrs (Johnson et
al., 1998). With the exception of Nordeste, all volcanoes on Sao Miguel are active (Duncan et

al., 2015).

From the western islands (Graciosa, Faial, Pico and S3o Jorge) of the Azores, located
closest to the neighbouring mid-Atlantic Ridge, to the eastern islands (Terceira, Sdo Miguel
and Santa Maria), the thickness of lithosphere increases (Beier et al., 2008; Béguelin et al.,
2017). Sdo Miguel lavas erupted on lithosphere with ~70-80 km thickness and have been
generated from melts that form in the garnet stability field as evident by elevated Middle
Rare Earth Element (REE) relative to the Heavy REE Ytterbium (Yb, Beier et al., 2007; Spieker
et al.,, 2018).

As part of the Azores, S3o Miguel is situated near the northern Atlantic Large Low Shear
Velocity Province (LLSVP), which could be considered to be an indicator for a deep mantle
plume origin, also suggested by tomographic models (French and Romanowicz, 2015; Lekic et
al., 2012; King and Adam, 2014). However, a deep origin of the Azores mantle plume is a

matter of active debate due to elevated volatile contents (Beier et al., 2012; Métrich et al.,
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2014; Asimow et al., 2004) and noble gas isotope data from Sao Miguel, which are comparable

to MORB values (Moreira et al., 2018; Moreira et al., 2012; Kurz et al., 1990).
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Figure 1. a) The map shows the Azores with Jodo de Castro, Terceira, Graciosa and north-west of Sdo
Miguel located on the Terceira Rift. Maps are from the GeoMapApp by Ryan et al. (2009);
http://www.geomapapp.org/. b) Map modified after Beier et al. (2007) showing the sample localities.
At the volcanic Waist Zone (Booth et al., 1978), Sdo Miguel is divided into western (yellow circle) and
eastern (blue circle) area, samples in red circles have been excluded from the discussion, because
samples have been affected by magnetite fractionation (see 4.1). The main tectonic features are

highlighted by grey dotted lines (adopted from Forjaz, 1986), with Sete Cidades being located on the
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active Terceira Rift and the eastern volcanoes being located parallel to the inactive East Azores Fracture

Zone.

3.3 Sample selection and analytical methods

3.3.1 Sample selection

We have selected 18 fresh, well-characterised alkali basalts from Sdo Miguel (TAS diagram
Supplementary data 1) and divided them into western (basalts) and eastern (trachybasalts)
Sdo Miguel based on their geological features (Haase and Beier, 2003; Forjaz, 1986) and
published Sr, Nd and Pb isotopic compositions (Beier et al., 2007; Elliott et al., 2007; Turner
et al., 1997; Prytulak et al., 2014). Lavas from western Sao Miguel include four samples from
Sete Cidades and five samples from the southern rift zone of the Waist Zone; eastern Sao
Miguel lavas are those from the northern rift zone of the Waist Zone with three samples, one
sample from the Agua de Pau and two samples from Nordeste (Beier et al., 2018; Fig. 1b). The
samples SM0133, SM0102, 513DS-1wr, SM0170, SM0128, SM9716, SM0204 have been
described by Beier et al. (2006) and Beier et al. (2007) as “optically fresh and lack of alteration
of olivine crystals and vesicle fillings”. According to Beier et al. (2006) other samples show
iddingsitized olivine rims and clay filling in cracks and vesicles. For the whole rock analyses
“fresh cores of these whole rocks were cut, coarse crushed and washed in ionized water and
then fine crushed in an agate ball mill” (Beier et al., 2006; p. 1379). Sample SMO07 is described
by Elliott et al. (2007) as a basalt that shows olivine and clinopyroxene phenocrysts, and by
Prytulak et al. (2014) as a sample that is displaying “little petrographic or geochemical
evidence for contamination”. Turner et al. (1997) described the samples S1, S10, SP2, S3 and
SP8, which contain olivine as the main phenocryst phase. A more detailed description of the
samples and the Azores chemistry is given in Beier et al. (2007) and Beier et al. (2008) and
summarised in Larrea et al. (2018) and Beier et al. (2018). Major and trace element as well as
radiogenic isotope data for all samples analysed in this study are summarised in the

Supplementary data Il
3.3.2 Analytical methods

We analysed well characterised samples previously published for their major, trace

element and Sr-Nd-Pb isotopic compositions by Beier et al. (2007), Prytulak et al. (2014),
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Turner et al. (1997), and Elliott et al. (2007) for their stable Fe isotopic compositions. For rock
dissolution, ~25 mg of rock powder has been weighed into PFA Teflon beakers and treated
with 2 mL concentrated HF:HNOs (ratio 1:2). Samples were dissolved for a maximum of three
days on a hotplate at 120°C. After evaporation, samples were re-dissolved with small volumes
of concentrated nitric acid and a drop of per-oxide to ensure the breakdown of fluoride bonds
(Cheng et al., 2014), and finally taken up in 9M HCI (Monash University) or 6M HCl (Durham
University) and pipetted onto the AG-MP-1 (Monash University) or AG1-X4 (Durham
University) anionic resin (Cheng et al., 2014), which was preconditioned with 9M HCI (Monash
University) or 6M HCI (Durham University). Column chromatographic extraction with 9M HCI,
6M HCl and 5M HCI removed matrix elements as well as semi and transitional metals. The Fe
fraction was eluted with 1M HCI. The collected Fe fraction was placed on a hotplate at 90°C.
The dried samples were dissolved and taken up in 2% HNOs. The detailed chromatographic
extraction procedure for Fe purification used at Monash University has been reported by

Cheng et al. (2014) and Sossi et al. (2015).

The Fe isotope analyses were performed on ThermoFisher™ Scientific Neptune plus
multi-collector inductively coupled plasma mass spectrometers (MC-ICP-MS) at the Isotopia
Laboratory at the School of Earth, Atmosphere and Environment at Monash University,
Australia and Durham University. The samples were introduced via a low flow quartz cyclonic
spray chamber and a PFA nebuliser. In medium-resolution mode (Sossi et al., 2015), data were
collected in per mille notation relative to the IRMM-014 (Durham University) or IRMM-524a
(Monash University) bracketing standards, the latter being isotopically identical to IRMM-014

(Craddock and Dauphas, 2010), and with >*Fe being either *°Fe or >’Fe, respectively:

5x 54
Fe/>'F €sample

5Xr., /54
Fe/>*FeipmM-s24a

6% Fe =

— 1] x 1000 (1)

Each sample was analysed two to three times from a single dissolution batch to ensure
precision and accuracy, and isotope ratios for each sample represent averaged values (Table
1). Each single dissolution batch was mixed with an in-house Ni standard solution to correct
for instrumental mass bias effects (Sossi et al., 2015). To ensure reliability and comparability
of our Fe isotope data, the basaltic reference materials BCR2, BHVO1, BIR-1 and FeCls; were
analysed (Table 1). The latter is an in-house standard and coincides with analyses at

Cambridge University with 8°Fe = -0.69 + 0.03%o (two-standard deviation 2 S.D.) and 8°’Fe =
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-1.03 + 0.05%o (Soderman et al., 2021). The basaltic reference materials BCR2, BHVO1, BIR-1
are in agreement with previously published analysis (BCR2: 6°¢Fe = +0.09 + 0.01%o (2S.D.),
8°’Fe =+0.13 £ 0.02%o in Craddock and Dauphas (2010) and &°’Fe = +0.14 + 0.02%. in Sossi et
al. (2015); BHVO1: 6°6Fe = +0.10 + 0.01%., 6°’Fe = +0.16 + 0.01%o in Craddock and Dauphas
(2010); BIR-1: 8°6Fe = +0.05 + 0.02%o, 6°’Fe = +0.09 + 0.02%o in Craddock and Dauphas (2010)).
The reproducibility of the method is +0.03%o (2S.D.) in °’Fe/>*Fe relative to the IRMM-524a
external standard based on repeated analyses of standard reference materials. The
reproducibility of each sample was calculated as the standard deviation from 2-3 repeated
analyses and we always use the larger error (external vs. sample-averaged error). At the end
of the analysis a procedural blank was analysed and generally showed values below detection

level and is thus negligible.

Ascending mantle melts experience significant olivine and minor pyroxene fractionation,
which results in the preferential removal of Fe?* (relative to Fe3*) and also affects the Fe
isotopic composition of the melts (Sossi et al., 2012; Williams et al., 2005), driving residual
melts toward isotopically heavy values (Teng et al., 2008). Correcting the measured 5§>’Fe for
crystal fractionation is thus essential to ensure a meaningful comparison between stable and
radiogenic isotopic compositions of primary melts from OIB. In order to assess the primary
melt compositions, termed 8°’Feprim, we apply an olivine fractionation correction to the
measured &°’Fe isotope values (Sossi et al., 2016). By using a temperature dependent
fractionation factor A>’Femin-mer*10%/T% = -0.4 (further outlined in Sossi et al., 2016) and
assuming a starting melt composition with Fe3*/SFe = 0.15 (Nebel et al., 2019), we are adding
olivine (isotopically light Fe) to our sample lavas until a primary melt composition with Mg# =
74 was reached. Considering an exchange coefficient for Fe and Mg between olivine and melt
KDgi:II\\/I/Ieglt > 0.3 (Roeder and Emslie, 1970), the Mg# = 74 is in chemical equilibrium with a
primitive mantle Mg# = 90 (Palme and O'Neill, 2014). The term A>’Femin-meir describes the
difference between the melt §°’Femer value and the mineral 8°’Femin isotope value (i.e.,

olivine):
A Fe = 8% Feyin — 8°" Feyorr (2)

The starting melt composition with Fe3*/SFe = 0.15 is higher than global MORB values of
Fe3*/SFe =+0.12 + 0.02 (Bézos and Humler, 2005) and used for primary melt stable Fe isotope
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calculations in OIB (Nebel et al., 2019; Soderman et al., 2021) and back-arc basalts (Nebel et
al., 2018). OIB glasses from Sdo Miguel have not been analysed for their redox-state rendering

this approach a best-estimate.

The main uncertainties of the fractionation correction model lie in the variability of the
initial mantle source composition at Mg# = 90 and the fractionation factor between mineral
species applied. However, even though the Sdo Miguel mantle source may be heterogeneous,
i.e., peridotite and pyroxenite lithologies may variably contribute to the melting regime, a
pyroxenitic source deviates by only + 2 Mg# relative to a peridotite source region (Herzberg,
2011), which is negligible for the approach applied here (Nebel et al., 2019). Variations in the
inter-mineral correction factor of -0.4*10%/T2 equate to 6°’Feprim 0.03%o variations per 0.1
unit in the correction factor, with smaller correction factors leading to apparently less
pronounced corrections. It needs to be stated here that our applied fractionation factor of -
0.4*10°%/T? is a large extent of correction for basalts ranging from 4.0 — 14.3 wt.% MgO
(Soderman et al., 2021). A test for the magnitude of the applied correction using A>’Femin-melt
=-0.4*10°%/T?, is further illustrated in Figure 3, where we compare 8°’Feprim-0.1 corrected with
a A>7Femin-mer = -0.1*108/T2. Throughout the manuscript, §°’Feprim is shown with a correction
factor of A°’Femin-melt = -0.4*108/T?, because we will compare our data with other Azores
islands (Sdo Jorge, Pico, Faial, Terceira, Jodo de Castro and Graciosa) from Soderman et al.
(2021), who used a fractionation factors of -0.4*10°%/T2.

The S3o Miguel whole rock Fe isotope values are presented both as measured §>’Fe and
as calculated primary melt 6°’Feprim. Errors for 6°’Fe and &°’Feprim are reported as the
standard deviation of repeated analyses of each sample aliquot from the IRMM-524a
(Monash University) or IRMM-014 (Durham University) Fe standards (or +0.03%eo in case this

value is lower). The 8°’Feprim do not include error propagations of the correction method.

3.4 Results

3.4.1 Filtering for wall rock assimilation and magnetite fractionation

We scanned our new data for potential secondary effects by excluding: (1) Samples
exceeding a Ba/Rb value of 12 + 2 (Hofmann and White, 1983), indicative for country rock
assimilation. Exceptions are samples SM9704A and SM0140 with a Ba/Rb of 15.9 and 22.7,

respectively, due to their high MgO content of 12.67 and 9.81 wt.%, which precludes
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assimilation of quartz syenite country rock; (2) Samples with MgO < 4.0 wt.% and TiO; < 2.5
wt.% (Fig. 2) due to the influence of magnetite fractionation on the Fe isotopic composition
of the remaining melt by preferentially removing isotopically heavy Fe (Nebel et al., 2019;
Sossi et al., 2012; Nebel et al., 2015); a feature that cannot adequately be corrected for. For
the latter, the excluded samples (SM0106, SM0134, 515DS-1) show high A>Fe (= 6°’Fe —
8°7Feprim) of 0.14 to 0.26%o (Fig. 3) and are not discussed in detail. Two samples of eastern
Sao Miguel with a MgO < 5.0 wt.% plot arguably close to the threshold defined by Nebel et al.
(2019) and Sossi et al. (2012). These samples, however, show a A>’Fe of 0.10 and 0.12%e, in
line with Ni contents of 18 and 21 ppm (Supplementary data Il), and are interpreted as not

being affected by the fractionation of magnetite.
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Figure 2. MgO vs TiO; to illustrate potential magnetite saturation of samples. Our threshold at 4.0
wt.% MgO ensures the exclusion of samples affected by magnetite fractionation. Several studies, e.g.,
Nebel et al. (2015) and Sossi et al. (2012) show that at low MgO values magnetite is the primary host

of Fe. Red circles highlight the samples that have been excluded from the discussion.

3.4.2 Stable Fe isotopes

Samples from Sdo Miguel have measured 6°’Fe signatures comparable to or heavier than
mean MORB (+0.15 + 0.01%o 8°’Fe (25.D.); Chen et al., 2019, Teng et al., 2013) with a single
outlier at western Sdo Miguel (SM0133) which has a lighter Fe isotopic composition than
MORB with 6°’Fe = +0.03%.. Generally, 6°’Fe values range from +0.09 to +0.24%o. for eastern

Sao Miguel and from +0.13 to +0.22%o for western Sdo Miguel lavas, if SM0133 is excluded.
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The primary magma shows a value of ~12.0 wt.% MgO for lavas from Sao Miguel. We
therefore correct lavas <12.0 wt. MgO for olivine fractionation. SM0140 with 12.41 wt.% MgO
can be left uncorrected. SM0102 with 14.26 wt.% shows presumably olivine accumulation
rather than fractionation. Olivine accumulation can only be corrected for when olivine is in
equilibrium with the final bulk composition (McCoy-West et al., 2018), which is unlikely in this
case. Due to the lack of a statistical difference between high and low MgO lavas, we include
SMO0102 in the following. Following correction for olivine crystal fractionation (A>’Femin-melt =
-0.4*108/T2), the following, slightly lighter melt 8°’Feprim compositions are obtained for
eastern and western S3o Miguel lavas: 8°’Feprim +0.05 to +0.12%o0 and +0.09 to +0.18%o
(excluding outlier SM0170 at -0.2%e.), respectively. Samples from western S3o Miguel display
the lowest values in both 6°’Fe and 8°’Feprim (Fig. 3). The crystal fractionation correction factor
(A>7Fe) is largest for eastern Sdo Miguel ranging from A>’Fe = 0.04 to 0.12%o, whereas western
S30 Miguel shows lower values with A>’Fe = 0.00 to 0.07%o. We note here that this correction
is only an approximation of the exact likely liquid line of descent and thus should be treated
as such. Nonetheless, even though the effect is minor (Fig. 3), it better approaches the true

nature of primitive melts prior to crystal fractionation.
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Figure 3. a) Analysed 6°’Fe compositions of eastern and western S3o Miguel lavas are illustrated as

circles and compared to calculated primary melt values 6°”Feyrim (calculated with a fractionation factor
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of A>7Feormer = -0.1*10%/T2, illustrated as empty circles) and &°’Feprim (calculated with a fractionation
factor of A>’Feormer = -0.4*10°%/T?, illustrated as diamonds) vs MgO. Crystal fractionation correction
after Nebel et al. (2019); Sossi et al. (2016). Values of error bars shown with +2 S.E. Error bars just
shown for measured 6°’Fe to retain overview. Analysed 8°’Fe of eastern S3o Miguel samples co-

variate with MgO with a MSWD of 1.19.

“uxn

Table 1. Iron isotope values for Sdo Miguel lavas. Samples with have been analysed at the Durham
University. 2 standard error calculated as follows: 2 S.E. =2 S.D. / Vn, with n being the number of
analyses, after Sossi et al. (2015). Each sample has been analysed 2-3 times (n=2-3). A®’Feprim
calculated with A>Feoimer = -0.4*10°%/T2. For major, trace and radiogenic isotope values see

Supplementary data Il.

MgO
Sample Location (wt.%) 5°Fe 2 S.E. 5’Fe +2S.E. &7Fepim NOAFe n
Sete
SM0140 Cidades 12.41 +0.13 0.02 +0.19 0.04 +0.19 0 2
Sete
SM0133 Cidades 8.60 +0.03 0.01 +0.03 0.03 -0.02 004 3
Sete
SM0102 Cidades 14.26 +0.07 0.03 +0.13 0.01 +0.13 0 3
513DS-1 Sete
wr Cidades 12.13 +0.14 0.01 +0.20 0.02 +0.18 001 3
SM9704A | Waist Zone 9.81 +0.04 0.01 +0.15 0.01 +0.11 0.04 2
S1* Waist Zone 7.76 +0.12 0.02 +0.21 0.03 +0.14 0.07 3
SM7 Waist Zone 8.56 +0.15 0.03 +0.22 0.02 +0.17 005 3
S10* Waist Zone 8.33 +0.10 0.02 +0.15 0.03 +0.09 0.05 2
Sp2* Waist Zone 7.93 +0.13 0.01 +0.21 0.02 +0.14 0.06 2
SMO0170 Agua de Pau 4.41 +0.13 0.02 +0.17 0.02 +0.07 0.10 3
SM0128 Nordeste 4.03 +0.16 0.01 +0.24 0.01 +0.12 012 3
SM9716 Nordeste 5.52 +0.11 0.01 +0.18 0.01 +0.08 010 3
SM0204 Waist Zone 10.41 +0.10 0.01 +0.13 0.02 +0.09 004 3
S3* Waist Zone 8.34 +0.13 0.00 +0.11 0.03 +0.05 0.06 2
SP8* Waist Zone 9.10 +0.06 0.02 +0.09 0.03 +0.05 004 2
Excluded
data
Sete
SM0106 Cidades 0.48 +0.15 0.01 +0.21 0.02 -0.05 0.26 3
Sete
SM0134 Cidades 2.41 +0.14 0.01 +0.18 0.01 +0.04 014 3
Submarine
W Sete
515DS-1 Cidades 1.58 +0.15 0.01 +0.19 0.02 +0.02 017 3
BCR2 +0.10 0.00 +0.13 0.01 3
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BHVO1 +0.09 0.03 +0.11 0.02 2
BIR-1* +0.06 0.01 +0.08 0.01 2
FeCls* -0.69 0.01 -1.03 0.01 25

3.5 Discussion

Various factors such as fractionation during partial melting and crystallisation (Teng et al.,
2008; Williams et al., 2009; Teng et al., 2013), source mineralogy (Dauphas et al., 2009; Weyer
and lonov, 2007; Williams and Bizimis, 2014; Craddock et al., 2013), source inheritance (Nebel
et al., 2019; Konter et al., 2016), mixing process of source lithologies (Nebel et al., 2019) and
metasomatism or diffusion (Teng et al., 2011; Sun et al., 2020) influence Fe isotopic
compositions of OIB. In the following, we will compare &°’Feprim with radiogenic isotope data,
major elements and trace elements to evaluate if (5.1) mantle source and mixing processes,
(5.2) source mineralogy and melting degree, (5.3) metasomatism and/or (5.4) tectonic setting
(e.g., mixing of rift related melt with plume-related mantle material) can explain the Fe

isotopic signature of western and eastern Sao Miguel lavas.

3.5.1 Source dependency of the Fe isotopic signature of primary melts for eastern
and western Sao Miguel

To evaluate the geochemical source dependency of stable Fe isotopes and to elucidate if
potential melt mixing processes are causing the variation in radiogenic isotopic systems and
stable Fe isotopic signatures, we compare the published 298Pb/204Pb, 206ph/204Ph, 87Sr/86Sy,
143Nd/*4Nd values (Beier et al., 2007; Turner et al., 1997; Prytulak et al., 2014) with our new
8°7Feprim data from western and eastern Sdo Miguel (Fig. 4). Western and eastern Sdo Miguel
lavas exhibit very different radiogenic isotope systematics, and our Fe isotope data needs to

be placed into this complex context:

The unique radiogenic isotopic signature of eastern S3ao Miguel is characterised by
radiogenic Pb and radiogenic Sr and Nd isotopic compositions. To explain the deviation of
eastern Sdo Miguel from commonly observed OIB sources in radiogenic isotopic systems,
various mantle sources have been proposed over the last decades (Beier et al., 2007; Davies
et al., 1989; Elliott et al., 2007; Moreira et al., 2018). Beier et al. (2007), Davies et al. (1989),
Genske et al. (2013), Turner et al. (1997), and Widom and Farquhar (2003) have based their
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models on mantle source components created from ancient recycled oceanic crust based on
580 combined with radiogenic Sr-Nd-Pb isotopic systematics. Furthermore, thick lithospheric
roots (infused by metasomatism) or ancient recycled oceanic lithosphere (variably influenced
by metasomatism and/or distinct mantle sources) have been suggested for causing the
enrichment in radiogenic isotopes (Turner et al., 2007; Elliott et al., 2007; Beier et al., 2007;
Widom and Farquhar, 2003). On the basis of radiogenic isotopic compositions and eastern
S3o Miguel’s low 3He signature (R/Ra of 0.4-5.55, lower than MORB with R/Ra 8 + 1), it has
been suggested that the source of eastern Sdo Miguel is comprised of ancient, recycled
material, subducted at ca. 3 Ga (Moreira et al., 2012; Elliott et al., 2007). Contrary to eastern
S3o0 Miguel, western S3o Miguel lavas show a less radiogenic isotopic signature in 2%8Pb/2%4Pb,
206ppy /204ph - 875r/86Sr and 143Nd/1**Nd (Fig. 4), which has been proposed to represent a
common Azores source component (e.g., Beier et al., 2007; Beier et al., 2018). Additionally,
He isotopic signatures of western Sdo Miguel are comparable to MORB (Kurz, 1991; Kurz et

al., 1990).

When combining radiogenic Sr-Nd-Pb isotopic ratios with stable Fe isotopes, lavas from
Sdo Miguel show a positive covariation between 43Nd/***Nd and &°’Feprim and negative
trends between 298Ph/204pb, 206Ph/294Ph and 37Sr/%Sr vs. §°"Feprim (Fig. 4c-f). Firstly, these
trends between radiogenic isotopes and stable isotopic compositions demonstrate that Fe
isotope systematics of Sdo Miguel’s lavas are dominated by mantle source variations. As
expected, the one outlier, sample SM0133 with &°’Feprim -0.02%o, deviates from the
correlation, yet shows radiogenic isotopic values in line with the rest of the western Sao
Miguel lavas. The outlier will be discussed further in section 5.4. Source dependency of Fe
isotopes, or “inherited Fe isotopic compositions from crustal precursors” have been proposed
for MORB as well as other OIB (Konter et al., 2016; Nebel et al., 2019; Sun et al., 2020). It is
thus plausible, especially considering that trace element ratios and radiogenic isotopic ratios
are source dependent (Elliott et al., 2007; Beier et al., 2007; Widom et al., 1997; Turner et al.,
1997; White et al., 1979) that the Sdo Miguel’s Fe isotopic variations, at least to a large degree,

reflect an inherited Fe isotopic signature from the source as well.
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Figure 4. a) #Sr/%Sr vs 3Nd/**Nd, b) 2°°Pb/?**Pb vs 2°8Pb/?%*Pb, and 6°’Feyrim Vs c) 2°8Pb/?°*Pb, d)
206p}y /204phy @) 87Sr /865y, f) 143Nd/2**Nd for eastern and western S3o Miguel. PREMA area after Hauri et
al. (1994), Jackson et al. (2007), Stracke et al. (2005) and White (2015). MORB +0.10 * 0.01%o &°’Feprim
and bulk silicate earth (BSE) +0.05 + 0.01%o0 6°’Fe are from Sossi et al. (2016). Azores (Sdo Jorge, Pico,
Faial, Terceira, Jodo de Castro and Graciosa) are from Soderman et al. (2021). Mean squared weighted

deviation (MSWD) calculated after Wendt and Carl (1991).

Enriched radiogenic isotopic signatures in OIB (e.g., EM1) are commonly associated with
recycled crustal material, which can be accompanied by small amounts of sediment (Hofmann
and White, 1982; Chase, 1981; Stracke et al., 2003; Weaver, 1991). In the mantle, this recycled
crustal material is present as eclogite, presumably interacting with the ambient peridotite to
form pyroxenite (Sobolev et al., 2007), which can be heavy in Fe isotopes (Nebel et al., 2019;

Konter et al., 2016; Soderman et al., 2021). However, eastern Sdo Miguel’s lavas, which can
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be associated with recycled crustal material due to the enriched radiogenic isotopic signature,
show lighter 6°’Feprim values than western S3o Miguel ranging from +0.05 to +0.12%e.
Western Sao Miguel lavas with a less enriched radiogenic isotopic signature show heavier

8°7Feprim values of up to +0.18%e.

Importantly, in all cases, the assigned trends of the combined stable Fe isotopes and
radiogenic Sr-Nd-Pb isotopic ratios of eastern and western Sdo Miguel are surprising. One
would expect the more enriched radiogenic isotopic signatures to be associated with heavy
8°7Feprim, if the latter is considered to represent a recycled crustal component (Nebel et al.,
2019; Konter et al., 2016) or pyroxenite formed from recycled crustal protoliths (Williams and
Bizimis, 2014). The less enriched radiogenic Sr-Nd-Pb isotopic component of western Sao
Miguel coincides with samples from other Azores islands and shows a slightly heavier Fe
isotopic signature than eastern S3o Miguel (Fig. 4a-f). If this ‘less enriched isotopic signature’
is indeed related to a peridotite source, as opposed to eclogite/pyroxenite, it is in
contradiction to the widely accepted view that the isotopically less enriched mantle, which is
represented by peridotite (Boyet and Carlson, 2006; Hofmann, 1997; Salters and Stracke,
2004; Zindler and Hart, 1986), is associated with an Fe isotopic composition of §°’Fe = +0.05
+ 0.01%o0 (2S.E.; Sossi et al.,, 2016). To solve this conundrum, we will discuss magmatic
processes that could lead to the light Fe isotopic signature of eastern and to the heavy Fe

isotopic signature of western S3o Miguel.
3.5.2 Light Fe isotopes of eastern Sdo Miguel — degree of melting

Isotope fractionation during partial mantle melting, and subsequent crystal fractionation
can account for a small variation in Fe isotopes (Teng et al., 2008; Teng et al., 2013; Williams
et al., 2009). During partial melting, the crystal bonding dependent partitioning of Fe between
liquid and crystalline residue, with ferric iron (Fe3*) being more incompatible than ferrous iron
(Fe?*) (Woodland and Koch, 2003), leads to a heavy Fe isotopic signature in the melt. With
larger degrees of melting, more olivine enters the melt phase, which leads to a relatively
lighter Fe isotopic composition compared to melts that experienced low melting degrees

(Williams and Bizimis, 2014).

Beier et al. (2007) and Elliott et al. (2007) compared major elements and trace element

ratios to show that Azores islands of Sdo Jorge, Pico, Faial, Terceira, Jodo de Castro and
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Graciosa have melting degrees (F) ranging between 4 and 6% (Beier et al., 2013), and are
subtly larger than those suggested for Sdo Miguel. Subsequently, Beier et al. (2013) showed
that the melting degree of Sao Miguel lavas on average is similar to that of Santa Maria, an
Azores island southeast of Sdo Miguel, with an estimation of ca. F = 2 — 3%. The changes in
degree of partial melting may be associated with changes in lithospheric thickness from west
to east of the Azores archipelago (Standish et al., 2008; Prytulak and Elliott, 2007). Although
there are no apparent differences in melting degrees between and within eastern and
western Sdo Miguel (Beier et al., 2013), source compositional variability may be affecting
calculations on subtle differences in degrees of melting. Nonetheless, the decoupling of REE,
major element systematics and 6°’Feprim (€.8., 6°’Feprim Vs (Sm/Yb)em and Tig; see
Supplementary data | Fig. S1) indicates that the variation in Fe isotopes between eastern and
western S3o Miguel is not a function of the degree of partial melting in the S3o Miguel mantle
source. It is, however, intriguing that the low melting degree of eastern and western Sao
Miguel results in lighter Fe isotopic compositions compared to the Azores islands of Sdo Jorge,
Pico, Faial, Terceira, Jodo de Castro and Graciosa (Fig. 4). Melting at higher melt degrees
results for the Azores lavas in low Ba/Nb, Rb/Nb and La/Nb at heavier 6°’Feprim, whereas
western S3o Miguel lavas show lighter 6°’Feprim at similar trace element ratios. Eastern Sdo
Miguel lavas, showing the lightest 6°’Feprim, deviate towards elevated Rb/Nb and La/Nb ratios.
Such enrichment in incompatible elements, here pronounced deviation of eastern Sao Miguel
in 6°’Feprim vs Rb and La (Fig. 4c, e), combined with light §°’Feprim suggests that the otherwise
enriched component of eastern Sao Miguel might have experienced fractionation processes
other than crystal fractionation, that lead to a light Fe isotopic signature (e.g., mantle

metasomatism in Fig. 4).
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Figure 4. a) Ba, b) Ba/Nb, c) Rb, d) Rb/Nd, e) La, f) La/Nb vs 6°’Feprim. Azores (S3o Jorge, Pico,

Faial, Terceira, Jodo de Castro and Graciosa) are from Soderman et al. (2021).
3.5.3 Light Fe isotopes of eastern Sao Miguel — mantle metasomatism

To characterise melts and fluids that can act as metasomatising agents in the mantle, it is
crucial to understand the Fe isotopic composition of metasomatising agents and how such
material alters the inherited Fe isotopic composition of upwelling mantle material.
Considering the subduction of MORB and a small input of continental sediments, which show
a wide range with 6°’Fe +0.08 to +0.90%. (Du et al., 2017) or arc system sediments with 6°’Fe
+0.17%o (Nebel et al., 2015) and loss of light Fe isotopes during hydrothermal alteration (El
Korh et al., 2017), most subducted recycled slab components are expected to show a heavy
Fe isotopic signature of 8°’Fe > +0.15%o. However, in a model in which enriched mantle
components (where enriched refers to radiogenic isotopes) are derived from subducted

oceanic crust and/or lithosphere and sediments, a subduction component must exist that is
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also isotopically light and not heavy in Fe isotopes. Light Fe isotope values have been
associated with slab derived melts, subducted sediments, CO»-rich fluids or carbonatitic melts
(Beard and Johnson, 2004; Williams et al., 2005; Weyer and lonov, 2007; Poitrasson et al.,
2013; Zhao et al., 2010; Zhao et al., 2012; Johnson et al., 2010; Rouxel et al., 2003).

Mantle metasomatism involving such metasomatising agents has been described at
several OIB locations, for example, Hawai’i, Pitcairn, Samoa, Fernando de Noronha Island,
Kerguelen Island, and the Island of Santa Maria as part of the Azores (Hauri et al., 1993;
Schiano et al., 1994; Mattielli et al., 1999; Kogarko et al., 2001; Beier et al., 2013; Wang et al.,
2018; Sobolev et al., 2000; Weyer and lonov, 2007; Poitrasson et al., 2013). Based on element
ratios of Ti/Sm and K/La, Beier et al. (2013) show that mixing of carbonated peridotite with
melts from a volatile free garnet peridotite (ratio 20:80) can explain the geochemical
composition of Santa Maria. However, a carbonatite melt-mantle mixing model
(Supplementary data | Fig S3) and mass balance calculations show that the carbonatitic melt
must be unrealistically heavy to achieve the average Fe isotopic composition of eastern Sao
Miguel’s lavas: Considering mass balance calculations, 1% of a carbonatitic component cannot
explain the Fe isotopic composition of eastern Sao Miguel’s lavas: assuming that a carbonatite
and anhydrous peridotite melt show equal proportions of Fe and considering a contribution
of 1% carbonatitic component with 8°’Fecarbonatite = -0.45%0 to a peridotite with &°’Feprim =
+0.05%o, by mass balance, a 6°’Feprim of ~ +0.05%0 (min. §°’Feprim of eastern Sdo Miguel lavas)
can be achieved. The value of 6°’Fecarbonatite = -0.45%o is a reasonable estimation of
carbonatite magmas that are in equilibrium with silicate melts (Johnson et al., 2010). To
achieve the average &°’Feprim of ~ +0.08%0 of eastern S3o Miguel’s lavas, a mixture of
peridotite with 8°’Feprim = +0.05%0 and 6°’Fecarbonatite = +3.0%o (ratio 99:1) is needed. Such
heavy Fe isotopic compositions have not been analysed in carbonatites (Johnson et al., 2010).
Irrespective of the true proportions and endmember compositions, considering simplified
mass balance calculations, it is apparent that 1% of a carbonatitic component shows either
no change between the Fe isotopic composition of the source and the melt or must be
unrealistically heavy to achieve the average Fe isotopic composition of eastern Sdo Miguel’s
lavas. Increasing the mixing ratio to 80:20 will result in 8°’Feprim < +0.05%0 and, additionally,

contradicts our calculated carbonatite melt-mantle mixing model (Supplementary data | Fig
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S3). Thus, we exclude the possibility of a carbonatitic melt as a metasomatising agent for

eastern Sao Miguel’s lavas.

A characterisitic that might indicate mantle metasoamtism is the enrichment in K,O and
Rb/Sr of eastern Sdo Miguel compared to western Sdo Miguel and other Azores islands (Fig.
5). This enrichment indicates the contribution of a potassium (K)-rich mineral, possibly
amphibole, phlogopite or its high-pressure equivalent K-hollandite (LaTourrette et al., 1995).
Phlogopite is a mineral associated with mantle metasomatism (Xiao et al., 2010; Zhao et al.,
2012; Safonov et al., 2019) showing heavy 6°’Fe +0.32 to +0.49%. (Zhao et al., 2012; Zhao et
al., 2010). An interaction of phlogopite with the melt sourcing eastern Sdo Miguel is expected
to result in heavy Fe isotope values. Interestingly, with the enrichment in K and Rb/Sr,
8°’Feprim is decreasing (Fig. 6a, c) and 8/Sr/®Sr is increasing (Fig. 6b, d). Solutions to this
conundrum could be that (1) the metasomatic agent with a light Fe isotopic composition
altered the Fe isotopic composition of eastern Sdo Miguel’s lavas to a larger degree than
phlogopite; (2) phlogopite was produced at a later stage as a by-product of metasomatism
(Zzhao et al., 2017); (3) phlogopite is a cryptic residue, which would explain the covariation of

Sr, Nd and Pb isotopes with K,O and Rb/Sr (Fig. 5).
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Figure 5. a) 8°’Feprim Vs K20, b) #Sr/%Sr vs K,0, ¢) 8’ Feprim Vs Rb/Sr, d) 8Sr/%Sr vs Rb/Sr. Increasing K>0
and Rb/Sr indicate the influence of phlogopite or K-rich hollandite. Azores (Sdo Jorge, Pico, Faial,

Terceira, Jodo de Castro and Graciosa) from Soderman et al. (2021).
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The sum of observations, including the low melting degree (Beier et al., 2013), indicate
that a small volume of a hydrous silicic K-rich melt could act as a metasomatizing agent. This
is further supported by covariations between KO and Rb/Sr and radiogenic isotopes (e.g., Fig.
6b, d and Supplementary data | Fig. S3). Considering that small amounts of such
metasomatising agent mixes with peridotite, the range in 6°’Feprim of +0.05 to +0.12%. can be
reached, depending on the mixing ratio (e.g., ratios between 99:1 and 80:20) of eastern Sao

Miguel’s lavas.

Beier et al. (2007) discuss the possibility of a basaltic melt as a metasomatic agent but
conclude that a basaltic melt as recycled oceanic crust, and not as a metasomatising agent,
can explain trace element patterns and radiogenic isotope signatures of eastern Sdo Miguel’s
lavas. Given the good co-variation between radiogenic isotopic ratios and 6°’Feprim We cannot
exclude this possibility. However, if eastern S3o Miguel’s lavas are sourced by a simple
recycled oceanic crust, we would have expected an 8°’Feprim > +0.15%0 (Williams and Bizimis,
2014). Furthermore, a “basaltic under-plate within an ancient, recycled oceanic lithosphere”
has been suggested by Elliott et al. (2007). Such ancient lithosphere is presumably lighter than
the BSE in its Fe isotopic composition (Nebel et al., 2014), because it has not experienced
fractionation processes compared to an oceanic crust which has a 6°’Feprim of +0.10%o (Sossi
et al., 2016). The Fe isotopic composition of the underplated basalt can only be assumed.
Expecting that this basalt has experienced fractionation process, we suggest that such
underplated basalt shows a 8°’Feprim = +0.10%0, which is equal to or heavier than MORB.
Mixing of ancient lithosphere with &°’Feprim < +0.05%0, underplated basalts with &°’Feprim >
+0.10%., and peridotite with 8°’Feprim = +0.05%o, results in lighter Fe isotopic compositions
than observed for lavas from eastern Sao Miguel. Note, if the basaltic underplate iron isotopic

compositions of 6°’Feprim 2+0.3%o the Fe isotopic signature of eastern Sdo Miguel lavas can be

achieved.

The mantle material sourcing eastern S3o Miguel remains unresolved; however, it is
striking that extreme radiogenic isotopic ratios show a light Fe isotopic composition. Western
Sao Miguel lavas demand another explanation given their less enriched radiogenic isotopic
signature and heavy Fe isotopes with 6°’Feprim = +0.09%o. Thus, a different scenario is needed

to explain the heavy Fe isotopic signature of western Sao Miguel’s lavas.
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3.5.4 The heavy Fe isotopic signature of western Sdo Miguel — Influence of tectonic
setting

Western Sao Miguel are isotopically too heavy (1) to be ascribed to metasomatism by
silicic or carbonatitic melt with a light Fe isotopic composition and (2) to simply reflect partial
mantle melting processes of peridotite, which, following modelling, do not exceed values of

d>’Fe +0.15%o for a melt fraction < 0.1 (Foden et al., 2018).

A clue as to why western Sao Miguel samples are isotopically heavier is their geographic
location, which argues for a crustal control on the geochemical signature of these lavas. When
projected against the longitude and tectonic structure of Sao Miguel (Fig. 6), it becomes
apparent that all lavas except the outlier sample SM0133 are located along the Terceira Rift,
a tectonic structure that runs through the NW part of the island. Melting at a rift setting
(Terceira Rift) may thus have a considerable influence on the Fe isotopic composition of
western Sdo Miguel’s lavas, and in analogue also radiogenic isotopic systematics. More
MORB-like radiogenic isotopic systematics in Sr-Nd-Pb isotopes indicate the presence of an
upper mantle melting component, which is in line with low, MORB-like 3He/*He ratios

associated with the Terceira Rift (Madureira et al., 2011; Kurz, 1991; Kurz et al., 1990).

Compared to OIB, MORB show a homogenous Fe isotopic signature of §°’Fe +0.15 +
0.01%o (Chen et al., 2019; Teng et al., 2013) but can deviate towards heavier Fe isotopes with
8°’Fe > +0.15%o (Sun et al., 2020). Such heavy Fe isotopic signatures at mid-ocean ridge
settings have previously been associated with melting of pyroxenitic veins in the lithosphere
(Sun et al., 2020). A contribution of a pyroxenitic source to explain heavy Fe isotopic
signatures has been discussed for other Azores locations (Sao Jorge, Pico, Faial, Terceira, Jodo
de Castro and Graciosa; Soderman et al.,, 2021). If such Fe isotopic heterogeneities,
tentatively coupled with a more fertile source, exist as “streaks” in the lithosphere, this may

explain some of the heterogeneity observed in OIB.

Alternatively, ultraslow spreading ridge settings have recently been associated with heavy
Fe isotopic compositions (Richter et al., 2021). Is has been argued that lavas erupting at
ultraslow spreading ridges preserves the inherited Fe isotopic composition of the source
(Richter et al., 2021), which aligns with our samples. Simple addition of a low-degree melt

fraction of upper mantle peridotite, associated with the Terceira Rift, appears to be the most
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plausible explanation for the observed variability in Fe and radiogenic isotopes. The most
westerly samples (outlier excluded) in Figure 6b would therein reflect the most affected lavas
through this process, whereas samples towards the east experienced a dilution effect through

more plume melt components.
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Figure 7. a) Map modified after Beier et al. (2007) showing the sample localities, detailed description
in Fig. 1b. b) Longitude vs 8°’Feyrim With western Sdo Miguel samples along the Terceira Rift showing
heavier Fe isotopes than eastern Sdo Miguel. An overlap occurs for lavas on the Waist Zone. Agua de
Pau and Nordeste show comparable Fe isotope data to the Waist Zone. One sample of western Sdo
Miguel deviates from eastern and western Sdo Miguel by showing a 8°’Feprim of -0.02%o. This sample

lies not on the Terceira Rift.
3.6 Geodynamic implications
The distinction of western and eastern Sdo Miguel can be made based on their Fe isotope

systematics, despite the binary mixing array in radiogenic isotopes. A separate plumbing

system beneath eastern and western Sao Miguel has previously been describe by Haase and
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Beier (2003) to explain the diverse radiogenic isotopic signature of eastern and western Sdo
Miguel. In the scenario advocated here, eastern Sdo Miguel shows a lighter Fe isotopic
composition with more radiogenic isotopic ratios than western Sao Miguel. Covariations
between radiogenic isotopic ratios of Sr, Nd and Pb with stable Fe isotopes of the primary

melt suggest two different sources for eastern and western Sao Miguel.

3.7 Conclusions

Combined radiogenic Sr-Nd-Pb mantle array proxies with stable Fe isotopic compositions
of primary melts from western and eastern S3o Miguel reveal a complex mantle melting
scenario. A correction for igneous differentiation only erases minor variability in Fe isotopic
compositions. Consequently, the Fe isotope variability in lavas from S3ao Miguel is not only
dependent on differentiation processes occurring during magmatic cooling but also strongly
depends on the initial Fe isotopic composition of mantle components. Based on co-variations
of stable Fe and radiogenic Sr-Nd-Pb isotopes, the melting regime below Sdo Miguel requires
a scenario in which eastern S3ao Miguel represents a component enriched in radiogenic
isotopes and light in Fe isotopes. Mass balance calculations revealed that a carbonatitic
component acting as a metasomatising agent cannot account for this light Fe isotopic
composition. Rather, the mantle component is suggested to be derived from a source that
might have experienced mantle metasomatism by a silicic K-rich melt. This indicates that
other light Fe isotopes in OIB settings may also be related to mantle metasomatism, noting
that this type of overprint can be very diverse in composition and associated radiogenic

isotope systematics.

The heavy Fe isotopic signature of western S3o Miguel’s lavas is likely influenced by
melting at an ultraslow rift setting. Here, western Sdo Miguel’s lavas might have experienced
enrichment in Fe isotopes and incompatible elements by partial melting of presumably
peridotite of lower crustal assemblages. The superimposed addition of this component to the
original S3o Miguel lavas creates a mixing trend in radiogenic isotopes, in parts obscuring the

true nature of a common mantle source underneath the island.
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I.  Supplementary data |

Sample selection

Ocean island basalts (OIB) can be divided into alkali and tholeiitic lavas through major

element systematics of Na,O+K;0 vs SiO; (Fig. S1). Eastern Sao Miguel lavas can be ascribed

to Trachybasalts, with one outlier being identified as a basalt. Western Sdao Miguel lavas have

been identified as basalts.
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Figure S1. Total alkali-silica diagram (TAS diagram) after Le Bas et al. (1986b) and division lines after
Le Maitre (1989). Sdo Miguel lavas can be ascribed to alkali basalts plotting above the division line,

ranging from basalts to trachybasalts.
Discussion — melting degree

To assess the degree of partial melting in S3o Miguel’s lavas, we compare REE ratios, FeO
and TiOy, both crystal fractionation-corrected to 8.0 wt. % MgO (Feso and Tiso; Plank and
Langmuir, 1992; Taylor and Martinez, 2003), to 6°’Feprim. TO avoid error in correction we only
corrected samples with 4.4 — 9.8 wt. % MgO (Taylor and Martinez, 2003; Plank and Langmuir,
1992). In ratios of light REE relative to middle REE (La/Sm)pm, the lavas from western Sio
Miguel range from 2.7 to 3.1 and lavas from eastern Sdo Miguel from 2.8 to 3.6 (Fig. S2a). In
ratios of middle REE relative to heavy REE with (Sm/Yb)em the lavas are ranging from 4.7 to

5.0 for western Sdo Miguel and from 3.8 to 4.9 for eastern Sdo Miguel (Fig. S2b). Comparing
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these ratios to 6°’Feprim, Wwe do not observe any correlation of the REE with 8°’Feprim.
Additionally, eastern Sdo Miguel as well as western Sdo Miguel show no co-variation with

either Fegoor Tigo Vs 6°’Feprim (Fig. S2¢, d).

It can be argued that western and eastern Sao Miguel show a slightly lower melting degree
than the other Azores islands (Sdo Jorge, Pico, Faial, Terceira, Jodo de Castro and Graciosa)

when compared in (La/Sm)pmand (Sm/Yb)pm.
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Figure S2. 8°’Feprim vs a) (La/Sm)pm and b) (Sm/Yb)em. Both (La/Sm)em and (Sm/Yb)em are primitive
mantle normalised Rare Earth Element (REE) ratios (Sun and McDonough, 1989). For western Sado
Miguel sample SM0140 with 8°’Feprim = +0.16%o La, Sm and Yb have not been analysed. §>’Feprim Vs c)
Nagoand d) Tiso, with Na,O and TiO; crystal fractionation corrected to 8 wt. % MgO after Plank and
Langmuir (1992) and Taylor and Martinez (2003). The FeO contents increase with increasing pressure
and TiO; increases with decreasing melting degree (Taylor and Martinez, 2003; Plank and Langmuir,
1992). Data for the rest of the Azores islands (Sdo Jorge, Pico, Faial, Terceira, Jodo de Castro and

Graciosa) are from (Soderman et al., 2021).
Discussion — mantle metasomatism

The radiogenic isotopic signature of Sr-Nd-Pb of western Sao Miguel is similar to those
observed elsewhere for carbonatitic mantle components (Ernst, 2014; Hoernle et al., 2002;

Castillo et al., 2018). Eastern S3o Miguel’s radiogenic isotopic composition is unique among
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OIB but does not exclude a carbonatitic component. Similar high Rb/Sr, low Sm/Nd and
enhanced Th/U and U/Pb ratios have been stated for continental carbonatites in East Africa
(Simonetti and Bell, 1994; Grinenfelder et al., 1986). We apply a carbonatite melt-mantle
mixing model with the ratio mantle-melt of 99:1 (Grassi et al., 2012) to quantify the influence
of a carbonatitic component or the contact with a carbon-rich mantle reservoir in Sdo Miguel.
The model shows the radiogenic Nd, Sr and Pb isotopic evolution of DMM, when interacting
with a carbonatitic component, generated at 1.5 Ga and consisting of 94 wt.% pelagic material
with an initial &Sr/%Sr of 0.7074 (Rehkamper and Hofmann, 1997) and 6 wt.% marine
carbonate with an initial 8’Sr/2%Sr of 0.7060 (Mirota and Veizer, 1994). Kelley et al. (2005) and
Bach et al. (2003) suggest that during subduction-driven dehydration, the fractionation of Pb
and U is large and can cause Pb- and U-loss ranging from 54 — 98% for Pb and from 25 — 50%
for U. In our model we adopt a Pb- and U-loss of 65% and 25%, respectively (Kelley et al.,
2005). We assume that carbonate was introduced into the mantle during subduction and is
partially molten at depth during subduction (Rohrbach and Schmidt, 2011). The applied
melting pressures of 13 and 22 GPa show that a source (here DMM from Salters and Stracke
(2004)) interacting with 0.5 — 1.0% of a carbonatitic component can create the Nd, Sr and Pb
radiogenic isotope trajectory formed by eastern Sdo Miguel (Fig. S3). The melting pressure of
13 and 22 GPa were adapted from Grassi et al. (2012) and represent pressure conditions at
the transition zone at 660 km, suggesting an interaction of mantle plume material and a
carbonatitic component at great depth (Spandler et al., 2010). Our calculated percentage of
a 0.5 — 1.0% carbonatitic component is, however, not coherent with Beier et al. (2013), who
calculated that a mixing of 20% carbonated component with volatile free garnet peridotite

can generate lavas from Santa Maria.

We assume that the small percentage of < 1.0% contamination by a carbonatitic
component preserves the radiogenic isotopic signature of any additional mixing with an
enriched component. However, element fractionation strongly affects the Pb isotopic
signature leading to more radiogenic Pb ratios than we observe in OIB (Grassi et al., 2012)
that are coherent with eastern Sdo Miguel lavas. The effect of carbonate recycling at small
melting degrees on radiogenic Pb isotopes within the mantle concomitant with elevated U
relative to Pb and Th has been recognised by several studies (Castillo, 2016; Castillo, 2015;
Castillo et al., 2018; Dasgupta et al., 2009; Bell and Tilton, 2001). Notably, a recent study
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discusses radiogenic Pb isotopic signatures of OIB in combination with ancient seawater,
which leads to enriched U but unchanged Th concentrations (Pettke et al., 2018). Ancient
seawater can impart a radiogenic Sr isotopic signature with 87Sr/86Sr > 0.704 and cannot be
excluded as a possible factor causing alteration or contamination of a carbonatitic component

(Veizer, 1989; Veizer et al., 1989; Shields and Veizer, 2002).

The sum of observations, including the low melting degree of Sdo Miguel’s lavas, indicate
that a contribution of a small degree carbonatitic component cannot explain the 6°’Feprim of

eastern or western S3o Miguel’s lavas.
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Figure S3. a) ®Sr/%Sr vs 1Nd/***Nd and b) 2°°Pb/?**Pb vs 2%8Pb/?**Pb of eastern and western Sdo
Miguel as well as Azores. Eastern and western Sdo Miguel data from (Beier et al., 2007; Turner et al.,
1997; Prytulak et al., 2014), Azores data from Soderman et al. (2021) and additional data obtained
from GEOROC (http://georoc.mpch-mainz.gwdg.de/georoc/). Mixing line represents mixing of DMM
with a carbonatitic component evolved at 1.5 Ga (for details of experimental data and modelling see
Grassi et al., (2012)). Composition of present day DMM from Salters and Stracke (2004). Two mixing
lines of a carbonatitic component generated at 13 GPa and 22 GPa are shown. Eastern S3o Miguel
follows the mixing line between DMM and a carbonatitic component at 22 GPa and shows that an
addition of 0.5 - 1.0% of a carbonatitic component to DMM produces the range of eastern Sao Miguel

lavas in Nd and Sr system and a similar range in Pb systems.
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Phlogopite or high K-hollandite indicators vs radiogenic isotopic ratios
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Figure S3. a) 2°8Pb/2%*Pb vs K,0, b) 2%Pb/%**Pb vs K,0, c) 2°Pb/?**Pb vs Rb/Sr, d) 2°°Pb/2**Pb vs Rb/Sr, e)
Nd/*Nd vs K,0, f) &Sr/8Sr vs K,0, g) 1**Nd/**Nd vs Rb/Sr, h) 8Sr/%Sr vs Rb/Sr.
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II.  Supplementary data Il

Table S1. Major element (wt. %) and trace element (ppm) data of lavas from Sdo Miguel compiled from Beier et al. (2006), Beier et al. (2007), Prytulak et al. (2014),

Turner et al. (1997), and Elliott et al. (2007).

Sample LATI-  LONGI-

No. TUDE TUDE SIO2 TIO; ALOs FEOr CAO MGO MNO KO NA;O P.0s SC \Y CR co NI CU
West

SM0140 37.80 -25.70 4431 2.79 10.79 11.18 12.78 1241 0.18 1.15 225 045 n.d. 283.90 1056.00 n.d. 365.00 n.d.
SMO0133 37.52 -25.52 47.09 340 1333 1045 11.03 8.60 0.17 1.58 283 057 2814 297.13 449.49 4492 121.78 67.80
SM0102 37.90 -25.82 45.17 2.82 10.44 1045 1099 14.26 0.17 1.41 2.02 047 29.05 228.99 705.03 59.72 311.23 74.87
513DS-1

Wr 37.88 -2594 4695 274 1233 10.73 10.97 12.13 0.17 1.38 256 048 24.10 n.d. 996.00 44.60 319.00 70.50
SM9704A 37.75 -25.71 4571 344 1276 10.73 11.14 9.81 0.17 1.06 2,55 052 19.90 n.d. 670.00 48.60 185.00 25.90
S1 37.80 -25.50 4531 4.09 1411 1238 1041 7.76 0.17 1.70 3.16 058 24.83 289.77 269.94 47.32 94.55 67.41
SM7 37.80 -25.50 4580 345 13.60 11.07 11.70 8.56 0.17 1.33 272 054 n.d. 319.00 n.d. nd. 153.00 n.d.
S10 37.80 -25.50 45.12 3.76 14.02 11.76 10.81 8.33 0.17 1.75 287 066 2751 313.01 31497 5043 112.31 82.39
SP2 37.80 -25.50 45,53 4.07 13.89 12.23 10.36 7.93 0.18 1.69 3.09 059 2497 299.13 297.50 49.15 103.20 79.86
East

SM0170 37.77 -25.48 48.70 3.10 16.57 9.87 7.79 4.41 0.18 2.60 416 0.84 10.78 141.67 26.24 23.82 17.60 18.43
SM0128 37.60 -25.40 48.77 3,55 15.31 10.60 8.11 4.03 0.16  2.25 344 069 13.71 218.28 1.61 29.28 2144  41.79
SM9716 37.77 -25.16 48.33 392 14.69 11.95 8.80 5.52 0.16  2.08 298 054 19.20 n.d. 152.00 40.00 95.00 28.10
SM0204 37.80 -25.50 4463 354 1184 11.84 1190 10.41 0.17 1.24 192 041 n.d. n.d. 27.00 n.d. 5.00 n.d.
S3 37.80 -25.50 46.43 359 1422 11.59 9.47 8.34 0.17 1.87 324 064 2123 260.66 280.79 46.29 149.10 67.66
SP8 37.80 -25.50 48,09 294 13.49 10.70 8.69 9.10 0.17 2.49 3.17 043 21.63 230.89 358.13 51.61 158.83 75.86
Excluded

data

SM0106 37.53 -25.47 61.23 0.72 17.64 2.72 1.46 0.48 0.17 5.17 6.85 0.09 191 10.44 1.07 0.58 0.26 1.53
SMO0134 37.52 -25.52 5456 192 17.35 6.60 4.86 2.41 0.19 361 5.63  0.62 5.63 95.00 1.38 8.28 0.39 3.42
515DS-1 37.86 -25.99 59.29 1.28 18.69 5.34 3.53 1.58 0.19 4.32 599 0.38 3.16 40.58 2.25 495 1.75 3.29
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Table S2a. Trace element (ppm) data of lavas from Sdo Miguel compiled from Beier et al. (2006), Beier et al. (2007), Prytulak et al. (2014), Turner et al. (1997), and

Elliott et al. (2007).

Sample No. | ZN RB SR Y ZR NB MO CS BA LA CE PR ND SM EU GD TB DY
West

SM0140 84.00 24.00 505.00 29.00 204.00 4700 n.d. n.d. 544.00 n.d. n.d. n.d. n.d. nd. n.d. nd. nd. n.d
SM0133 98.70 39.04 714.64 2821 30545 60.71 2.02 0.23 517.84 42.45 8833 11.02 44.05 882 267 7.54 1.08 5.57
SM0102 84.32 32.27 533,57 19.54 226.44 4482 184 0.28 348.39 33,55 7142 885 3554 7.17 213 6.04 0.86 451
513DS-1 Wr | 90.00 28.50 622.00 19.30 259.00 48.00 1.90 0.32 404.00 36.60 7550 9.51 3830 793 243 6.70 096 5.16
SM9704A 82.60 22.60 615.00 23.20 207.00 4570 1.86 0.05 359.00 30.50 64.60 804 3350 7.13 222 6.61 0.92 497
S1 112.49 45.60 760.95 30.90 330.55 70.65 n.d. 034 49397 4180 91.78 12.12 4899 9.96 3.11 9.00 135 6.90
SM7 n.d. 31.40 699.00 25.60 242.00 5990 n.d. n.d. 449.00 39.00 90.00 9.80 38.00 8.04 nd. 733 1.09 542
S10 109.08 45.75 759.40 27.97 331.79 68.78 n.d. 0.35 485.07 42.15 89.77 11.60 46.18 9.15 2.86 821 1.24 6.27
SP2 116.71 47.34 766.27 30.60 34595 7439 nd. 038 486.76 4234 9260 12.10 4879 9.89 3.05 887 134 6.84
East

SM0170 109.84 65.72 995.33 36.49 44396 89.64 3.14 0.61 767.35 73.39 153.39 1891 73.88 14.20 4.19 1191 1.70 8.84
SM0128 107.40 5472 743,59 3829 40392 7176 2.78 0.16 773.00 60.77 126.46 1573 6231 1290 3.76 11.45 1.68 8.96
SM9716 99.50 55.30 624.00 38.80 389.00 6240 241 0.16 487.00 59.10 112.00 13.60 53.00 10.50 3.04 9.75 1.34 7.67
SM0204 88.00 35.52 549.86 25.85 25266 4288 nd. 036 372.64 3221 67.73 859 3509 7.44 230 6.65 0.97 5.12
S3 116.06 51.37 819.27 3098 373.73 77.86 n.d. 0.50 530.78 47.51 101.74 13.24 51.83 10.22 3.16 9.07 1.37 6.92
SP8 101.49 67.82 536.56 27.93 377.68 72.66 n.d. 0.60 353.16 44.82 9313 1158 4374 851 242 761 117 6.04
Excluded

data

SM0106 92.09 132.83 313.47 39.69 807.93 166.11 2.06 0.29 1397.96 98.80 190.21 1896 63.42 10.28 2.88 7.92 1.23 6.65
SM0134 112.85 86.08 814.11 41.78 572.38 129.82 2.57 0.62 1008.24 81.26 163.93 19.09 71.58 13.45 3.98 11.17 1.62 8.81
515DS-1 92.08 1090.07 543.18 33.71 607.16 130.14 0.97 0.26 nd. 89.48 17291 19.36 68.03 11.84 332 9.65 144 7.76
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Table S2b. Trace element (ppm) data of lavas from Sdo Miguel compiled from Beier et al. (2006), Beier et al. (2007), Prytulak et al. (2014), Turner et al. (1997), and
Elliott et al. (2007).

Sample
|\F1)o. HO ER TM YB LU HE TA PB TH U ND/MIND #SR/%SR 20°PB/2"pp 207pp/20tpp  208pp/204pp
West
SM0140 | nd. n.d. nd. nd. nd nd. nd. n.d nd. n.d. 0.5129 0.7035 n.d. n.d. n.d.
SM0133 | 0.98 2.45 0.31 193 0.27 6.33 3.64 204 457 1.24 0.5129 0.7033 19.45 15.58 39.24
SM0102 | 0.80 1.97 0.26 1.57 0.22 5.95 294 n.d. nd. n.d. 0.5128 0.7041 19.62 15.64 39.61
513DS-1
Wr | 093 228 029 176 024 598 334 205 382 1.14 0.5130 0.7033 19.33 15.56 39.05
SM9704A | 0.89 2.19 0.28 1.7 024 536 3.04 193 367 1.08 0.5129 0.7037 19.65 15.63 39.51
§S11119 298 nd. 231 0.33 7.76 4.25 2.66 454 1.25 0.5128 0.7042 19.71 15.65 39.72
SM7 | 097 242 nd. 187 027 583 3.76 2.07 375 1.08 0.5129 0.7034 19.47 15.59 39.25
§10 | 1.07 2.70 n.d. 2.06 0.30 6.99 3.97 290 484 1.27 0.5128 0.7050 19.81 15.70 39.97
SP2 | 1.17 294 n.d. 2.28 033 7.58 427 266 457 127 0.5128 0.7042 19.75 15.65 39.38
East
SM0170 | 1.57 3.95 0.52 3.16 0.45 11.72 6.08 3.96 nd. n.d. 0.5128 0.7044 19.81 15.70 39.95
SM0128 | 1.61 4.07 0.54 3.31 046 1065 485 3.85 7.25 1.79 0.5127 0.7052 19.90 15.73 40.09
SM9716 | 1.43 3.69 0.50 3.06 044 899 4.18 3.46 6.98 1.59 0.5127 0.7062 20.16 15.80 40.43
SM0204 | 0.90 2.23 0.29 174 0.24 568 272 142 395 1.03 0.5128 0.7043 19.69 15.68 39.75
S3 1119 302 nd. 235 033 8.04 448 3.04 504 144 0.5128 0.7045 19.76 15.67 39.88
SP8 | 1.05 2.70 n.d. 217 032 7.82 409 391 643 177 0.5128 0.7048 19.79 15.67 39.87
Excluded
data
SM0106 | 1.26 3.52 0.51 3.42 0.50 1442 828 7.13 1525 3.49 0.5129 0.7036 19.51 15.60 39.35
SM0134 | 1.62 4.23 0.57 3.54 050 1241 7.62 4.44 1096 284 0.5129 0.7035 19.43 15.58 39.23
515DS-1 | 1.44 3.81 0.54 3.49 050 15.15 873 6.13 1346 1.76 0.5129 0.7036 19.50 15.61 39.37

171 | Page



CHAPTER 4



Chapter 4

4. Iron isotope systematics during igneous differentiation in Kea- vs. Loa-trend lavas,

Hawai’i

Saskia Ruttor®”, Oliver Nebel?, Yona Nebel-Yacobsen?, Marc D. Norman?, Mark A. Kendrick?, Angus

Rogers?

1 School of Earth, Atmosphere and Environment, Monash University, Melbourne, 3800 Clayton,

Australia, saskia.ruttor@monash.edu
ZResearch School of Earth Sciences, The Australian National University, Canberra ACT 2601, Australia

3School of Earth and Environmental Sciences, The University of Queensland, St Lucia, Queensland

4072, Australia

Abstract

The Big Island of Hawai’i is currently the most active site of magmatic activity in the Hawaiian
chain of volcanoes that are associated with a mantle plume in the Pacific Ocean. Mantle
source variability and magmatic processes have both been proposed to significantly affect
lava chemistry at the Big Island, which is most prominently illustrated in a radiogenic isotope
dichotomy of the so-called ‘Kea-’ and ‘Loa-trend’. Here, we present stable Fe isotopes (6°7Fe),
complemented by radiogenic 76Hf/Y77Hf, in lavas from the Pu‘u ‘O‘0 vent on the East Rift Zone
of Kilauea (Kea trend) and from the Southwest Rift Zone from Mauna Loa (Loa trend). In Hf
isotopic space, Pu‘u ‘0’6 lavas range from eus = +9 to +13, aligning with published values of
lavas from the ‘Kea-trend’. Mauna Loa basalts and picrites presented here, have values
ranging from exs = +8 to +11, which coincide with reported exf values of the Loa-trend. The
Pu‘u ‘O‘6 lavas with an average 6°’Fe of +0.15 %o at MgO ~ 7 wt. % fall on a crystal
fractionation trend dominated by olivine crystallisation identical to that represented by lavas
from the Kilauea Iki lava lake. Mauna Loa basalts and picrites define an overlapping trend that
extends to lighter 6°’Fe of +0.06 %o at MgO ~ 16 wt. %, being affected by both, olivine
crystallisation and accumulation. Pu‘u ‘O‘0 and Mauna Loa lavas show outliers in §°’Fe that
tend towards 6°’Fe < +0.05 %o, that is lighter than primitive mantle or mid ocean ridge basalts.
On athree-isotope plot it is evident that the samples, have undergone multiple processes that
erased the inherited Fe isotopic signature of these lavas. This suggests that there is no closed

magma chamber present underneath both Pu‘u ‘O‘6 and Mauna Loa but rather an open
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magmatic system, which can experience re-charging events, masking processes that influence
Fe isotopes, i.e., source inheritance or melting degree. The similar Fe isotopic variations of
Mauna Loa and Pu‘u ‘O‘6 suggest that both lava suites have undergone similar fractionation
processes during partial melting. Both lava suites show heavy Fe isotopic compositions, with
Pu‘u ‘O‘G showing the heaviest at §°’Fe +0.30 %o. An inherently heavy Fe isotopic signature
(>0.15 %o) in addition to fractionation processes is required to explain some of the high values
measured here for which no geochemical proxy can be identified. With our new stable Fe
isotope data, we show that lavas which travel through a plumbing system undergo multiple
fractionation processes. Crystal fractionation and accumulation results in small changes and
can be corrected for. Source inheritance and melting degree are, however, masked by

possible re-charging events of the plumbing system.
Keywords: Hawai’i, Fe isotopes, source inheritance, magmatic processes, crystal fractionation

4.1 Introduction

Hawaii’s big island is the most voluminous expression of a mantle plume on Earth and one
of the most productive magmatic systems with an average annual lava production of > 25
million m3. During the past 5 Myrs, ocean island basalts (OIB) from Hawai’i formed two
geochemically distinct, parallel chains of volcanoes, the ‘Kea-’ and ‘Loa-trend’ (Jackson et al.,
1975). The ‘Kea-trend’ is characterised by less radiogenic isotopes (hereafter referred to as
‘depleted’) and exemplified by lavas erupting from Kilauea, whereas the ‘Loa-trend’ displays
more radiogenic isotopes (termed ‘enriched’ hereafter) and sampled by lavas erupting from

Mauna Loa (e.g., Abouchami et al., 2005; Tatsumoto, 1978; Weis et al., 2011).

Global OIB are characterised by a range of enriched vs depleted isotope systematics that
are associated with variable crustal components that have supposedly resurfaced in a
complex, deep mantle recycling. Stable Fe isotopes have been used to trace the character of
some of these enriched components (e.g., Ruttor et al., 2021; Soderman et al., 2021; Nebel
et al., 2019; Konter et al., 2016). However, the Fe isotopic composition of erupting lavas is
also affected by complex crystal fractionation and accumulation (Teng et al., 2008; Sossi et
al., 2016; McCoy-West et al., 2018; Teng et al., 2011; Schuessler et al., 2009; Weyer and lonov,
2007). This effect was illustrated by crystal fractionation trends in samples from the Kilauea

Iki lava lake with progressively heavier Fe isotope values along the liquid line of descent prior
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to magnetite fractionation (Teng et al., 2008). From these variations, it is clear that
petrogenetic processes can sometimes mask inherited, source related Fe isotopic

compositions.

To understand and quantify such petrogenetic processes that lead to masked Fe isotopic
signatures, we will compare enriched vs depleted lavas that have not experienced mixing and
homogenisation processes and cover a wide range in MgO to ensure lavas show olivine
fractionation and accumulation. Such lavas can be found on Kilauea and Mauna Loa. The Pu‘u
‘0’6 vent in the East Rift Zone of Kilauea was active for ~35 years from 1983 — 2018 and was
continuously geochemically monitored throughout this time (e.g., Garcia et al., 1996; Marske
et al., 2008; Poland et al., 2012; Garcia et al., 2021). It has been suggested that the magmatic
eruption at Pu‘u ‘O‘6 bypasses the summit magma storage beneath Kilauea, avoiding mixing
processes and homogenisation (Garcia et al., 2000; Garcia et al., 1996; Shamberger and
Garcia, 2007; Pietruszka et al., 2006). The plumbing system beneath Mauna Loa, is not as well
constrained (Robinson and Eakins, 2006). Mauna Loa’s magma reservoir is presumably
located at a depth of 3 — 4 km beneath the summit, similar to Kilauea (Poland et al., 2014).
Comparable with interpretations of Pu‘u ‘O‘6 and based on major and trace element data of
glasses in olivine-rich basalts, it is suggested that the magma erupted along the Southwest
Rift Zone of Mauna Loa bypasses Mauna Loa’s summit magma reservoir (Garcia et al., 1995).
Therefore, Pu‘u ‘O‘0 and Mauna Loa lavas may provide more direct insights into Hawai’ian

source material and melting processes and associated Fe isotope systematics.

In this contribution, we aim to investigate the nature and origin of the Fe isotopic
composition of tholeiitic, shield-building basalts from representative Loa and Kea Hawai’ian
volcanoes. For this, we combine published major and trace element compositions, radiogenic
Sr data (Garcia et al. 2021) and new Hf isotope data with stable Fe isotopes of submarine lavas

from Mauna Loa’s Southwest Rift Zone and Pu‘u ‘O‘0 lavas from Kilauea’s East Rift Zone.

4.2 Geological setting and samples

Hawai’ian islands form an age progressive chain of subaerial and submarine volcanoes in
the central Pacific Ocean. The island of Hawai’i (Big Island) is the largest island of this so-called

hotspot track, situated at the south-eastern end of the chain. Mauna Loa and Kilauea
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represent the currently active manifestations of the Loa and Kea trends on the Big Island of
Hawai’i. The whole-rock samples studied here are tholeiitic basalts (Supplementary data | Fig.
S1; Le Bas et al., 1986; Le Maitre et al., 1989) from the submarine Southwest flank of Mauna

Loa and from the subaerial Pu‘u ‘O‘G vent, located on the East Rift Zone of Kilauea (Fig. 1).

The submarine Mauna Loa samples were collected during a cruise of the Moana Wave in
1999 (Davis et al., 2003). The geological settings of samples analysed for this study include
radial vent (number of samples; n = 1), rift zone (n = 7), flank (n = 3) and landslides (n = 3).
The location of collection of the landslide samples is known, however, their primary location
of eruption is less clear. Given this uncertainty, the landslide samples will be highlighted in
the following and discussed separately. Radial vent and flank samples will be grouped
together. The Mauna Loa basalts analysed here are aphanitic to glassy and slightly vesicular
with variable proportions of olivine phenocrysts (Davis et al., 2003). The rift zone basalts
consist of 11 — 30 % modal olivine and have calculated normative olivine of 1 to 30 vol%. In
comparison, basalts from the radial vent, and flank have lower normative olivine of 0 — 17
vol%, and landslide samples have normative olivine of 0 — 39 vol%. The MgO contents of rift
zone samples range from 11.7 to 23.8 wt.%, radial vent and slope basalts range from 6.93 to

18.2 wt.%. Landslide samples show MgO of 6.89 — 25.3 wt.% (Table 1).

The subaerial samples of Pu‘u ‘O‘c are labelled according to the date the rock was
collected (e.g., day/month/year: 19/09/03), with samples covering eruptions between 2003
— 2005, 2010 and 2012 — 2014. Samples were collected mostly within one day after eruption
in a molten state and were quenched in water (Garcia et al., 2021). These artificially quenched
samples are aphyric to weakly phyric with small crystals of olivine and occasional
clinopyroxene and plagioclase within a glassy to cryptocrystalline matrix (Garcia et al., 2021).

MgO contents of the analysed samples range from 6.61 to 7.61 wt.% (Garcia et al., 2021).

176 |Page



Chapter 4

e AS6TW 155W
A Flank and Vent
[ Landslide
@ Rift Zone
O Pu‘u 0o
20°N|
| Mauna Kea
Mauna Loa
M26 fERL Kilauea (gl
Avpr  of o
A 5 S
M13 M30
L 0O M12 A
19°N_ D M17
| M18¢ M19
M1o @
oM2
M4 ¢

0 20 km

ot ot e e et s e e
| |

Figure 1. Dredged locations for Mauna Loa samples (M-) and Pu‘u ‘O‘6. SWRZ = Southwest Rift Zone,

NERZ, Northeast Rift Zone, ERZ = East Rift Zone indicated with black lines. The maps were made with

GeoMapApp (www.geomapapp.org; Ryan et al., 2009).

4.3 Analytical methods

Stable Fe and radiogenic Hf isotopes were analysed in a total of 23 whole-rock powders

representing 14 submarine lavas from Mauna Loa and nine subaerial lavas from Pu‘u ‘O‘6.

Major and trace element, as well as Sr isotopic data are taken from Prichard (2020) for the

Mauna Loa samples and Garcia et al. (2021) for the Pu‘u ‘O‘G lavas. The data is summarized

here for convenience (Supplementary data Il). In addition, two samples from Pu‘u ‘O‘G

(09/19/2003 and 10/15/2004) and three samples from Mauna Loa (M4-9, M19-24 and M1-

26) have been analysed for Sr isotopic data as part of this study to complement the existing

dataset.
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For Sr analyses, the chemical separation is outlined by Pin et al. (2014) and will be briefly
described here. Rock powder (~10 mg) was dissolved in a 1:1 mixture of concentrated HF-
HNOs at 180°C over 3 days in 15mL Savillex® beakers. After evaporation at 120°C, the samples
were treated three times with a drop of concentrated HNOsz + 0.5M HCl and to break down
CaF bonds. For chromatographic extraction, the resin Eichrom® Sr-Spec (100 — 150 um) was
preconditioned with 0.1mL of 1M HNOs containing 50mg/mL of ascorbic acid. After
introducing the sample solution onto the resin, the resin was rinsed with 0.5mL of 1M HNOs
containing 50mg/mL of ascorbic acid. The Sr-Spec was washed with 7M HNOs to get rid of
unwanted elements (e.g., Barium). Strontium elution was achieved with 0.05M HNO:s.

Samples were left on a hotplate at 55°C until dryness was achieved.

Chromatographic extraction and isotope analyses of stable Fe isotopes and radiogenic Hf
isotopes were carried out on the same sample aliquots following the analytical procedures
described in detail by Cheng et al. (2014) and Sossi et al. (2015). Rock powders (~25 mg) were
weighed into Savillex® beakers and dissolved with 2mL concentrated HF:HNOs (ratio 1:2).
After drying on a hotplate at 120°C, samples were treated with 16M HNOs and taken up with
9M HCl to be pipetted onto the AG-MP-1 anion resin, which was preconditioned with 9M HCI
(Cheng et al., 2014). The resin is used to separate Fe from the matrix, which was achieved by
rinsing the resin with 9M HCl and 5M HCI. The matrix was collected into a Teflon beaker for
Hf analysis (see below). Iron was washed from the resin using 1M HCI, collected in a Teflon

beaker and placed on a hotplate at 90°C.

The chromatographic extraction of Hf is described in Nebel et al. (2009) and Cheng et al.
(2014). The matrix was collected as explained above (removed matrix during
chromatographic extraction of Fe) and dissolved in 3M HCI. The matrix was then loaded onto
the preconditioned Eichrom® Ln spec resin. The resin was rinsed with 3M HCI, 6M HCl and
MQ water (18mQ). For Ti elution a mixture of citric acid and 0.4M HNOj3 and 1% H,0; (60ml;
Mdinker et al, 2001) was used. With 0.5M HF (10ml) Hf was extracted and dried at 60°C. The

samples prepared for Fe analyses were taken up in 2% HNOs.

The Sr, Hf and Fe isotope analyses were undertaken at the Isotopia Laboratory, Monash
University, Melbourne, using the ThermoFisher™ Scientific NeptunePlus multi-collector

inductively coupled plasma mass spectrometer (MC-ICP-MS). For Sr and Fe analyses, the
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samples were introduced via a low flow quartz cyclonic spray chamber and a PFA® nebuliser.
Strontium isotopes were analysed in low and Fe in medium resolution mode. For Hf analysis,
the samples were introduced via a Teledyne Cetac® Technologies Aridus Il to create dry
plasma conditions. Hf isotopes were measured in low resolution mode. To ensure data
accuracy, BHVO2 (Hf and Sr reference material; Supplementary data Il) was analysed and
agrees with literature values (Weis et al., 2005).

For Fe analyses, each sample was analysed two or three times from a single dissolution.
The average of these analyses is presented as the isotope ratio for each sample. A Ni standard
solution was added to each dissolution to normalise the instrumental mass bias effects (Sossi
et al., 2015). Fe isotopic compositions are reported relative to the IRMM-524a external
standard, which is isotopically identical to IRMM-014 (Craddock and Dauphas, 2011) with >*Fe
being either *°Fe or >’Fe:

5x 54
Fe/ Fesample

5x 54
Fe/**FeirmMm-s24a

§%*Fe = [ — 1| x 1000 (1)

The reproducibility of the IRMM524a standard on 6°’Fe is + 0.03 %o (n=94, 2S.D.). As a
measure of data accuracy, the USGS reference basalt BCR-2 was analysed. The data are
presented in Table 1 and Supplementary data Il. The results for reference materials are
consistent with previously published literature values (e.g., BCR-2 literature 8°’Fe +0.14 + 0.02
%o (2S.E.; Sossi et al., 2015) and 6°’Fe +0.13 + 0.02 %o (2S.E.; Craddock and Dauphas, 2011) vs
analysed value of §°’Fe +0.15 + 0.00 %o (2S.E.)).

4.4 Results

The 6°’Fe of Mauna Loa’s rift zone, slope, and radial vent basalts range from -0.06 to +0.19
%o (Fig. 2a). In euf values, rift zone samples range from +5.5 to +7.6, whereas radial vent and
slope samples span from +6.0 to +10.7 (Fig. 2b). In 8’Sr/%Sr, the three rift zone samples
analysed range from 0.70366 to 0.70375. The landslide samples present 8°’Fe and enf
spanning +0.00 to +0.20 %o and +5.9 to +10.1, respectively. With regards to stable Fe and
radiogenic Hf isotopes, radial vent, slope and rift samples overlap, with rift zone samples
tending towards slightly heavier Fe isotopic compositions and more depleted Hf signatures.

Based on euf and 87Sr/2%Sr, Mauna Loa lavas, including landslide samples, are comparable to
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other volcanoes ascribed to the Loa trend (data from GEOROC database (georoc.mpch-

mainz.gwdg.de/georoc/), including Mauna Loa, Hualalai, Kahoolawe and Lanai (Fig. 2b).

The Pu‘u ‘O‘6 lavas analysed here range in 6°’Fe from +0.09 to +0.18 %o and in e from
+9.3 to +13.1, with no significant differences in these parameters between the 2004 — 2005
and 2012 — 2014 eruptions. Two samples from Pu‘u ‘O‘G (19/09/2003 and 25/06/2010)
deviate by having lighter §°’Fe (-0.02 %o) and heavier §°’Fe (+0.30 %o), respectively. In the
radiogenic isotope system of 87Sr/®Sr vs 76Hf/Y77Hf, Pu‘u ‘O‘0 lavas are comparable to
volcanoes ascribed to the Kea trend (data from GEOROC database (georoc.mpch-
mainz.gwdg.de/georoc/), including Kohala, Mauna Kea, and Kilauea (Fig. 2b). The two

samples analysed for 87Sr/8Sr range from 0.70363 to 0.70365.

The primary Fe isotopic compositions of basaltic magmas can be modified by crustal
processes such as fractional crystallization or accumulation of phases such as olivine and
magnetite, and surficial or submarine alteration and weathering. For the samples studied
here, alteration and weathering are unlikely to be an important factor because the Pu‘u ‘0’6
samples were collected as live lava or within a few hours of eruption and the Mauna Loa
samples show no geochemical signatures of alteration such as fractionated K,0/P,0s Ba/Rb,
or U/Th ratios (Supplementary data | Fig. S2 & S3). Magnetite fractionation is also unlikely to
be an important process here because none of the magmas are sufficiently evolved to have
crystallized magnetite (typically MgO < 4 wt. % for Hawaiian tholeiites). None of the lavas

show signs of sulfide saturation (Cu vs Y; McCoy-West et al., 2018).
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Figure 2. a) 6°°Fe vs 6°Fe, with grey line representing the linear regression (R?=0.90). b) 8/Sr/2¢Sr vs
enr, Yellow line highlights data points associated with the Kea trend and pink line highlights data points
associated with the Kea trend. Data from Mauna Kea from Bryce et al. (2005) and Blichert-Toft et al.
(2003), Kilauea from Tanaka et al. (2008), Kohala from Hanano et al. (2010) and Stille et al. (1986),
Mauna Loa from Weis et al. (2011), Kahoolawe from Huang et al. (2005), Lanai from Gaffney et al.
(2005) and Frey et al. (2016). Hualalai from Yamasaki et al. (2009). For calculation of €, the Y76Hf/"Hf
value for Chondrite Uniform Reservoir (CHUR; Y®Hf/Y"’Hf = 0.282785) from Bouvier et al. (2008) was

used.
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Table 1. Iron isotopic compositions of submarine Mauna Loa and subaerial Pu‘u ‘O‘6 lavas analysed in
this study. MgO values from Prichard (2020). 2 S.E. = 2 S.D./ v/n, n for number of Fe isotope analyses,
after Sossi et al. (2015), 2S.D. for two-standard deviation, 2S.E. for two-standard error. Each sample
has been analysed 2-3 times (n=2-3). 8°’Feprim calculated from A>’Feolmert = -0.4*108/T2 to correct for
olivine accumulation or fractionation as described in the text. See Supplementary data Il for major

element, trace element and radiogenic isotopic compositions.

Volcano Sample# location MgO 5°°Fe +2S.E. &7Fe 2 8Feprim N
(WE%)  (%o) (%)  SE. (%)

Mauna

Loa M1-1 Rift Zone 23.77 +0.07 0.03 +0.13 0.02 +0.13 3
M1-16 Rift Zone 16.71 +0.10 0.02 +0.17 0.02 +0.17 3
M1-26 Rift Zone 22.14 +0.02 0.02 +0.08 0.02 +0.08 3
M2-10 Rift Zone 11.71 -0.01 0.02 +0.01 0.03 -0.01 5
M4-9 Rift Zone 21.42 +0.02 0.02 +0.11 0.01 +0.11 3
M18-31 Rift Zone 18.27 -0.06 0.01 -0.06 0.02 -0.06 2
M19-24 Rift Zone 12.88 +0.06 0.04 +0.07 0.04 +0.04 3
M12-17 Landslide 6.89 +0.10 0.02 +0.20 0.03 +0.13 3
M13-25 Landslide 25.23 -0.05 0.03 +0.00 0.04 +0.00 3
M13-38 Landslide 21.11 +0.06 0.01 +0.11 0.02 +0.11 2
M17-2 Flank 7.06 +0.08 0.01 +0.19 0.02 +0.12 3
M26-44 Flank 15.44 -0.02 0.01 -0.01 0.03 -0.01 2
M30-1 Flank 18.13 +0.01 0.02 +0.02 0.03 +0.02 3
M27-11 Radial Vent 6.93 -0.04 0.00 -0.02 0.01 -0.08 2

Pu‘u‘0O‘0 19/09/2003 Rift Zone 7.44 -0.05 0.02 -0.02 0.03 -0.08 3
23/04/2004 Rift Zone 7.13 +0.11 0.02 +0.18 0.05 +0.11 3
15/10/2004 Rift Zone 7.24 +0.07 0.05 +0.14 0.04 +0.08 3
08/08/2005 Rift Zone 6.91 +0.06 0.03 +0.14 0.03 +0.07 2
20/06/2012 Rift Zone 6.97 +0.03 0.03 +0.09 0.03 +0.02 3
25/07/2012 Rift Zone 6.61 +0.16 0.01 +0.30 0.02 +0.23 2
08/06/2013 Rift Zone 7.61 +0.07 0.00 +0.18 0.03 +0.12 3
18/11/2013 Rift Zone 7.12 +0.13 0.02 +0.16 0.01 +0.09 2
27/06/2014 Rift Zone 6.93 +0.07 0.01 +0.15 0.01 +0.08 2
BCR-2 0.08 0.02 0.15 0.00 5
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4.5 Discussion

Ocean island basalts present heterogeneous stable Fe isotopic compositions (Fig. 3; e.g.,

Nebel et al., 2019; Soderman et al., 2021; Konter et al., 2016; Williams et al., 2005; Williams

and Bizimis, 2014; Teng et al., 2008; Teng et al., 2013; Chen et al., 2019). This substantial

heterogeneity within and among OIB cannot be explained by one single process, but requires

several processes that can add to or negate each other to various degrees: (1) kinetic and

equilibrium fractionation processes during partial melting (Weyer and lonov, 2007) and

crystallisation (Teng et al., 2008), (2) alteration processes within the mantle (e.g., diffusion

during peridotite-melt interaction or mantle metasomatism by silicate or carbonate melt

(Teng et al., 2011; Poitrasson et al., 2013; Weyer and lonov, 2007; Williams et al., 2005; Beard

et al., 2003), and (3) Fe isotope heterogeneity within the source material generating OIB

(Nebel et al., 2019, Konter et al., 2016). Each of these processes will be discussed in the

following.
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Figure 3. Compilation of Fe isotope data from OIB (see legend for references) and MORB (compilation

from Chen et al. (2019)). BSE at 6°’Fe = +0.05 + 0.01%o (2S.E.; Sossi et al., 2016).
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4.5.1 Olivine control on Fe isotopic compositions

During ascent, cooling of tholeiitic magmas leads to crystallization of olivine, which
enriches the melt in heavier Fe isotopes (e.g., Teng et al., 2008; Teng et al., 2013). This mass
dependent, mineral-melt isotopic fractionation is due to differences of the bonding
environment of Fe?* and Fe?, e.g., olivine has weak Fe-O bonds and hence concentrates light
Fe in its structure (Dauphas et al., 2014; Teng et al., 2013; Sossi et al., 2012; Sossi and O'Neill,
2017; McCoy-West et al., 2018; Rabin et al., 2021).

To illustrate olivine fractionation and accumulation, we compared Mauna Loa and Pu‘u
‘0’0 lavas to the crystal fractionation trend represented by lavas from Kilauea Iki lava lake.
Here, the most differentiated melts (low MgQO) have heavy Fe isotopic compositions and the

most primitive melts (high MgO) tend towards lighter Fe isotopes (Fig. 4a; Teng et al., 2008).

The Pu‘u ‘O‘6 basalts show a narrow range in MgO from 6.6 — 7.6 wt. % but have §°’Fe
ranging from -0.02 to +0.30 %o defining a cluster of data at +0.15 %o that lies just beneath
Kilauea ki lava lake samples (Fig. 4a).. Such deviation has also been recognised for Koolau
lavas (Teng et al., 2013). Teng et al. (2013) suggest that this deviation indicates the effect of
both crystal fractionation and a parental melt that is heterogeneous in its Fe isotopic
composition. Heterogeneities in the parental melt might also explain the variation in 6°’Fe of
the Pu‘u ‘0’6 samples investigated here. One sample from Pu‘u ‘O‘6 (19/09/2003 with &°’Fe
=-0.02 %o) represents an outlier in the Pu‘u ‘O‘6 sample suite when compared to the crystal
fractionation trend as well as other OIB, such as the Tasmantid Seamounts (Ruttor et al. 2021),
Samoa and the Azores (Soderman et al., 2021), Galapagos (Gleeson et al., 2020), Pitcairn

(Nebel et al., 2019) and Baffin Island (McCoy-West et al., 2018; Fig. 4d-f).

Lavas from Mauna Loa range in MgO from 6.9 — 25.2 wt. %. Six samples (one Mauna Loa
Vent and Flank sample and five Mauna Loa Rift samples) follow the crystal fractionation trend
defined by the Kilauea Iki lava lake samples. However, one Mauna Loa rift sample (M18-31
with 8°’Fe = -0.06 %o) and three Mauna Loa vent and flank samples (M26-44 with §°’Fe = -
0.01 %o, M27-11 with 8°’Fe = -0.02 %o and M30-1 with 6°’Fe = +0.02 %o) deviate towards
lighter Fe isotopic values. Additionally, these outliers show the lightest Fe isotopic
compositions when compared to other OIB at similar MgO values, e.g., picrites from Baffin

Island (further discussed below; McCoy-West et al., 2018) or basalts from Samoa (Soderman
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et al., 2021). Mauna Loa landslide samples follow the crystal fractionation trend represented

by Kilauea Iki lava lake.

Strong deviations from the crystal fractionation towards light Fe isotopes have been
associated with mantle metasomatism (Poitrasson et al., 2013; Weyer and lonov, 2007). In
the following, we will first estimate the primary melt Fe isotopic composition 8°’Feprim of the
magma by applying a correction for olivine fractionation and accumulation followed by

discussing if mantle metasomatism can explain &°’Feprim variations.
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Figure 4. a) — f) MgO vs &°’Fe. Lavas from Koolau and Mauna Kea (Beard et al., 2003), Kilauea Iki are
from Teng et al. (2008), Koolau from Teng et al. (2013), Tasmantid Seamounts (Ruttor et al. 2021),
Samoa and the Azores (Soderman et al., 2021), Galapagos (Gleeson et al., 2020), Pitcairn (Nebel et al.,
2019) and Baffin Island from (McCoy-West et al., 2018). Black dotted line in a) represents most
magnesian melt from Kilauea Iki lava lake from 1959 with MgO = 10.7 wt.%, which defines olivine
fractionation for basalts with MgO < 10.7 wt.% and olivine accumulation for lavas with MgO > 10.7
wt.%. BSE at 6°’Fe = +0.05 + 0.01%o (2S.E.; Sossi et al., 2016).

With MgO > 10.7 wt. %, most of the Mauna Loa samples show olivine accumulation
(Rhodes, 1995; Teng et al., 2008; Rhodes and Hart, 1995), when the interpretation of Teng et
al. (2008) is followed. The Baffin Island picrites have been interpreted to show olivine
accumulation at MgO > 21.0 wt. % (Fig. 5). A parental melt composition of 21.0 wt. % is
supported on a log-log plot of incompatible vs compatible elements (e.g., MgO vs Y and Yb
(Nebel et al., 2014); Supplementary data | Fig. S5) for Mauna Loa lavas.. For comparison,
Falloon et al. (2007) calculated a parental melt composition of MgO 17.5 wt.% for Mauna Loa
lavas using olivine geothermometry. It is thus suggested that olivine accumulation starts
presumably at more primitive MgO values (i.e., MgO 17.5 — 21.0 wt.%) for Mauna Loa lavas
contrary to lavas from Kilauea Iki lava lake with MgO = 10.7 wt.%. This suggests that lavas
from Mauna Loa can be corrected for olivine crystallisation at MgO < 17.5 - 21.0 wt. % (Fig. 5
& 6).
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Figure 5. a) and b) MgO vs &°’Fe. Lavas from Koolau and Mauna Kea (Beard et al., 2003), Kilauea Iki
are from Teng et al. (2008), Koolau from Teng et al. (2013), Tasmantid Seamounts (Ruttor et al. 2021),

Samoa and the Azores (Soderman et al., 2021), Galapagos (Gleeson et al., 2020), Pitcairn (Nebel et al.,
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2019) and Baffin Island from (McCoy-West et al., 2018). Black dotted line defines olivine accumulation
for lavas with MgO > 21.0 wt.%.

To correct for fractional crystallization of olivine, we followed the method outlined in Sossi
et al. (2016). We added equilibrium olivine to a melt composition (Fe3*/SFe = 0.15; Nebel et
al., 2019; Sossi et al., 2016) for samples with < 21.0 wt.% MgO until an equilibrium with the
primitive mantle Mg#=90 is reached. The magnitude of correction increases with decreasing
MgO value. For the Pu‘u ‘O‘6 lavas with 6.6 — 7.6 wt.% MgO, this correction reduced the
measured 6°’Fe value by 0.06 to 0.08%o, expressed here as A>’Fe. As noted above, the Mauna
Loa samples have a wide range of MgO (6.9 — 25.3 wt.%), reflecting variable extents of olivine
fractionation and accumulation. Four Mauna Loa Rift samples, three Mauna Loa Vent and
Flank samples and one Mauna Loa landslide sample show olivine fractionation with a

correction of 0.001 to 0.07%o A>’Fe (Fig. 6).

Our model uses a temperature dependent fractionation factor A>’Feoimer *108/T2=-0.4,
where A>’Feoivelt is the difference between the Fe isotopic composition of the melt §°’Femer
and olivine 8°’Feq (Sossi et al., 2016). For Hawai’ian lavas, a A%’Feormer *10%/T2 = -0.15 has
been suggested (Teng et al.,, 2008). Applying the smaller fractionation factor leads to
corrected values that are unresolvable from the measured data, whereas a fractionation
factor of -0.4*10°%/T? could show an over-correction. We thus corrected our data with both, a
more conservative fractionation factor of -0.15*108/T? and with -0.4*10%/T% and compare the
results in the Supplementary data | Fig. S4. The calculated primary melt Fe isotopic
compositions (8°’Feprim) with the more extreme A>’Feoimelr ¥10°/T2=-0.4 are shown in Fig. 6
and will be compared with radiogenic isotopic ratios as well as to the primitive mantle
normalised trace element ratios in the following. Choosing A>’Feormer *108/T?2 = -0.4 to
compare 8°’Feprim to radiogenic isotopic data has no implications on the interpretation,
because both fractionation factors of -0.4*10%/T? and -0.15*10%/T? show the same
distribution of &°’Feprim vs Sr or Hf isotopic ratios (Supplementary Data | Fig. S9). The extent
of the applied olivine fractionation correction is illustrated in Figure 6a and b. As a trace
element in olivine, Ni is independent of our corrections and thus a good measure to validate

accountability of our corrections.
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Figure 6. a) shows measured &°’Fe and olivine fractionation corrected samples 6°”Feyrim, bulk silicate
earth (BSE) at 5°’Fe = +0.05 *+ 0.01%o (2S.E.; Sossi et al., 2016), depleted MORB mantle (DMM) at §°’Fe
= +0.10 *+ 0.01%o (2S.E.; Sossi et al., 2016). b) degree of correction A>’Fe = 8>’ Femeas - 6°Feprim Vs Ni
(ppm), which is independent to our applied correction and a measure of olivine fractionation. Black
curve illustrates exponential average through data. Samples with MgO < 21.0 wt. % have been
corrected for olivine fractionation.

Olivine accumulation should result in lighter 6°’Fe compared to the primary melt Fe
isotopic composition. Olivine accumulation can be corrected for (McCoy-West et al., 2018;
Nebel et al., 2014) when re-equilibrated with the melt (Teng et al., 2011) by treating olivine
accumulation as a simple linear addition process. In this case, it is unlikely that accumulated
olivine was in equilibrium with the final bulk composition. Therefore, we have not applied this
correction to the samples analysed here as it would result in unreliable data. We note that
the poor trend of MgO vs 6°’Fe for lavas that show olivine accumulation could result from the
variation of olivine population of each sample (i.e., 17 — 30% modal olivine; Supplementary

data | Fig. S6).

Whereas olivine fractionation can account for small variations in Fe isotopic compositions
(A>"Fe = 8°’Fe - 6°"Feprim < +0.08%o), the missing trend in MgO vs &°’Fe suggests that lavas of
Pu‘u ‘O‘6 and Mauna Loa have experienced more than one process that fractionates its Fe
isotopes. In first order, this missing co-variation argues, as expected (see Introduction),

against the presence of a closed magma chamber. If a closed magma chamber would be
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present, the lavas would have been not or only minimally exposed to other processes than
fractional crystallisation and would correlate in MgO vs 8°’Fe (Chen et al., 2021; Teng et al.,
2008). The strongest deviation from the crystal fractionation and accumulation trend (created
by Kilauea Iki lava lake lavas) is represented by outliers of Pu‘u ‘O‘6c and Mauna Loa, which
tend towards &°’Fe < BSE of §°’Fe +0.05 + 0.01%o (2S.E.; Sossi et al., 2016). In the following,
we will investigate additional processes or phases that lead to the light Fe isotopic

compositions of these outliers.
4.5.2 Kinetic vs equilibrium fractionation

An additional process that can alter the Fe isotopic composition of OIB and eventually explain
the deviation of outliers of Mauna Loa and Pu’u ‘0’0 lavas from the crystal fractionation trend
is kinetic isotope fractionation, a process that can be associated with fluid or melt percolation
through the lithospheric mantle (e.g., Poitrasson et al., 2013; Weyer and lonov, 2007). To
understand if kinetic (e.g., diffusion) or equilibrium fractionation dominates the fractionation
of Fe isotopes of Mauna Loa and Pu‘u ‘O‘6 lavas, a three-isotope diagram can be used (Young
and Galy, 2004; McCoy-West et al., 2018). The three-isotope diagram uses the different mass
dependent fractionation laws for kinetic and equilibrium fractionations to identify single
processes as well as multi-stage processes of fractionation in olivine crystals as well as whole
rock data (Young and Galy, 2004; McCoy-West et al., 2018). Young et al. (2002) describe the
difference of kinetic to equilibrium fractionation as follows: “(...) kinetic fractionation results
from motions that can often be ascribed classically using effective masses whereas equilibrium
exchange is purely a quantum phenomenon that depend on atomic masses alone.” This

difference results in the following equation:
a(>’Fe/>*Fe) = (a(°CFe/>*Fe))® (1)

With a being the fractionation factor and B describing equilibrium fractionation with:
Lt
p=mim (2)

mli m2

m1 is the atomic mass of **Fe with 53.93961, m2 the atomic mass of *°Fe with 55.93494, m3

the atomic mass of >’Fe with 56.93540. Whereas the kinetic fractionation law differs with:

M1
_ In (M_S)

- M1
In (m)

B (3)

189 |Page



Chapter 4

with M1, M2 and M3 representing the masses in motion during kinetic processes. Following
McCoy-West et al. (2018), this results in B = 1.475 for equilibrium and B = 1.4484 for kinetic
mass-dependent fractionation of Fe isotopes. To accommodate for this difference in B,

A(°’Fe/>*Fe)’ defined as a linear form of §, &' is used:
A(°’Fe/>*Fe)’ = 8(°’Fe/>*Fe)’ — 1.475 * §(°°Fe/>*Fe) (4)
With & using the measured 6 values:

3
& =10°In(C ) (5)

Figure 7a shows that Fe isotope fractionation caused by multistage processes dominates
the Fe isotopic compositions of outliers from Mauna Loa and Pu‘u ‘O‘6 lavas. Kinetic
fractionation, e.g., the process of diffusion during melt percolation, should result in an
enrichment of light Fe isotopes in the melt (McCoy-West et al., 2018; Richter et al., 2003;
Weyer and lonov, 2007). However, diffusion during peridotite-melt interaction could explain
only in parts the light Fe isotopic composition of outliers from Mauna Loa and Pu‘u ‘O‘6 lavas.
Disequilibrium processes, such as diffusion induced metasomatism (Weyer and lonov, 2007)
have been suggested for lavas deviating from the crystal fractionation trend represented by
Kilauea Iki lava lake lavas (e.g., Fig. 4), which have experienced equilibrium fractionation

processes only (Fig. 7a, b).
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Figure 7. a) Outliers and b) complete data set of Mauna Loa and Pu‘u ‘O‘6 in §°°Fe” vs A>’Fe” showing
mass dependent fractionation of Fe isotopes. §*Fe” = 1000In((6*Fe+1000)/1000) with 6*Fe = measured
5°’Fe or 8°°Fe, and A°’Fe’ = §°’Fe’ - 1.475 x 6°°Fe” (McCoy-West et al., 2018). Kinetic and equilibrium
trends (dotted lines) represent single stage processes. Equilibrium fractionation shows a slope of 0 (B
=1.475) and of ~0. 027 (B = 1.4881). Samples that plot into the grey area are the product of multistage
scenarios (grey field). Error bars for Kilauea Iki lava lake lavas (Teng et al., 2008) have not been plotted
to maintain overview.

Because outliers of Mauna Loa and Pu‘u ‘O‘G plot within the area that describes multistage
processes, we suggest that equilibrium mass fractionation in combination or in exchange with
processes causing disequilibrium Fe isotope fractionation need to be considered to explain
their light Fe isotopic composition. Interestingly, the rest of the Mauna Loa and Pu‘u ‘O‘0 lava
suit does not follow the equilibrium fraction trend indicated by lavas from Kilauea Iki lava lake

but can only be explained by multiple processes that cause Fe isotopic fractionation (Fig. 7b).
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This interpretation supports our assumption that these lavas have experienced more than

one process that affected their Fe isotopic compositions.

Other processes that can alter the Fe isotopic composition of lavas is the melting degree.
Considering the inter-mineral equilibrium fractionation of Fe (see olivine fractionation
correction; Macris et al., 2015; Beard and Johnson, 2004), a melt that experienced high
melting degrees is expected to show a relatively small Fe isotope fractionation compared to
low degree melts (Williams and Bizimis, 2014). This can be seen, for example, in Figure 3,
where Hawai’ian tholeiitic lavas show lighter Fe isotopic compositions compared to alkali
lavas from the Azores (Soderman et al., 2021) and Pitcairn (Nebel et al., 2019). Estimates
regarding the melting degree of Hawai’ian lavas suggest F = 4-10%, with Kilauea representing
lower degrees of melting than Mauna Loa (Norman and Garcia, 1999). Melting models have
shown that melting degrees of 4-10% can account for a small fractionation with A>’Fe 0.02 —
0.10 %o of the residual source (Williams and Bizimis, 2014; Foden et al., 2018; Sossi et al.,
2016; Dauphas et al., 2014). Thus, the fractionation of Fe isotopes caused by the melting
degree is not large enough to account for the range in Fe isotopes here (if outliers are
excluded). Additionally, comparing proxies for degrees of melting with stable Fe isotopes
(e.g., 8°’Fevs TiO2, Supplementary data | S7) show no correlations, indicating that the melting
degree does not or only to a small degree affect the Fe isotopic composition of lavas from

Mauna Loa and Pu‘u ‘O‘0.

Another process that can influence the Fe isotopic composition of OIB is melting in the
garnet stability field. The tholeiitic shield stage magmas sourcing Pu‘u ‘O‘6 lavas are thought
to have molten at a depth of 70 — 130 km based on numeric modelling and SiO, contents
(Watson and McKenzie, 1991; Garcia et al., 2021) and show, similar to Mauna Loa, a garnet
signature (O'Neill, 2016). Indices for a garnet signature (e.g., (Gd/Yb)em vs &°’Feprim;
Supplementary data | Fig. S8) indicate that the pronounced residual garnet signature is not
affecting the Fe isotopic composition of Pu‘u ‘O‘6 and Mauna Loa lavas. By systematically
excluding melting degree and the garnet signature, we now evaluate if the mantle source of
Mauna Loa and/or Pu‘u ‘O‘6 shows a heterogeneous inherited Fe isotopic composition. An
inherited isotopic heterogeneity can be identified by comparing radiogenic isotopic ratios

with stable Fe isotopes of the primary melt.
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4.5.3 Fe isotopic signature of the source

In radiogenic isotopic space (Sr, Nd, Pb, Hf), lavas exhibit a radiogenic isotopic signature
reflecting the parent-daughter ratio of crustal material at time of subduction (White, 1985).
Subducted, recycled crustal material is generally associated with radiogenic &'Sr/%Sr and
176Hf/177Hf isotopes as well as heavy Fe isotopic compositions of §°’Fe > +0.15 %o (Williams
and Bizimis, 2014; Konter et al., 2016; Nebel et al., 2019; Stracke et al., 2005; Soderman et al.,
2021), whereas the depleted mantle shows less radiogenic 8’Sr/86Sr and 176Hf/’’Hf isotopes
and presumably a light Fe isotopic composition with 8°’Fe +0.05 + 0.01%o (2S.E.; Sossi et al.
2016). For our Hawai’ian lava suite, we would have expected that the depleted radiogenic
isotopic signature of Pu‘u ‘0’6 lavas results in lighter 8°’Feprim compared to Mauna Loa. Figure

8 shows that such a distinction cannot be clearly made.

The Mauna Loa lavas do not show heavier Fe isotopes with more radiogenic isotopic
signatures. When isolating Mauna Loa Rift and Mauna Loa Vent and Flank samples, one might
argue for a distinction with Mauna Loa Rift samples showing a less radiogenic Sr isotopic
signature at heavier Fe isotopic compositions, whereas Mauna Loa Vent and Flank samples
show lighter Fe isotopic compositions at more radiogenic Sr isotopic compositions. However,
such distinction does not hold true when enf is compared to 8°”Feprim. Similar for lavas from
Pu’u ‘0’6, with more radiogenic isotopic enf the lavas (excluding outlier with 6>7Feprim -0.08%o)
increase towards heavier Fe isotopes. However, such distinction cannot be made by

comparing 87Sr/8Sr vs 8°”Feprim.

We note that lavas from Mauna Loa and Pu‘u ‘O‘6 analysed in this study, tend towards heavier
Fe isotopic compositions than the BSE and MORB (Sossi et al., 2016). This suggests that a
component enriched in heavy Fe isotopes was involved in generating these lavas. This
enriched (in heavy Fe isotopes) component can, however, not be ascribed to a crustal
component per se, because a crustal component would show a more radiogenic isotopic
signature tending towards heavy Fe isotopic compositions (Nebel et al., 2019). Such heavy Fe
isotopic compositions have been ascribed to a pyroxenitic component in the plume source
(Konter et al., 2016; Nebel et al., 2019) or in the lithosphere (Sun et al., 2020; Zhao et al.,
2012). However, the heaviest 6°’Feprim +0.23 %o would require a purely pyroxenitic melt. A

pyroxenitic source has been ascribed to Hawai’i based on olivine compositions (Herzberg,
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2011; Sobolev et al., 2005) and cannot be excluded here. Following modelling, partial melting
processes of peridotite do not exceed values of 6°’Feprim +0.15 %o for a melt fraction < 0.1
(Foden et al., 2018). Thus, a pyroxenitic melt is not needed to explain &°’Feprim < +0.15 %o of

Pu‘u ‘O‘0 and Mauna Loa lavas.
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Figure 8. a) #Sr/%Sr and b) eur vs 8°’Feprim. For calculation of ey, the Y6Hf/Y’Hf value for Chondrite
Uniform Reservoir (CHUR; 76Hf/Y77Hf = 0.282785) from Bouvier et al. (2008) was used. No radiogenic
Sr isotope data are available for Pu‘u ‘O‘6 sample 15/10/2004 with +0.08%0 6°’Feyrim). BSE at 8°’Fe =
+0.05 + 0.01%o (2S.E.; Sossi et al., 2016).

4.6 Summary

We compared tholeiitic shield building lavas from Mauna Loa and Pu‘u ‘O‘6 to identify
magmatic processes underneath the Big Island of Hawai’i. Lavas from Mauna Loa and Pu‘u
‘0’6 bypass the summit magma reservoir. The absence of a closed magma chamber has been
identified by comparing Mauna Loa and Pu‘u ‘O‘6 to Kilauea Iki lava lake lavas. The latter have
undergone equilibrium fractionation processes only, e.g., crystallisation and accumulation of
olivine (Teng et al., 2008). Mauna Loa and Pu‘u ‘O‘6 were corrected for olivine crystallisation
, wWhich can account for a small variance in Fe isotopes. However, the missing co-variation of,
i.e., MgO vs 8°’Fe and a three-isotope plot suggest that these lavas have experienced multiple

processes that define their deviation from the crystal fractionation trend.

After olivine fractionation correction, Pu‘u ‘O‘6 lavas and Mauna Loa lavas show similar
Fe isotopic compositions to MORB with an average of 8°’Feprim = +0.10%0 and +0.12%o,
respectively, excluding outliers. These averaged 6°'Feprim values are heavier than the BSE.
Melting degree, source inheritance or the presence of a component heavy in Fe isotopes need

to be considered to account for such heavy Fe isotopes. However, the high melting degree
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and melting in the garnet stability field have no resolvable effect on the Fe isotopic
composition of the here studied lavas. Missing co-variations between radiogenic isotopes and

stable Fe isotopes argue against a source dependency of Fe isotopes.

A high proportion of pyroxenite has been suggested to generate lavas that represent the
‘Loa trend’ (Jones et al., 2017). Jones et al. (2017) argue that the tilted plume sourcing Hawai'i
allows for two melting localities, deep melting of peridotite that forms the ‘Kea-trend’ and
shallow melting of peridotite accompanied with pyroxenite generating the ‘Loa-trend’. Such
clear distinction cannot be made with Fe isotopes in this case. However, a pyroxenitic
component, which shows a heavy Fe isotopic signature, might be obscured by melting of
ambient peridotite due to the high melting degree of Hawai’ian tholeiites. Considering that
the lavas studied here bypass the magma summit and do not enter closed magma chambers
(would result in predominantly olivine crystallisation and accumulation) nor experienced
homogenisation, we suggest that equilibrium, i.e., crystal fractionation and accumulation,
and kinetic fractionation, i.e., diffusion, can mask or even erase the source dependency of Fe
isotopes. Scenarios that could account for multiple fractionation processes are recharging
events of the plumbing system. In such a scenario, the equilibrium fractionation alone cannot
take place but kinetic in combination or alternating with equilibrium fractionation can explain

the variation in Fe isotopes of Mauna Loa and Pu‘u ‘O‘6.

4.7 Conclusion

Given that lavas from Mauna Loa and Pu‘u ‘O‘G bypassed magma reservoirs, we suggest
that recharging events in the plumbing system underneath these volcanoes mask the
inherited Fe isotopic composition as well as effects of melting degree. We further suggest that
multiple processes such as crystal fractionation as well as disequilibrium kinetic processes,

like diffusion, altered the Fe isotopic composition.
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Supplementary data |

The analysed samples analysed for this study comprise tholeiitic lavas of Mauna Loa and

Pu‘u ‘O‘0 (Fig. S1.).
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Figure S1. Total alkali-silica diagram (TAS diagram) after Le Bas et al. (1986b) and division lines after

Le Maitre (1989) for classification of the whole rock suit of Mauna Loa and Pu‘u ‘O‘6.

The measured 6°’Fe of the samples is not correlated with K;0/P,0s or any other ratio

involving fluid mobile elements, suggesting that the measured 6°’Fe values have not been

influenced by post-magmatic alteration processes (Fig. S2).

Samples with MgO < 4.0 wt. % can show magnetite fractionation, which leads to the

removal of heavy Fe isotopes from the remaining melt (Sossi et al., 2012; Nebel et al., 2015).

None of the samples analysed here show magnetite alteration and MgO values of both basalt

suits are > 6.0 wt.% MgO (Fig. S2b, c).
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Figure S2. a) K,0/P,0s vs 6°’Fe shows that submarine Mauna Loa and subaerial Pu‘u ‘O‘6 samples are
not affected by post-magmatic alteration, b) MgO vs TiO, and c) enlarged MgO vs TiO, shows that

none of the analysed samples show magnetite saturation.
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Figure S4. Measured 6°’Fe and olivine fractionation corrected samples as &°’Feprimos and

8°"Feprim-0.15. Bulk silicate earth (BSE) at 6°’Fe = +0.05 + 0.01%o (2S.E.; Sossi et al., 2016), depleted
MORB mantle (DMM) at 6°’Fe = +0.10 + 0.01%o (2S.E.; Sossi et al., 2016).

The primary melt MgO composition can be identified in log-log plots of compatible vs
incompatible elements (McCoy-West et al., 2018). At 21.0 wt. % MgO, Mauna Loa lavas show

a break in slope, which identifies the primary melt composition.
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Figure S5. a) MgO vs Y and c) MgO vs Yb, plotted on a logarithmic scale. Grey dotted line indicates

break in slope, which marks the primary melt composition at MgO 21.0 wt. %.
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Figure S7. 8°’Fe vs a) SiOy, b) TiO,, c) FeOr, d) Mg#, e) Ca0, f) Na,0, g) Y and h) Ni. R? reflects correlation

coefficient of the best fit.

Basalts that form at such depths can show a garnet signature, which can be identified by

comparing middle rare earth element (MREE) with heavy rare earth element (HREE) such as

(Gd/Yb)em (Lassiter and DePaolo, 1997; Sossi and O’Neill, 2017; Norman and Garcia, 1999).

Compared to Mauna Loa, Pu‘u ‘O‘6 lavas show higher values in (Gd/Yb)em with an average

value of 2.21 (Mauna Loa (Gd/Yb)em = 2.25), indicating a higher signature of residual garnet.

The missing co-variation between (Gd/Yb)em and 6°’Feprim (Fig. S8) indicates that the
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pronounced residual garnet signature is not causing the wide range in Fe isotopes from Pu‘u
‘0’6 and Mauna Loa lavas. Therefore, we suggest that the mantle source of Mauna Loa as well

as Pu‘u ‘0’6 lavas shows an a priori heterogeneous Fe isotopic composition.
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Figure S8. a) (Gd/Yb)em vs 8> Feprim.

We corrected our Hawai’ian lavas with a fractionation factor of -0.4*10%/T2 and -
0.15*108/T2. To compare 8°’Feprim With radiogenic isotopic data, we chose the primary Fe
isotopic composition that has been corrected with a fractionation factor of -0.4*10%/T2.
Choosing this factor has no implications on the interpretation of the comparison as shown in
Fig S9. Independent of the fractionation factor applied, the samples show the same

distribution in a plot of 6°’Feprim vs 87Sr/86Sr and &x.
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[I.  Supplementary data ll

Table S1. Radiogenic isotopic ratios of lavas from Hawai'i.

Sample No. 87Sr /%Sy OHE/TTHE
Mauna Loa
M1-1 Rift Zone 0.7037 0.2831
M1-16 Rift Zone 0.7037 0.2830
M1-26 Rift Zone 0.7037 0.2830
M2-10 Rift Zone 0.7038 0.2830
M4-9 Rift Zone 0.7037 0.2831
M18-31 Rift Zone 0.2831
M19-24 Rift Zone 0.7037 0.2831
M12-17 Landslide 0.7037 0.2830
M13-25 Landslide 0.7037 0.2831
M13-38 Landslide 0.7037 0.2831
M17-2 Flank 0.7037 0.2831
M26-44 Flank 0.7038 0.2831
M30-1 Flank 0.7037 0.2831
M27-11 Radial Vent 0.7038 0.2831
Kilauea Pu'u
O'o
19/09/2003 Rift Zone 0.7036 0.2831
15/10/2004 Rift Zone 0.7037 0.2831
23/04/2004 Rift Zone 0.7036 0.2831
8/08/2005 Rift Zone 0.7036 0.2830
25/07/2010 Rift Zone 0.7036 0.2831
20/06/2012 Rift Zone 0.7036 0.2831
8/06/2013 Rift Zone 0.7036 0.2832
18/11/2013 Rift Zone 0.7036 0.2831
27/06/2014 Rift Zone 0.7036 0.2831
BCR2 0.2829
BHVO2 0.2831
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5. Summary, Conclusion and Outlook

5.1 Summary

The aim of this thesis is to understand magmatic processes and source composition of OIB
by using stable Fe isotopes in combination with radiogenic isotopic systems. As outlined in
the introduction, the fractionation of Fe isotopes can depend on (1) source heterogeneity, (2)
melting conditions and crystal fractionation, (3) magmatic processes, e.g., mixing processes
and (4) alteration processes like mantle metasomatism. These processes have been discussed

in each chapter.

To evaluate if source inheritance influences the Fe isotopic composition of OIB, radiogenic
isotopic systems have been compared to stable Fe isotopes. Out of the three hotspot
locations, only S3o Miguel’s Fe isotope data covaries with radiogenic isotopic ratios of Sr, Nd
and Pb. Interestingly, the enriched radiogenic isotopic component of eastern Sao Miguel
shows a light Fe isotopic composition compared to the depleted component (in radiogenic
isotopes) of western Sdo Miguel with a heavy Fe isotopic composition. When compared to
locations that show such covariations, e.g., Pitcairn, it becomes apparent that enriched
radiogenic isotopic values are usually associated with heavy Fe isotopes. Thus, we suggest
that source heterogeneity needs to be further assessed when interpreting covariations of Fe
isotopes with radiogenic isotope data for Sd3o Miguel. To explain the conundrum of an
enriched component showing a light Fe isotopic signature, Fe isotope data in conjunction with
major and trace element ratios revealed that low degree mantle metasomatism causes the
light Fe isotopic composition of eastern S3ao Miguel’s lavas. Such interpretation is
strengthened by the presence of phlogopite or high potassium (K)-hollandite, a mineral
associated with mantle metasomatism. For the Tasmantid Seamounts and Hawai’i, the
missing covariation between proxies for source variability and Fe isotopes suggests that other
processes need to be considered to explain their Fe isotopic composition. Each ocean island
needs to be assessed individually to identify whether Fe isotopes can be associated with the
source inheritance. Such dependency seems irrespective of tectonic setting, e.g., the

presence of a rift, magma supply, temperature and pressure conditions or melting degree.

214 |Page



Chapter 5

Additional to source inheritance, melting degrees need to be considered when
interpreting Fe isotopes of OIB. This study shows that different melting degrees of tholeiitic
and alkali lavas result in different Fe isotopic values. For example, the Azores, and with this
Sao Miguel, show on average heavier Fe isotopic compositions at lower melting degrees than
Hawai’ian tholeiitic lavas at higher melting degrees. Such differences between alkali and
tholeiitic lavas can also be identified for the Tasmantid Seamounts, with alkali basalts showing
heavier Fe isotopic compositions at larger melting degrees compared to tholeiitic lavas. For
the Tasmantid Seamounts, comparisons of radiogenic and stable isotopes as well as trace
elements show that rather than pressure, temperature is determining the different melting

degrees of the Tasmantid tholeiitic and alkali lavas.

Contrary to MORB, OIB, among others the three locations studied in this thesis, show a
wide range in Fe isotopic compositions. In addition to the melting degree, olivine
crystallisation and accumulation can account for some of this variance in stable Fe isotopes.
In general, more evolved basalts with MgO < 10 wt.% show a heavier Fe isotopic composition
compared to primitive basalts with MgO > 10 wt.% (Teng et al., 2008). Lavas from the Kilauea
Iki lava lake (Teng et al., 2008) and picrites from the Baffin Island (McCoy-West et al., 2018)
describe such trend and illustrate the effect of olivine fractionation and accumulation. For
basalts that deviate from this trend, e.g., Chapter 4, multiple processes must have taken place

that altered the Fe isotopic composition.

A process that has been suggested to account for such deviation is mantle metasomatism
(Poitrasson et al., 2013; Sun et al., 2020; Weyer and lonov, 2007). In fact, all three locations,
the Tasmantid Seamounts, Sdo Miguel and Hawai’ian lavas have undergone mantle
metasomatism. Mantle metasomatism is complex and for each location a variety of
metasomatizing agents need to be considered. For example, eastern Sdo Miguel’s lavas show
co-variations between proxies for low degree silicic, K-rich metasomatism and Fe isotopes.

This silicic K-rich melt led to a light Fe isotopic signature of eastern Sdo Miguel’s lavas.

In addition to the processes listed above, tectonic settings need to be considered when
interpreting Fe isotope data. This is not only valid for basalts from the Tasmantid Seamounts,

which are situated on an extinct rift setting but also for basalts of western Sdo Miguel, which
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is characterised by the run through of the Terceira Rift. In both cases, melting at a rift setting

altered the Fe isotopic composition towards heavy Fe isotopes.

To summarise, the Fe isotopic compositions of the Tasmantid Seamounts, Sao Miguel and
Hawai’ian OIB cannot be explained by one single process. Multiple processes need to be

considered when interpreting the Fe isotopic composition of OIB.
In the following, aims that have been outlined in the introduction will be addressed:

(1) identifying the isotopic characteristics of OIB (with focus on the Tasmantid Seamounts,
Sdo Miguel and Kilauea and Mauna Loa): mantle components have been identified by
comparing radiogenic isotope data of the Tasmantid Seamounts and Hawai’i to other OIB. In
Fe isotopes, the Tasmantid Seamounts, Sdo Miguel and Hawai’i cover a wide range but lie
within the Fe isotopic compositions known for OIB with §°’Fe -0.16 to +0.45%o. To understand
the heterogeneity of Fe isotopes in OIB more hotspot locations need to be analysed in their
Fe isotopic composition. This thesis added three locations to this list and contributed to a

better understanding of processes that influence the Fe isotopic composition of OIB.

(2) identifying petrogenetic processes that led to the formation of OIB: this thesis showed
that several processes need to be considered to understand the range in Fe isotopes as well
as in radiogenic isotopic compositions of OIB. Whereas crystal fractionation and accumulation
play a role, only small variations in stable Fe isotopes can be explained by such processes.
Melting conditions and source inheritance as well as mixing processes of, for example,
peridotite with metasomatising agents dominate the Fe isotopic composition of OIB. Focusing
on the three locations studied here, these processes have been identified by using stable Fe

isotopes in conjunction with radiogenic isotopic and trace element ratios.

(3) distinguishing whether enriched (subducted and recycled) and depleted mantle
components remain as distinct lithological units (with different Fe isotopic composition) in the
mantle: Analysing Fe isotopes in OIB from the Tasmantid Seamounts, Sdo Miguel and Hawai’i
showed that enriched mantle components cannot always be ascribed to a pyroxenitic
lithological unit nor can a depleted component always be ascribed to peridotitic lithological
unit. Such ascription is complex and several processes as well as mass balance calculations

need to be considered before identifying possible lithological units or the mixing of such.
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Focusing on the three locations discussed in this study and on heavy Fe isotopic compositions,
we showed that peridotite can mix with pyroxenitic veins (at rift settings) or metasomatising
agents that enrich the melt in heavy Fe isotopes. Light Fe isotopic compositions can be
associated with peridotite mixing with metasomatising agents that cause a light Fe isotopic
composition in melts. Such metasomatising agents are, for example, low degree silicic melts

or processes like diffusion.
5.2 Conclusion

Examining the generation of OIB systematically demonstrates the unknown processes
that might influence Fe isotopic compositions: With the subduction and recycling of oceanic
crust (6°’Fe +0.15%o; Chen et al., 2019; Teng et al., 2013) small amounts of sediment get
transported into the mantle (Chase, 1981; Hofmann and White, 1982; Stracke et al., 2003;
Weaver, 1991). Sediments can show a heavy Fe isotopic signature (6°’Fe < +0.9%o; Du et al.,
2017) or a light Fe isotopic signature (i.e., hydrous silicic melt or carbonates with §°’Fe < -
0.13%o; Debret et al., 2020; Johnson et al., 2010). As subduction continues,
oceanic/continental crust, lithosphere and sediment permeates through or stagnates at the
transition zone (Agrusta et al., 2017; Dasgupta et al., 2004; Doucet et al., 2020; Goes et al.,
2008). Subducted, recycled material that reaches the CMB might experience contribution of
heavy Fe isotopes from core liquids (Lesher et al., 2020). As hot rock reaches the upper
mantle, fluids or melts of stagnated slabs in the upper mantle might interact with the hot
buoyant rock, increase the melting degree and alter its Fe isotopic signature (Debret et al.,
2020; Williams et al., 2004; Williams et al., 2005). Metasomatising agents, e.g., silicate or
carbonatitic melts and/or fluids might alter the Fe isotopic composition of a melt towards a
light or heavy Fe isotopic composition. This study strengthened the assumption that Fe
isotopes are excellent proxies in identifying mantle metasomatism (Poitrasson et al., 2013;
Weyer and lonov, 2007). We were able to show that metasomatising agents and mixing
processes can be tracked with stable Fe isotopes. Furthermore, we identified that, depending
on melting conditions, e.g., elevated temperature at the centre of a plume, the Fe isotopic
composition of a melt is either enriched in heavy Fe isotopes (low melting degree) or depleted
in heavy Fe isotopes (high melting degree; Chapter 2). During magma cooling and the

crystallisation of olivine and pyroxene the melt becomes heavier in Fe isotopes (Chapter
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4; Sossi and O'Neill, 2017; Teng et al., 2008; Weyer, 2008). As the magma approaches the
surface, the tectonic setting in which the lava erupts influences the Fe isotopic composition
of OIB (Chapter 2 and 3). We were able to show that melting at rift settings alters the Fe

isotopic composition of melts and can result in a heavy Fe isotopic composition.

This study shows that Fe isotopes in conjunction with radiogenic isotopes, trace elements
and major elements can be a powerful tool in identifying and interpreting magmatic
processes. Additionally, stable Fe isotopes can identify the material that is melting, e.g.,
peridotite mixed with a metasomatising agent. Such classification of mantle material is not

possible with radiogenic isotopes, major or trace elements.

5.3 Outlook

The heterogeneity in stable Fe isotopes of OIB is dependent on many factors. Comparing
Fe isotopes with radiogenic isotopes and major and trace elements provides detailed
information about composition and magmatic processes of the Earth’s mantle. Such
information needs to be included in experimental petrology and geodynamic modelling.
Questions like, how does a plume interact with an ancient rift, what material can act as a
metasomatising agent and how does this agent influence the Fe isotopic composition of the
melt need to be addressed in further research. This study sets a starting point by identifying
the interaction of peridotite with metasomatising agents such as low degree silicic melts and
metasomatising agents that are enriched in heavy Fe isotopes. However, other
metasomatising agents, e.g., carbonatitic melts, and their influence on Fe isotopes need to
be studied further. As such topic is very complex, an interdisciplinary approach is suggested.
For example, island arc settings can provide insights into material that escapes from
subducting slabs during descent into the deep mantle. Geochemical studies on island arc
settings combined with experimental petrology focusing on the escape of fluids during
subduction could provide further knowledge of the stagnated material at the mantle
transition zone and on the material that can interact or mix with hot, upwelling mantle

material.
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“Ends are not really a bad thing, they just mean that something else is about to begin.”
(C. JoyBell C.)
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