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Abstract

Mountains form due to the closure of oceanic basins and the collision of continental crust.
Due to the timescales over which mountains form, the various processes occurring during
mountain building cannot be observed directly. Numerical models recreate the mountain
building process to provide insights into how different processes operating influence the
evolution of the mountain belt. The multiple processes operating include erosion and
sedimentation that redistributes material, deformation of the crust in response to
convergence, and internal heating, which is a product of heat producing elements in the
crust. The aim of this thesis is to use numerical models to contribute to the understanding
of mountain building and how the various processes outlined above influence the evolution.
To do so, each process is investigated individually to mitigate feedback between processes
and determine the influence of each on the evolution of the orogen. The models show that
each process can dramatically alter the structural evolution of the orogen when dominant

and produces a unique structure.

The models provide insights into the evolution of mountain ranges found within the Alpide
belt, which stretches from Europe to Asia. The Alpide belt contains the European Alps,
Zagros mountains and the Himalayas, with each mountain range showing different
deformation styles and structures. The models provide insights into the different deformation
styles, highlighting the influence of the convergence velocity and crustal thickness on the
internal structure of each mountain range. The evolution of the Himalayas is investigated
extensively, focusing on the formation of salients and recesses at the front of the orogen as
well as the structural evolution of the Himalayan orogen and Tibetan plateau. The models
show that the major structures found in the Himalayas and Tibet are a direct result of the

kinematic and thermal evolution.



Plain language summary

When continents collide, mountains form. The rocks found within mountains undergo a
range of processes that alter the shape, size, and internal structure of the mountains as the
continents continue colliding. The processes investigated in this thesis include erosion and
sedimentation, internal heating of the crust due to the presence of heat producing elements
and deformation of the crust due to convergence. When modelling mountain building, these
processes are usually incorporated together, which hinders the insights into each process
due to feedback between them. The aim of this thesis is to investigate each process
individually to better understand the influence of each on the structures found in mountains.
The findings presented in this thesis have implications for understanding mountain building,
showing each process can dramatically alter the internal structure when dominant and

produce a unique structure.
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Figure 1.1: Evolution of a critical taper model with a flat base and rigid backstop. a, b & ¢ represent the Mohr
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surface slope is below the critical taper angle (as the basal slope is flat) and must increase to
reach the critical taper. B) Wedge is on the verge of failure everywhere as the critical taper angle
has been achieved. C) Wedge is in an over-critical state as the slope is too high, the wedge must
widen through lengthening at the front due to the rigid backstop to re-gain the critical taper angle.

Figure 1.2: A) Critical taper model, where material accretes at a rigid backstop and deformation is
concentrated to the left of the backstop. B) S-point model, where a velocity discontinuity occurs
at the centre of the model, creating deformation on both the sides of the discontinuity. .............. 4
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Rm, at a low convergence velocity, whilst also shifting the curve to the right. B) Influence of crustal viscosity
on Rm for a crustal thickness of 25 km, with an increase in viscosity decreasing the value of Rm for a given
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Figure 2.1: An example of hillslope diffusion of an elevated region at given time intervals between 0 and 1 Myr (10° yr).
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Figure 2.2: Strong scaling tests for 2D models. A) number of processors against time. B) processors increase factor against
speed up factor. The strong scaling shows how the total model time speeds up initially before plateauing
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Figure 2.4: Weak scaling tests for 2D models. A) number of processors against time. B) processors increase factor against
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Figure 3.1: A) Initial model setup of case CT25, with an initial crustal thickness of 25 km (see Table 2). Temperature
contours are given at 200 <C intervals. The black box (x > 700 km & x < 1100 km, y < 20km & y > -150 km)
portrays the area shown in subsequent figures that display model evolution. The convergence velocity
profile on the left displays the velocity boundary condition, with convergence applied to the crust and
lithosphere. An inflow-outflow condition is applied across the sticky air, whilst the velocity decreases to 0
from the bottom of the lithosphere to the bottom of the domain. B) Strength profile for CT20, CT25 and
CT30, where &;; = 10713571, C) Strength profile for CT25, showing the influence of strain weakening on
the strength profile. D) Strength profile for CT25 showing the influence of varying strain rate. E ) Initial
temperature profile for all models, with a geothermal gradient of 25 °C km™ for the first 10 km and then
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Figure 3.2: Schematic drawing of the orogenic wedge, highlighting where the stresses are acting on the wedge. The key
length scales, the length (Ac) and thickness (h) are shown, which are used to deduce the balance of
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Figure 3.3: Evolution of end member cases in CT20. A) Evolution of the material and B) accumulated plastic strain and
velocity vectors at a given time for CT20-1. C) Evolution of the material and D) accumulated plastic strain
and velocity vectors at a given time for CT20-10. The inverted triangles at the top of the figures mark the
edge of the orogen determined by the point at which strain is 0.5. The red line denotes the base of the
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Figure 3.4: Evolution of end member cases in CT25. A) Evolution of the material and B) accumulated plastic strain and
velocity vectors at a given time for CT25-1. C) Evolution of the material and D) accumulated plastic strain
and velocity vectors at a given time for CT25-10. The inverted triangles at the top of the figures mark the
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edge of the orogen determined by the point at which strain is 0.5. The red line denotes the base of the
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Figure 3.5: Evolution of end member cases in CT30. A) Evolution of the material and B) accumulated plastic strain and
velocity vectors at a given time for CT30-1. C) Evolution of the material and D) accumulated plastic strain
and velocity vectors at a given time for CT30-10. The inverted triangles at the top of the figures mark the
edge of the orogen determined by the point at which strain is 0.5. The red line denotes the base of the
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Figure 3.6: A) Wedge length (Ac) against change in crustal thickness (Ah). Symbols represent the initial crustal thickness
(ho), given in (C) and numbers represent the velocity whilst colour represents the dominant deformation
mechanism. At 435km of convergence, the geometry of the wedge defines three groups: viscous, visco-

plastic, and plastic. B)% and the effective friction coefficient (fce) as a function of convergence velocity
(Veonv) Showing a decrease in j corresponds to an increase in f ce as velocity increases until the plastic limit

is reached at Nfl. The dotted line represents the estimated plastic lower stress limiter of the crust,

c

wherei—;~% = 3.3. C) Wedge characterisation as a function of initial crustal thickness (ho) or initial Moho
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Figure 3.7: Evolution of 2—; over the total convergence for A) CT20, B) CT25, C) CT30. Solid lines — plastic wedge, dash
dotted lines — visco-plastic wedge, dotted lines — viscous wedge, as outlined in Figure 3.6C. The diagrams
show how j—; evolves over time, that changes with convergence velocity. This cyclical change is particularly

well-defined in (A) and records a stepwise lengthening of the orogeny followed by slow thickening. The %
values increase with increasing initial crustal thickness, from (A) to (C). Most cases in (B) and all in (C) record
a strong increase of % between 250 and 300 km of convergence. At this point the curves diverge, with the

slow convergence models rising more significantly. This divergence indicates the increased role of the
viscous lower crust causing the widening of the orogen. This change is more marked for (C) than for (B) and
absent in (A). Evolution of change in thickness against length of the wedge for D) CT20, E) CT25, F) CT30
displaying the cyclical pattern for plastic wedges and smooth evolution for viscous wedges that reach a
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Figure 3.8: A) Crustal thickness map from CRUST1.0 (Laske et al., 2013) used to determine the change in thickness (Ah)
along each profile between the foreland and orogenic wedge. X marks the spot where each measurement
of crustal thickness is taken. Ac is obtained from published work on each orogenic wedge (Zagros - Nissen

et al. (2011); European Alps - Rosenberg et al. (2015), Himalayas - Roy and Purohit (2018)). B) Ratio of %

taken from multiple profiles across each orogenic wedge, with marker colour corresponding to the profile
colour in (A). Values of f,f from published work on orogenic wedge strength for comparison with values
determined by eq 18. The estimated values from eq. 3.18 are within the range suggested from previously
published work (Zagros - Nankali (2011), Vernant and Chéry (2006); European Alps - Hagke et al. (2014),
Dielforder (2017); Himalayas - Dielforder (2017), Dielforder et al. (2020), Wallis et al. (2015), Dal Zilio et al.
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Figure 4.1: A) Initial model setup, with an initial crustal thickness of 25 km. Temperature contours are given at 200 C
intervals. The black box (x > 500 km and x < 1100 km, y < 20km and y > -150 km) portrays the area shown
in subsequent figures that display model evolution. B) Strength profile for varying strain rates and the initial
temperature distribution across the crust aNd MANLIE. ..........c.occvieevueesiivesiiesiieesieecteeseeesteesaeesiee e 91
Figure 4.2: Comparison of structure from the material, between no internal heating and an internal heating rate for
different convergence velocities after 435 km of convergence. A) CT25-1, B) CT25-10, C) CT25-1-1.8H,, D)
CT25-10-1.8H,. E) CT25-1-3.6H,, F) CT25-10-3.6H,, G) Topography for A), C) and E). H) Topography for B)
and D) and F). The topography shows how the elevation decreases due to the influence of internal heating,
with the influence stronger in CT25-1-IH compared to CT25-10-IH due to the time dependency. VE =40 x is
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Figure 4.3: Similar to Figure 4.2 but showing plastic strain distribution between no internal heating and an internal
heating rate for different convergence velocities after 435 km of convergence. A) CT25-1, B) CT25-10, C)
CT25-1-1.8H,, D) CT25-10-1.8H,. E) CT25-1-3.6H,, F) CT25-10-3.6H,. The white line in each plot denotes the
boundary between the crust and mantle. G) Plastic strain profiles taken at a y =-10 km for A), C) and E). H)
Plastic strain profiles taken at a y = -10 km for B), D) and F). Results show that with increasing internal
heating, the depth of the brittle ductile transition shallows. At low velocity and high internal heating (CT25-
1-3.6H,) no plastic strain occurs in the upper crust and instead convergence is accommodated through
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Figure 4.4: Comparison of internal structure from the material, with no erosion (A and B) and a hillslope diffusion rate to
the surface (C-F). A) CT25-1. B) CT25-10. C) CT25-1-D300. D) CT25-10-D300. E) CT25-1-D300. F) CT25-10-
D3000. G) Topography of models presented in A), C) and E). H) Topography of models presented in B), D)
and F), showing how the diffusive surface smooths topography and reduces the height of the orogen. The
smoothing of topography is most pronounced in the slow convergence models, occurring over a wider area
compared to the fast convergence models, reflecting the time dependency of a diffusive surface. Surface
processes also impede the outward growth of wedge, concentrating deformation close to the centre and
promote exhumation, which is more apparent in the slow convergence velocity models. VE = 40 x is the
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Figure 4.5: Comparison of plastic strain between models with no erosion (A and B) and a hillslope diffusion rate to the
surface (C-F). A) CT25-1. B) CT25-10. C) CT25-1-D300. D) CT25-10-D300. E) CT25-1-D300. F) CT25-10-D3000.
The white line in each plot denotes the boundary between the crust and mantle. G) Plastic strain of models
presented in A), C) and E) at y =-10 km. H) Plastic strain of models presented in B), D) and F) at y =-10 km.
The plastic strain shows how increasing the surface diffusivity restricts the wedge width, reduces the
number of shear zones (based on the amount of strain localisation) and concentrates deformation at the
centre of the wedge. The back-thrust in E) is well-defined in the profile presented in G). ......................... 98
Figure 4.6: Horizontal temperature profile at y =-24 km for all models presented in the internal heating section after 435
km of convergence. The high convergence velocity models have a similar temperature, whilst a large
difference (~400 °C) is observed between CT25-1 (~600 °C) and CT25-1-3.6H,(~1000 °C) due to more heat
being produced over the time to reach 435 km of convergence in the low convergence velocity models. 99
Figure 4.7: Evolution of strain at y = -10 km to highlight the influence of surface processes on strain localisation in the
crust. A) CT25-1, B) 25-10, C) CT25-1-D300, D) CT25-10-D300, E) CT25-1-D3000, F) CT25-10-D3000. .... 101
Figure 4.8: Evolution of selected particles to highlight the depth at which material is exhumed from. A) CT25-1, B) CT25-
10, C) CT25-1-D300, D) CT25-10-D300, E) CT25-1-D3000, F) CT25-10-D3000. No exhumation takes place in
A, B or D. Material is exhumed from a depth of ~10 km in C, ~30 km in E and ~14 km in F. This highlights
that most exhumation takes place in the low velocity model with a high surface diffusivity rate due to the
amount of time to reach 435 km, with material eroded as fast as uplift occurs, resulting in the exhumation
of deep crustal material along a SiNGle DACK tArUSE...............oeeeueeiiveeiiesiieeces ettt esie st s e e seeesiee e 103
Figure 5.1: A) Initial 2D model setup of case 03fc. Temperature contours are given at 200 C intervals. The black box (x >
700 km & x < 1100 km, y < 20km & y > -150 km) portrays the area shown in subsequent figures that display
model evolution. B) 1D strength and temperature profile of the crust and mantle. The strength profiles have
a constant strain rate (¢,; = 107* s71) with different friction coefficients, with increasing friction
coefficient resulting in a thicker viscous layer at the base of the Crust. .........ccccoceeevuvevveesivesieesiieessnenans 118
Figure 5.2: Material plots for models with different f. values with no surface processes (A - D) or with slow (E — H) or fast
(I — L) surface processes (SSP and FSP, respectively) after 450 km of convergence (t = 22.5 Myr). A clear
transition from plastic-dominated features (stacking of the entire crust) in 01fc to viscous-dominated
features (folding of crust) as in 04fc can be seen when looking left to right. SSP representing ve= 0.5 mm yr
1 & v5=0.05 mm yr! whilst FSP represents ve=1 mm yr! & vs= 0.1 mm yr. Regarding surface processes,
the internal structural is very similar with and without surface processes, however surface processes do
promote exhumation at the centre Of the WEAQGE. ..........cccuveeueecciveeiiesiieesieesieesteesteesieessaeesessssaaesses 124
Figure 5.3: Strain plots for models with different f. values with no surface processes (A - D) or with slow (E — H) or fast (I
— L) surface processes (SSP and FSP, respectively) after 450 km of convergence (t = 22.5 Myr). A clear
transition from plastic-dominated features (stacking of the entire crust), as seen in 01fc, to viscous-
dominated features (folding of crust), as seen in 04fc, is observed. SSP represents v.= 0.5 mm yr* & vs=0.05
mm yr! whilst FSP represents ve=1 mm yr! & vs= 0.1 mm yr. surface processes, do not alter the overall
internal structure much, but do reduce the distance between high strain zones and reduce the length of the
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Figure 5.4: Evolution of orogens front (solid line) and rear (dotted line) position, based on the position of elevated
topography (where y first exceeds 200 m at the orogens front and rear), for all 2D models. A) No surface
processes, B) SSP models, c) FSP models. The distance between the front and back of the orogen represents
the orogens width The model results show that both rheology and surface processes influence the width of
the orogeny. The influence of rheology on orogen width increases as the amount of convergence increases.
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Figure 5.5: Comparison of topography due to A) rheology and B) surface processes after 450 km of convergence. Profiles
taken from Fig. 3. In A) a large distance is observed at the front of the wedge between 01fc and 02fc of ~70
km, whilst erosion and sedimentation reduce the wedge with by ~50 km at the back of the wedge and ~10
KM Gt the froNt Of tNE WEAGE. .......cccuueeeeiieeieeeiee ettt ettt stt ettt e et e s e st asstteestesesstaessssesseesaseassseesaes 127

Xviii



Figure 5.6: A) Plot of surface topography, B) lateral flow at a depth of ~4 km below the surface and 2D profiles of material
(Cand E) and accumulated plastic strain (D and D) for 01fc-04fc-3D after 450 km of convergence. The dotted
lines in (A) represent the profiles taken to measure the evolution of topography in Figure 5.7 and the
location of the profiles of material (C and E) and strain (D and F). The topography highlights how the
location of peak topography is discontinuous along strike, with a salient forming where rheological strength
is low (z > 150 km) and a recess forming where rheological strength is high (z < 150 km). ..................... 130

Figure 5.7: Evolution of orogens front (solid line) and rear (dotted line) over 450 km of convergence for 01fc-04fc-3D. The
y axis represents the x-coordinate where the topography first (front - solid) or last (back - dotted) exceeds
a height of 200 m. The grey lines represent the evolution of the topography at z = 80 km where the crust
has a friction coefficient of 0.4 (04fc) and blue is measured at z = 220 km where the crust has a friction
coefficient of 0.1 (01fc). The model highlights a similar evolution to the 2D models (Figure 5.4A), with the
topographic fronts diverging throughout convergence to form a salient (blue) and recess (grey) in the 3D
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Figure 5.8: A) Plot of surface topography and B) lateral flow direction at a depth of ~4 km below the surface. 2D profiles
of material (C and E) and accumulated plastic strain (D and F) for 01fc-SP-3D after 450 km of convergence.
The dotted lines in (A) represent the profiles taken to measure the evolution of topography in Figure 5.9
and the 2D profiles of material (C and E) and strain (D and F). The topography highlights how the location
of peak topography is continuous along strike, with a salient forming where the orogen is wide due to slow
erosion rates (z > 150 km) and a recess forming where the orogen is narrow due to fast erosion rates (z <
10l s OSSR 132

Figure 5.9: Evolution of orogens front (solid line) and rear (dotted line) over 450 km of convergence for 01fc-SP-3D, where
the constant fc throughout but the erosion & sedimentation rates vary laterally. The y axis represents the
x-coordinate where the topography first (front - solid) or last (back - dotted) exceeds a height of 200 m. The
blue lines represent the evolution of the topography at z = 80 km where slow erosion and sedimentation
rates (SSP) are applied and cyan is measured at z = 220 km, where the fast erosion and sedimentation rates
(FSP) are applied. SSP represents ve= 0.5 mm yr! & v;=0.05 mm yr! whilst FSP represents ve=1 mm yr! &
vs=0.1 mmyr!.The model highlights a similar evolution to the 2D models (Figure 5.4), with the topographic
fronts diverging to form a salient (blue) and recess (grey) in the 3D models. The outward propagation of
the orogen front occurs at different amounts of convergence due to varying erosion and sedimentation
rates, resulting in periods where the fronts of both orogens are at a similar position (e.g. at ~375 km of
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Figure 5.10: A) Topography from EarthEnv-DEM90 (Robinson et al., 2014) and B) free air gravity anomalies from
WGM2012 (Balmino et al., 2012) of the Himalayan arc between 85 and 92 °E, along with the small circle
arc from Bendick and Bilham (2001) that is centred at 92.6 °E, 42.4 °N with a radius of 1696 km. Two salients
(S1 & S2) and recesses (R1 & R2) are marked along the orogen front but show very different topographic
and free-air gravity anomaly features. The black lines represent country boundaries. ..............ccceeeuueun. 139

Figure 6.1: A) Schematic evolution of the Himalayas and Tibet, highlighting the formation of key structures at different
times, based on various previous schematic diagrams of the evolution of the major structures (e.g. Elliott
etal., 2016; Herman et al., 2010; Nelson et al., 1996; Searle, 2015; Streule et al., 2010). 1YSZ — Indus Yarlung
Suture Zone, NHD — Northern Himalayan Domes, MHT — Main Himalayan Thrust, STD — South Tibetan
Detachment, MICT — Main Central Thrust, MBT — Main Boundary Thrust, MFT — Main Frontal Thrust, LHS —
Lesser Himalayan Sequence, TSS — Tethyan Sedimentary Sequence, GHCS — Greater Himalayan Crystalline
Sequence. B) Evolution of convergence, trench and plate velocity, modified from Capitanio et al. (2010).
The convergence velocity (Veony) is the sum of the plate velocity (Vpiate) and trench velocity (Virench). ....... 152

Figure 6.2: A) Model setup. The convergence velocity is applied to the left boundary, the top boundary is free slip, the
right boundary no slip and the bottom boundary is unconstrained. The left, top and right boundaries have
zero heat flux, whilst the temperature of the bottom boundary is unconstrained. The black box marks the
area that is plotted in subsequent figures. LM = lithospheric mantle. B) Strength and temperature profile
displaying the difference in strength between crust A/B (quartzite) and C (diabase). C) Total convergence
against time to show how each model reaches 2000 km of convergence over the duration of the model:
CV10 - fast model (10 cm yr?) for 20 Myr, CV2 — slow model (2 cm yr~2) for 100 Myr, DV10-2 — decreasing
velocity model (10 10 2 CM YI™2) OVEE 50 MK . .....ueeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeaeeeeeesseeasesesesasssessasssseasanen 159

Figure 6.3: Evolution of material and passive tracers in CV10, with material plots also including temperature contours,
velocity vectors and passive tracers. Boxes above material plots highlight the horizontal strain rate (lxx)
and vertical velocity (vy) at y = -15 km. Boxes to the right of the material show the pressure-temperature
paths of the passive tracers. A) Phase 1 — formation of initial wedge above weak zone. B) Phase 2 —
migration toward the back wall and lengthening of the orogen and Phase 4 - where underthrusting of crust
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A below crust B occurs and return flow forms at the front of the orogen. C & D) Phase 3 — doming of the
crust and exhumation of deep crustal material. E) Topography at the same intervals presented in A-D. The
topography shows the different stages, with topography narrow in phase 1 before widening and forming a
plateau in phase 2 and 3. During phase 4, the orogen continues to widen, with a sharp topographic gradient
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Figure 6.4: Evolution of material and passive tracers in CV2, with material plots also including temperature contours,
velocity vectors and passive tracers. Boxes above material plots highlight the horizontal strain rate (&) and
vertical velocity (v,) at y = -15 km. Boxes to the right of the material show the pressure-temperature paths
of the passive tracers. A) — D) highlight that the orogen migrates backward throughout and primarily
accommodates convergence through thickening and folding of the crust. E) Topography at the same
intervals presented in A-D, with the topographic height continuously increasing and migrating backward
throughout the evolution of the model. A large decrease in length and increase in crustal thickness is
observed between 56 and 81 Myr, concentrated in Crust B which undergoes intense shortening forming
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Figure 6.5: Evolution of material and passive tracers in DV10-2, with material plots also including temperature contours,
velocity vectors and passive tracers. Boxes above material plots highlight the horizontal strain rate (&) and
vertical velocity (v,) at y = -15 km. Boxes to the right of the material show the pressure-temperature paths
of the passive tracers. A) Phase 1 — formation of initial wedge above weak zone. B) Phase 2 — migration
toward the back wall and lengthening of the orogen & Phase 3 - with underthrusting of crust A below crust
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Mountains are one of the most remarkable features of the Earth. Mountain ranges,
or orogens, are the product of plate tectonics and form due to the convergence of buoyant,
continental crust, with the process known as orogenesis. Subduction leads to an orogeny,
resulting in the rise of mountains after the closure of oceans to form elevated regions of
topography that can exceed over 8 km in height above sea level. This is most notably
represented by Chomolungma (Mount Everest) in the Himalayas, the tallest mountain
(above sea level, MSL) in the world, which stands at height of 8847.43 m MSL (Angus-
Leppan, 1982; Chen et al., 2006; de Graaff-Hunter, 1955).

The internal structure of an orogen is a product of the deformation history of the region
and crustal strength. On geological timescales over which orogenesis occurs, the strength
of the crust and mantle is determined by the rheology, which is controlled by two primary
deformation mechanisms: (1) the frictional-plastic properties of the crust, which occurs at
low temperatures, usually close to the surface, and (2) the viscous-ductile rheology of the
crust, which occurs at higher temperatures deeper within the crust (Burov and Watts, 2006;
Burov, 2011). The deformation mechanisms are important in understanding the structural
evolution of orogens, however early studies neglected the role of viscous rheology and

focused on purely frictional-plastic materials.

1.1. Understanding orogenesis

1.1.1. Plastic crust and critical taper theory

A major development in the understanding of the structural evolution of orogens is
attributed to the development of the critical taper theory (Chapple, 1978; Dahlen, 1990,
1984; Dahlen and Barr, 1989; Davis et al., 1983) of Mohr-Coulomb wedges. The critical
taper theory assumes plastic-only deformation, with the crust initially thickening to increase
the stress acting on the crust for the shear stress to reach the failure envelope of the crust

(Figure 1.1A). Once the shear stress within the crust has increased sufficiently to reach the
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failure envelope, a constant angle between the slope (a) and the basal décollement (B),
when on an inclined plane, are maintained to keep the internal material on the verge of
failure everywhere (Dahlen, 1984; Dauvis et al., 1983) (Figure 1.1B) and maintain the critical
taper (6. = a + B). However, if the material reaches an over-critical state (Figure 1.1C), the
orogen must lengthen to reduce the vertical load and re-equilibrate the stresses acting on
the wedge to maintain the critical taper angle. The critical taper for a dry, cohesionless,
sandy material is represented as (Dahlen, 1990; Graveleau et al., 2012):

(1.1)

C
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where f, is the internal friction coefficient of the wedge and f;, is the basal friction coefficient.
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Figure 1.1: Evolution of a critical taper model with a flat base and rigid backstop. a, b & c represent the Mohr circles (left)
that correspond to points in the crust (right). A) Initial wedge development, where the surface slope is below the critical
taper angle (as the basal slope is flat) and must increase to reach the critical taper. B) Wedge is on the verge of failure
everywhere as the critical taper angle has been achieved. C) Wedge is in an over-critical state as the slope is too high, the
wedge must widen through lengthening at the front due to the rigid backstop to re-gain the critical taper angle.
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Due to the timescales at which orogens evolve over, orogenesis cannot be observed
directly, with both laboratory analogue (e.g. Graveleau et al., 2012; Gutscher et al., 1996;
Luth et al., 2010; Mulugeta and Koyi, 1992; Schreurs et al., 2006; Verschuren et al., 1996)
and numerical (e.g. Dal Zilio et al., 2020; Ruh, 2017; Ruh et al., 2014, 2013, 2012) models
utilised to investigate the evolution of orogens within the critical taper framework. Early
models utilised a rigid backstop which caused material to accrete at the backstop (Figure
1.2A). As outlined by eq. 1.1, the controlling factor on the critical taper is the internal and
basal friction coefficient, representing strength, of the deforming material.

The critical taper theory assumes a plastic-only rheology. However, over the
timescales that orogens form, the crust and mantle also deforms as a viscous fluid (Platt,
1986). This led to the critical taper models being superseded by the S-point wedge model
(Beaumont et al., 1996a; Willett et al., 1993), where the S-point represents a discontinuity
in the velocity condition that is applied to the base of one plate (Figure 1.2B). This creates
deformation on both sides of the discontinuity, creating structural styles more synonymous
to orogenic wedges in nature when compared to the early critical taper models that utilised
a rigid backstop.

A) Critical taper model B) S-point model

Rigid
backstop
proto-wedge

Figure 1.2: A) Critical taper model, where material accretes at a rigid backstop and deformation is concentrated to the left
of the backstop. B) S-point model, where a velocity discontinuity occurs at the centre of the model, creating deformation
on both the sides of the discontinuity.
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1.1.2. Visco-plastic crust on the evolution of wedges

The first numerical models developed by Willett et al. (1993) were S-point models
and included both plastic and viscous rheology, with the viscous rheology incorporating the
influence of temperature and strain rates on the model evolution. During the evolution of the
model, a change from a plastic to viscous lower crust occurred due to crustal thickening and
increasing temperatures at the base of the crust, favouring viscous deformation over plastic
(Willett et al., 1993). This change from plastic to viscous rheology resulted in a decrease in
overall crustal strength, causing a decrease in crustal thickness and an increase in wedge
length. Willett et al. (1993) also postulated the role of convergence velocity on the geometry
of the orogen due to the inclusion of viscous rheology, that is rate dependent.

Various numerical models which do not have a constrained basal condition like the
S-point models have been used to investigate the influence of rheology on the structural
evolution of orogens (e.g. Burg and Gerya, 2005; Chen et al., 2017; Faccenda et al., 2008;
Jammes and Huismans, 2012; Vogt et al., 2017b, 2017a; Willett, 1999b). However, the
heterogeneous nature of the composition of the continental crust and uncertainties in the
geotherm means similar structures can be obtained from numerical models that use different
parameters but produce a similar strength profile. For example, a low geothermal gradient
and quartzite rheology can produce a similar strength profile and structural style comparable
to a high geothermal gradient and a feldspar rheology (Beaumont et al., 1996b).

Other numerical studies have focussed on processes that influence the strength of
the crust and lithosphere on the evolution of orogens. These processes include, but are not
limited to, the rate at which the crust collides (convergence rate) and the subsequent
induced strain rates (e.g. Burov, 2011; Faccenda et al., 2008; Rossetti et al., 2000; Vogt et
al., 2017b), surface processes (e.g. Avouac and Burov, 1996; Dal Zilio et al., 2020; Jammes

and Huismans, 2012; Vogt et al., 2017a; Whipple and Meade, 2004; Willett, 1999a), and
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internal temperature, through the initial geotherm (e.g. Ellis, 1988; Vogt et al., 2017a) or
internal heating due to radiogenic heat producing elements in sediments, the crust and
mantle (Faccenda et al., 2008a, 2009). Although these studies utilise different approaches
to alter the rheology, whilst also introducing various complexities in each study, the
fundamental parameter controlling the evolution of the orogen is the strength of the crust as
it dictates the crustal thickness that can be supported and the width of the orogen. A low
strength produces a thin and wide orogen, whilst a high strength produces a narrow and
thick orogen (Chen et al., 2017a; Pusok and Kaus, 2015; Ruh et al., 2012, 2014).

1.1.3. Dimensional analysis of orogenic wedges

1.1.3.1. The Ramberg number

The primary stresses controlling the development of the wedge are the resistance to
deformation (strength) in response to excess gravitational stresses (England and McKenzie,
1982; Ramberg, 1967; Stuwe, 2007; Weijermars and Schmeling, 1986). This was first
presented by Ramberg (1967) and subsequently termed the Ramberg number (Rm) by
Weijermars and Schmeling (1986). Rm is similar to the Argand number (Ar) (England and
McKenzie, 1982; Pusok and Kaus, 2015; Willett, 1999a), however the formulations are

slightly different.

a _________
P, N, 1:C 0] 1
Veonv n 09 h
N Ob v

Figure 1.3: Schematic drawing of an orogenic wedge showing the internal stresses acting on the wedge (green) direction
of applied convergence (red) and parameters of the crust (black). vcony = convergence velocity, alpha = surface angle, beta
= basal angle, h = crustal thickness, p = crustal density, n = viscosity of the crust, f, = friction coefficient of the crust.

During the early stages of orogenesis, the gravitational (vertical) and internal

(horizontal) stresses evolve to reach an equilibrium, and then attempt to remain
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proportionate. This is similar to the evolution of the critical taper angle (¢ + ), as outlined
in eq. 1.1, with the taper angle increasing until reaching equilibrium, with the critical angle
then remaining relatively constant.

Rm, for a viscous fluid, is expressed as (Medvedev, 2002; Pusok and Kaus, 2015;

Ramberg, 1967; Weijermars and Schmeling, 1986):

_ Perusegh? (1.2)

nCTUStVCOTlU

Rm,,

where p..s: 1S the density and 7., IS the viscosity of the crust, g represents gravity, h is
the thickness of the crust and v,,,,,, represents the convergence velocity. If all values remain
constant in eq. 1.2, an increase in either the convergence velocity or viscosity decreases
the value of Rm. A low Rm number implies a high resistance to deformation where the
wedge can support high gravitational stresses, resulting in a thick and narrow wedge
(Medvedev, 2002; Pusok and Kaus, 2015; Vanderhaeghe et al., 2003; Willett, 1999a).
However, for a plastic, dry and cohesionless crust, Rm is expressed as:

Perusegh 1 (1.3)

Rm,,~ ——crustd”
P Perust gV [

where f. is the friction coefficient. In eq. 1.3 the Rm number decreases with increasing f,,
representing an increase in wedge strength, resulting in an increase in wedge thickness and
decrease in wedge length. Eq. 1.3 is independent of convergence velocity and instead
dependent on the friction coefficient of the deforming material, similar to the critical taper
angle (eq. 1.1). When combined for a visco-plastic rheology, as utilised throughout this
thesis, Rm becomes:
Rm~ min(Rmp, R‘mv) (1.4)

as the weakest deformation mechanism controls the internal deformation of the crust.

The calculated values of Rm for different crustal thicknesses are presented in Figure

1.4A, showing that an increase in crustal thickness, whilst all over parameters remain the
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same, results in an increase in Rmy for a given convergence velocity. This is due to the
convergence velocity being distributed across a thicker crust, resulting in a lower average
strain rate across the crust, causing an increase in Rmy. As the convergence velocity
increases, the strain rates in the crust increase due to a fixed crustal thickness, resulting in
a decrease in Rmy (Figure 1.4). However, Rm, does not vary with convergence velocity or
crustal thickness as it is only dependent on the inverse of the friction coefficient (Figure
1.4A). Figure 1.4B shows the influence of the crustal viscosity, and thus strength, with a
lower viscosity crust showing a larger range of Rmy over the range of convergence velocities
tested. At a lower viscosity, the crust is much more sensitive to changes in convergence

velocity, however when viscosity is high, the crust has a higher internal resistance to

deformation and is insensitive to changes in velocity.
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Figure 1.4: Rm number over a range of 1to 10 cm yr" convergence velocities. A) Showing the influence of crustal thickness
with a constant viscosity (10?" Pa s), with an increase in crustal thickness increasing the value of Rm, at a low convergence
velocity, whilst also shifting the curve to the right. B) Influence of crustal viscosity on Rm for a crustal thickness of 25 km,
with an increase in viscosity decreasing the value of Rm for a given convergence velocity and reduces the range of Rm.



Chapter 1

1.1.3.2. The erosion number

The evolution of the wedge is also influenced by surface processes. Erosion and
sedimentation redistribute material, with erosion reducing the vertical gravitational load
acting on the wedge. This results in a reduction in wedge length, concentrating deformation
at the centre of the wedge and promoting exhumation (Dal Zilio et al., 2020; Jammes and
Huismans, 2012; Kaus et al., 2008) whilst also extending the duration of activity on faults
(Avouac and Burov, 1996; Dal Zilio et al., 2020; Ellis et al., 2001; Jammes and Huismans,
2012; Jaquet et al., 2017; Selzer et al., 2008). If erosion rates exceed uplift rates,
exhumation is concentrated along a single back thrust (Beaumont et al., 1996b; Willett,
1999b), whilst also producing a smoothed topography (Avouac and Burov, 1996).

The role of erosion is encapsulated by the non-dimensional erosion number (Ne)
(Willett, 1999), which shows that the total amount of eroded material is proportional to the
product of the erodibility of the material (k) and the layer thickness (h) and inversely
proportional to the convergence velocity (Vconv):

kh (1.5)

VCOTLU

Ne =

When Ne — « due to either material that can be eroded quickly or extremely low
convergence rates, no topography can exist as it is either eroded instantaneously or there
is no convergence to create topography (Willett, 1999). Ne — 0 also occurs due to strong
material that resists erosion or a high convergence velocity, where topography develops

quickly and the erosion rate cannot remove the material.

1.2. Thesis overview

The aim of this thesis is to apply the insights outlined above to the evolution of

orogenic wedges. Instead of using a constant viscosity and crustal density, we utilise a
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lithospheric scale model with a rheology that incorporates both non-linear viscous and

depth-dependent plastic rheology to better replicate the deformation of the crust. This thesis

investigates:

1. The role of convergence velocity and crustal thickness on the structural evolution of
orogens, providing constraints to determine the deformation mechanisms
accommodating convergence in the Himalayas, European Alps and the Zagros
(chapter 3).

2. How internal heating and surface processes influence the structural evolution of
orogens, highlighting their time-dependency (chapter 4).

3. The role of lateral variations in strength on the formation of salients and recesses,
with insights into the causes of salients and recesses along the Himalayan arc
(chapter 5).

4. How the decrease in convergence velocity between India and Asia since collision ~50
Ma influenced the formation of the Himalayan fold-and-thrust belt and Tibetan
Plateau (chapter 6).

The first three research chapters (3 — 5) investigate each key parameter
independently to determine how each influences the structural evolution of the orogen. This
differs to previous studies that typically incorporate all these processes in one model which
then hinders the understanding of each parameter that is modified due to non-linear
feedbacks. Chapter 6 then investigates long-term convergence, replicating the convergence
history between India and Asia.

Each research chapter is presented as a stand-alone article, an accepted format for
the PhD thesis at Monash University. Although each chapter is unique, there is repetition in

the introduction and methods sections due to similar methods and model setups used.

10
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Chapter 3 has recently been accepted for publication in Tectonics, whilst Chapters 4, 5 and

6 have not yet been submitted for publication.
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2.1. Governing equations

The numerical modelling in this thesis is based on the finite element, particle in-cell
(PIC) framework Underworld2 (Beucher et al., 2019a; Moresi et al., 2003a, 2007a). To solve
the conservation of mass, momentum, and energy equations, Underworld2 uses the
Boussinesq approximation for an incompressible, visco-plastic fluid under Stokes flow in a
2D Cartesian box. Stokes flow, or the Navier-Stokes equation, in fluid mechanics is a partial
differential equation (PDE) that describes the flow of incompressible fluids.

The Boussinesq approximation (BA) of stokes flow is used when modelling tectonic
settings as the BA assumes density variations are small so they can be ignored everywhere
except in the buoyancy term in the momentum equation (van Zelst et al., 2021). This is a
result of the Prandlt (Pr) and Reynolds (Re) numbers, where the Pr number represents the
ratio of kinematic viscosity (momentum diffusion) over thermal diffusion (Turcotte and
Schubert, 2002) and the Re number represents the inertial forces (the product of density,
thickness and velocity) over the resistance to flow, i.e. the viscosity of a fluid (Turcotte and

Schubert, 2002). The controlling factor of both Pr and Re is the viscosity (), where Pr < 7

and Re « % which results in a high Pr and low Re number. The high viscosity of the crust

and mantle and resulting high Pr and low Re values means inertial forces can be neglected
in Stokes flow when modelling tectonic settings as the high viscosity inhibits the influence of
inertial forces (Turcotte and Schubert, 2002). The extended BA is used in Underworld2 as
it includes the option of additional heating mechanisms (e.g. internal heating).

2.1.1. Conservation of mass

The BA assumes that changes to the flow that arise due to compression are
considered as a perturbation to the incompressible flow. This is sufficiently incorporated by

applying an incompressible constraint on velocity (v):
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v (2.1)
oz, O

2.1.2. Conservation of momentum
The conservation of momentum, under the assumption of negligible inertia, is

expressed as:

a_xj_a_xi-l_p(P,T’C)gi =0

where 7;; is the stress tensor, P is the lithostatic pressure, p is the density, which is

dependent on the pressure (P), temperature (T) and composition (C) and g; is the (vertical)

gravity component.
2.1.3. Conservation of energy

The energy conservation is enforced by the following:

oT 8 (T T (2.3)
P axi"< )

—)—vi—+H
0x; ”laxi "

where changes in temperature over time (%) are a result of thermal diffusion (%K (g)),

thermal advection (v; aa—;) and internal heating (H,.). The inclusion of internal heating in the
conservation of energy represents the extended BA.
2.2. Constitutive laws

Critical to this thesis is the use of a non-linear, temperature- and rate-dependent
visco-plastic rheology.
2.2.1. Creep law

The viscous deformation of rocks is determined through a temperature-, pressure-
and strain rate-dependent power law equation, which allows defining dislocation and

diffusion viscosities:
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1 1 1-n E + PV (2.4)
Naiff/dist ZEA negp n exp( nRT, )

where 7 is the viscosity, A is the pre-exponential factor, n is the stress exponent, E is the
activation energy, P is the lithostatic pressure, V the activation volume, R the gas constant,
T, is the temperature at a given position and &; (= (0.5 e'l-je'l-j)o-5) is the square root of the
second invariant of the strain rate tensor (¢;;) at a given position. Diffusion creep is neglected
in the crust due to the low temperatures and high strain rates. The bulk average grain size
of the crust, which is on the order of mm scale, also makes dislocation creep the dominant
viscous deformation mechanism in the crust (Ranalli and Adams, 2013). For simplicity, we
ignore the influence of grain size and water fugacity on deformation mechanisms, which can
result in large variations in viscosity alone (e.g. Dannberg et al., 2017; Ranalli, 1982).
2.2.2. Plastic rheology

Plasticity is implemented in the model through a Drucker-Prager yield criterion
(Spiegelman et al., 2016), which is limits the maximum stresses in the crust (eq. 2.5.1) which

is then used to produce an effective viscosity for plastic flow (eq. 2.5.2):

7, = C cos(¢) + P sin(¢) (2.5.1)
_ (2.5.2)
= 2
where 1, is the yield stress, C is the cohesion at the surface, sin(¢) (= f.) is the friction

coefficient, ¢ is the internal friction angle and P represents the lithostatic pressure. Plastic
strain-weakening of the crust is implemented through a function of the integrated material
plastic strain (¢), where the cohesion (C) and internal friction angle (¢) are reduced linearly
(Cw, @) with strain between 0.5 (&,,;,) and 1.5 (&,,4,) before reaching the weakened value

when € > gpux:
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( c if € < €min (2.6.1)
C= {C+%(S—Smm), if €min < € < Emax

t Cu if €2 Ema

( ) if €< Enin (2.6.2)
Q= {¢+%(S—Smm), if €min < € < Emax

\ Pw» if €2 &max

Plastic strain (¢) is the time-integrated strain rate second invariant (¢;;) in areas deforming
in the plastic regime, updated and stored on the particles. This method of weakening is
similar to previously published work (e.g. Ruh et al., 2012; Vogt et al., 2017).

2.2.3. Composite rheology

Under the assumption of a Maxwell body rheology, the viscosity (n) for each material
is the minimum viscosity yielded by each deformation mechanism:

Nerust = Min(Np, Naist) (2.7.1)

Nmantie = Min(Mp, Naisi Naisr) (2.7.2)
Viscosity is subsequently limited in the model between 10'° Pa s and 10%* Pa s. Elasticity
may alter the short-term stress distribution within the model, however it is not accounted for
as the visco-plastic rheology utilised provides a sufficient first-order estimate on the long-
term stress evolution of orogenic wedges over geological timescales (Kaus et al., 2008; Vogt

et al., 2017a).

2.3. Numerical method
The governing equations and the constitutive laws outlined above are solved on a
regularly spaced grid in a Eulerian configuration. Within the Eulerian grid are Lagrangian

particles that are used to track material properties throughout the evolution of the model,

which is known as the particle-in-cell (PIC) method.
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Underworld2 utilises the multigrid method to discretise the domain to solve the
Boussinesq approximation for stokes flow (Moresi et al., 2003a, 2007a). The discretisation
of the mesh reduces the problem size, resulting in the BA being reduced to a set of linear
equations that can be solved in form of combinations of polynomial expressions (van Zelst
et al., 2021). The multigrid method determines the stokes flow by first solving for the
pressure using the Schur complement matrix, before backsolving for the velocity, producing
the complete solution.

Underworld2 uses Q1Po elements by default, which utilises quadrilateral elements
that use linear functions for velocity and a discontinuous constant pressure (Crameri et al.,
2012). In the solution, material particles are used to determine the unknowns in the system
that are required to approximate the BA. Due to this, no direct interpolation is required
between the particles and the mesh (Crameri et al., 2012). The solver time for the multigrid
method is proportional to the number of unknowns in the system (Moresi et al., 2003a,
2007a), which is typically the velocity components, pressure and temperature for

geodynamic problems.
2.4. Boundary conditions

The boundary conditions vary between chapters and are outlined in the methods
section of each chapter. Here, we outline the different types of boundary conditions utilised
in each model.

In all models the convergence velocity (vx) is applied to the left side wall. The
convergence velocity is applied across the crust and lithospheric mantle, before decreasing
from veony at the lithosphere asthenosphere boundary to 0 at the bottom of the left side wall.
Across the sticky air layer is an inflow/flow condition that allows sticky air to escape at the

top of the box. Due to the imposed convergence, new sticky air is introduced into the box,
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which must be removed otherwise the top of the box becomes filled with sticky air that stops
topography developing. On the left side wall the vertical velocity (vy) is unconstrained.

No velocity conditions are defined on the bottom boundary (unconstrained), allowing
for inflow and outflow of material, implying the model overlies an infinite space filled by an
inviscid fluid (Gerya, 2009). This, coupled with the inflow and outflow condition across the
sticky air on the left side wall, is required as new material is introduced due to the applied
convergence velocity on the left side wall, with the in-flowing material being balanced by
out-flow of material along these boundaries. The depth of the bottom boundary varies
between each research chapter, with the domain dimensions described in the methods
section. The right-side wall boundary condition also varies, with either a free slip (vx = 0) or
no slip condition applied (vx, vy = 0), which stops outflow on the right-side wall. Each model
also uses a free-slip condition on the top (vy = 0) boundary to stop material escaping
vertically. In 3D, the front and back boundaries are also set to free-slip.

To allow topography to develop, a ‘sticky air’ layer is included between the top of the
crust and the top boundary, with a low viscosity (10" Pa s) and density (1 kg m=) which
minimizes shear stresses at the surface and creates a pseudo free surface (Crameri et al.,
2012; Schmeling et al., 2008; Vogt et al., 2017a). The thickness of the sticky air layer varies
between chapters, with the thickness stated in the methods section of each research

chapter.
2.5. Surface processes

In this thesis, surface processes have been implemented within the Underworld2
UWGeodynamics (v2.10.0b) framework (Beucher et al., 2020). Although not used in each

chapter, surface processes are an important part of orogenesis, altering the forces acting

on the wedge.
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In all implementations of surface processes, the passive tracers are first advected
with the particles to determine the new surface position. The particles are then interpolated
back to the initial x coordinate on the regularly spaced line (2D) or xz coordinate of a grid
(3D) that is defined during model setup, with the surface processes then applied to the
particle to determine the new height of the surface and for erosion or sedimentation to take
place.

2.5.1. Linear hillslope diffusion

Linear hillslope diffusion (D) has been implemented, which is the rate at which
variations in topography diffuse over. The 2D evolution of the surface topography (h) is
modelled assuming the short-range transport of material as a linear flux (gs) which is
proportional to the surface slope (Avouac, 1993; Culling, 1960):

dh
- (2.8)

where D is the surface diffusion constant, expressed as a unit area over unit time (m? yr'),
that determines the amount of erosion and sedimentation taking place at the surface. As the

surface of the model is represented as a line (1D), the change in surface height over time
(57) iis reduced to (Gerya, 2009):

dh _ dqs (2.9)
dt  dx

Where v, is the uplift velocity, v, is the horizontal velocity and % is the vertical height

difference between adjacent particles that track the surface. An example of linear hillslope
diffusion is given in Figure 2.1, displaying how an elevated region erodes over 1 Myr. As the

diffusive surface is implemented over a line, it is only currently available in 2D models.
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Figure 2.1: An example of hillslope diffusion of an elevated region at given time intervals between 0 and 1 Myr (106 yr).
2.5.2. Velocity-dependent surface processes
An alternative approach to surface processes is the use of a sedimentation and
erosion rate, where the surface evolves according to the following transport equation (Gerya,
2009):

dh_ (2.10)
dt - Vs e

Where v, and v, are the erosion and sedimentation rates, respectively. To limit erosion to
uplifted areas and sedimentation to basins, a condition is imposed based on the horizontal
position (y) of the surface tracking particle compared to the original surface (y,) (Gerya,
2009):

vs =0myr1,v, =v, wheny >y, (2.11)

v =0myrt

,Us = Vg wheny <y, (2.12)
The velocity surface processes outlined above have been implemented in both 2D

and 3D within UWGeodynamics framework (v2.10.0b).
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2.6. Model limitations

2.6.1. Setup and boundary conditions

The setup utilised in this thesis attempts to replicate the upper 300 km of the Earth,
which includes the air, crust, lithosphere and upper mantle, this approach is beneficial over
sandbox models which only replicate the deformation within the crust and neglects stresses
that arise due to the evolving mantle structure. The model incorporates a lower boundary
that is unconstrained to allow outflow whilst a velocity condition is imposed on the left
sidewall. In these models, the stresses within the wedge evolve in response to convergence
and changes in the subduction angle, however this is initially controlled by the angle of the
weak zone embedded in the lithosphere. This approach is beneficial over S-point models,
where the velocity discontinuity is fixed whilst it can migrate over time in this approach due
to evolving stresses.

The open lower boundary condition included in the model setup does not accurately
simulate mantle dynamics, where a viscosity increase between the upper and lower mantle
which has been shown to stall subducting slabs and alter surface dynamics (Garel et al.,
2014; Crameri et al., 2017). The stresses exerted on the wedge due mantle flow are also
not accurately represented in this approach as a velocity condition is also imposed across
the mantle and do not arise self-consistently, which would be the case when incorporating
mantle convection. However, mantle convection models require a large domain to replicate
the entire mantle and usually have a lower resolution (larger cell size) to reduce
computational time. The lower resolution would then hinder the insights on crustal processes

which require a high resolution to capture structures that form during orogenesis.
2.6.2. Rheology

A viscoplastic rheology is utilised throughout this thesis to replicate both brittle and

ductile deformation that occurs during orogenesis (Platt, 1986). The numerical approach
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utilised does not encapsulate purely brittle deformation, but it is replicated by pseudo-plastic
deformation which results in viscous flow. This is a main drawback of numerical methods
against sandbox models, which replicate the brittle deformation of the crust well to form
faults. However, the approach used in this thesis does include strain weakening which
results in localised areas of high strain and the formation of crustal scale shear zones when
modelled at a high enough resolution. Benchmarks between numerical models and sandbox
models have shown that the overall evolution of numerical and sandbox models are similar
(Buiter et al., 2006).

Elasticity has been shown to alter the short-term stress distribution numerical models
that simulate orogenesis. However, elasticity is not included in these models as the visco-
plastic rheology utilised provides a sufficient first-order estimate on the long-term stress
evolution of orogenic wedges over geological timescales (Kaus et al., 2008; Vogt et al.,
2017).

2.6.3. Surface processes

Surface processes are implemented through either an erosion and sedimentation
rate or a diffusive rate. Both these approaches assume a constant rate throughout the
evolution of the model, whilst in nature erosion rates have previously been recorded to scale
with topography, with erosion rates highest at highest elevations, with a non-linear
relationship between topographic height and erosion rates (Montgomery and Brandon,
2002) due to hillslope and stream processes (Avouac and Burov, 1996). However, the
inclusion of these processes is required to determine the influence surface processes has

on the structural evolution of orogens.
2.6.4. Parameter investigation

The models employed throughout the thesis differ from previous studies as each

parameter is investigated independently. This is beneficial as it develops a baseline
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understanding of how each parameter alters the structural evolution of orogens
independently. However, all these processes are operating in nature at the same time and
feedbacks occur between each parameter, further altering the structural evolution. The work
presented in this thesis can then be used in future studies to fully understand how each
parameter influences the evolution of orogens when all parameters are included in modelling

of orogens.
2.7. Computational performance

Strong scaling is defined as how the solution time varies with the number of
processors for a fixed total problem size, whereas weak scaling where both the number of

processors and problem size are increased by the same factor (van Zelst et al., 2021).
2.7.1. Strong scaling

In general, as the number of CPUs increases, a decrease in the total time should
occur if the problem size is fixed. For ideal strong scaling, the solution time is inversely
proportional to the number of processors (van Zelst et al., 2021). Strong scaling analysis in
2D was performed on a base resolution of 128 x 32, as the model has an aspect ratio of 4:1
(x:y). In 3D, models were performed on a base resolution of 128 x 32 x 32 as the 3D models

have an aspect ratio of 4:1:1 (x:y:z).
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2D strong scaling
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Figure 2.2: Strong scaling tests for 2D models. A) number of processors against time. B) processors increase factor against
speed up factor. The strong scaling shows how the total model time speeds up initially before plateauing at around 8

pProcessors.
Our results found that peak performance occurs between 8 and 64 CPUs in 2D, with

a further increase in the number of CPUs not decreasing the solution time (Figure 2.2). This
roughly corresponds to the number of CPUs per node on the Gadi HPC system, which has
24 CPUs per node on the ‘normal’ nodes (Intel Xeon Cascade Lake) whilst the ‘normalsl’
nodes have 16 CPUs per node (Intel Xeon Skylake). The limiting factor on duration above
the node CPU limit is communication between nodes rather than the model time itself.
As the computational resources required to solve 3D models increases by a factor of
23, a dramatic increase in the number of CPUs is required to perform strong scaling analysis.
In 3D, our results show peak performance ~512 CPUs (Figure 2.3A), after which total run
time plateaus. From Figure 2.3, this is due to the decrease in time for most operations being
in time for the advection of the particles

countered by an increase

(swarmAdvector.integrate()).
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3D strong scaling
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Figure 2.3: Strong scaling tests for 3D models. A) number of processors against time. B) processors increase factor against
speed up factor. The strong scaling shows how the total model time decreases before plateauing at around 512 processors
in 3D.

2.7.2. Weak scaling

To achieve an ideal weak scaling relationship, the solution time should remain
constant as the problem scales with the number of processors, which should result in the
same computational power required per processor (van Zelst et al., 2021). However, this is
complicated when running models on multiple nodes which takes more time than if all
processes were occurring on a single node. Our weak scaling results suggest the optimum
number of processors in 2D is between 4 and 16 processors (Figure 2.4A). After this point,
a decrease in speed occurs (Figure 2.4A-B), mostly due to an increase in time of the stokes
solver and heat solver functions (Figure 2.4A). Similar to the strong scaling, peak
performance of the 2D models occurs at the CPU limit per node, as above this limit

communication between nodes becomes the bottle-neck, slowing down the time to solve.
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2D weak scaling
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Figure 2.4: Weak scaling tests for 2D models. A) number of processors against time. B) processors increase factor against
speed up factor. The weak scaling shows how the total model time increases between 4 and 16 CPUs, suggesting the
increase is due to communication time between processors rather than calculations within the model.

Table 2.1: Optimum number of processors based on strong and weak scaling analysis and trial and error of model runs.

Model dimensions No. of processors
2 12
3 512
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Chapter 3

Abstract

The collision of continental crust results in the formation of orogenic wedges to
accommodate convergence. We use 2D thermo-mechanical models to address the growth
of visco-plastic orogenic wedges, focusing on the structural evolution over time. We find that
when the shear stress at the base of the crust is below the yield stress then the viscous
behaviour dictates the evolution, with the wedge structure and geometry influenced by the
convergence velocity. In contrast, when the shear stress is equal to or above the yield stress
across the entire wedge then the plastic behaviour controls the evolution, with the structural
style and geometry independent of convergence velocity. The models highlight the controls
of the basal décollement rheology on the deformation style of the orogenic wedge. We find
that for increasing crustal thickness, the velocity required to transition from viscous- to visco-
plastic- and then to plastic-dominated wedges increases. We determine empirically how the
viscous deformation influences the wedge strength and estimate an effective friction
coefficient based on the geometry of the entire wedge. The models allow inferences on the
dominant deformation mechanism currently accommodating convergence in the Zagros,
Himalayas and European Alps when estimating the effective friction coefficient from the
geometry, showing the relevant role of rate-dependent viscous deformation in each orogenic

wedge.
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3.1. Introduction

During plate convergence and collision, deformation of the continental crust is
accommodated by the formation of an orogenic wedge. Key to the different structural styles
of orogenic wedges is the rheology, determining whether deformation is predominantly
accommodated by either brittle-plastic or viscous-ductile deformation. Early studies into
orogenic wedges focused on brittle-plastic deformation, using the critical taper approach
(e.g. Dahlen, 1990, 1988, 1984; Dahlen and Barr, 1989; Davis et al., 1983; Platt, 1986),
while other studies (e.g. Beaumont et al., 1996; Medvedev, 2002; Piccolo et al., 2017;
Vanderhaeghe et al., 2003; Vogt et al., 2017a, 2017b; Willett, 1999) demonstrate that some
or all of convergence may be accommodated by viscous-ductile deformation, first
hypothesized by Platt (1986). The dominance of plastic or viscous deformation is critical to

the structural evolution of orogenic wedges.

At crustal scale, plastic deformation favours localised deformation and stacking of
crustal layers, while strain rate-dependent viscous flow favours diffuse deformation (Pfiffner,
2017; Poblet and Lisle, 2011). These rheological end members may co-exist, with structures
related to both deformation mechanisms present in orogenic wedges, which may have
occurred at the same, or different, times throughout the evolution of the orogenic wedge
(Mouthereau et al., 2007; Pfiffner, 2017). The dominant deformation mechanism is a
consequence of the rheological behaviour of the crust under convergence, determined by

the depth of the brittle-ductile (BD) transition in the crust.

Previous studies have shown how the geotherm of the crust alters the BD transition
and subsequent structural evolution (Ellis, 1988; Vogt et al., 2017a), where a decrease in
the geothermal gradient results in the deepening of the BD transition. The depth of the BD

transition is also determined by the composition of the crust (Burov, 2011; Chen et al.,
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2017b; Jammes and Huismans, 2012; Medvedev, 2002; Piccolo et al., 2017; Vanderhaeghe
et al., 2003; Vogt et al., 2017a, 2017c), with a ‘stiffer’ viscous rheology increasing the plastic
domain and deepening the BD transition for a constant friction coefficient. Comparably, a
decrease in friction coefficient increases the depth of the BD transition for a given viscous
rheology. Convergence velocity also controls the depth of the BD transition through induced
strain rates, with larger strain rates resulting in the deepening of the BD transition, increasing
the amount of crust under plastic deformation (Burov, 2011; Gerya, 2009). While these
previous studies have provided insights into factors influencing the structural evolution of
orogenic wedges, the influence of convergence velocity has not been comprehensively

investigated.

The aim of this study is to improve the understanding on the influence of convergence
velocity on the structural evolution of orogenic wedges. We use a 2D thermo-mechanical
numerical model to investigate the role of convergence velocity and crustal thickness on the
dominant deformation mechanism and resulting structural styles of orogenic wedges. By
addressing these parameters, we encompass the thermo-mechanical conditions influencing
the crustal rheology, due to its strain-rate and temperature dependency, highlighting the role
of each on the structural evolution of orogenic wedges. We compare the results with nature
to estimate the wedge strength and determine the role of viscous deformation in
accommodating convergence in the Zagros, Himalayas and European Alps. The outcomes
emphasize the role of rate-dependent viscous rheology on the estimated strength of the

wedge and resultant structural style.
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3.2. Modelling approach

3.2.1. Governing equations

We model plate convergence and collision as the viscous flow of a fluid with an infinite
Prandtl number and a low Reynolds number. The conservation of mass, momentum and
energy equations are solved for an incompressible, visco-plastic fluid in a 2D Cartesian box
using the finite element, particle-in-cell (PIC) code Underworld2 (Beucher et al., 2019b;
Moresi et al., 2007b, 2003b). Underworld2 allows the tracking of distinct materials and their

properties through Lagrangian particles within a Eulerian finite element grid (PIC method).

The conservation of mass, momentum and energy are solved using the Boussinesq
approximation of an incompressible Stokes flow in a two-dimensional Cartesian geometry

(Moresi et al., 2007b, 2003b):

i _ (3.1)
0x;
ax; ox, 17
6T+ ar 0 <6T) (3.3)
ot " Viox,  ax; " \ox;

Where x; represents the coordinate system, 7;; is the deviatoric stress tensor, P the

pressure, v; is the velocity, T is the temperature, p is the density, g is gravity, t represents

time and k is the thermal diffusivity.
3.2.2. Constitutive laws

Critical to our study is the use of a non-linear, temperature- and rate-dependent visco-

plastic rheology. The viscous deformation of rocks is calculated using a temperature,
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pressure and strain rate dependent power law equation, with dislocation and diffusion creep
determined through a generic relationship between stress and strain rate for each

mechanism:

1 1 1-n E+ PV (3.4)
Naiff,dist = EA negpm 3xP< nRT, )

where 7 is the viscosity, A is the pre-exponential factor, n is the stress exponent, E is the

activation energy, P is the lithostatic pressure, V the activation volume, R the gas constant,
T, is the temperature at a given position and &; = (% e'ije'ij)o-5 is the square root of the

second invariant of the strain rate tensor (¢;;) at a given position. The value for each
parameter is presented in Table 3.1. The deviatoric stress tensor and the strain rate tensor
(¢;;) are related by 7,; = 2n¢;;, where 7 is the viscosity and subscript / and j represent the

tensor indices.

Diffusion creep is included in the mantle but neglected in the crust due to the low
temperature and high strain rates within the crust. The bulk average grain size of the crust,
which is on the order of mm scale, also makes dislocation creep the dominant viscous
deformation mechanism in the crust (Ranalli and Adams, 2013). For simplicity, we use a
constant grain size for the viscous rheology, referring the readers to previously published
work on the influence of grain size on viscous deformation (e.g. Dannberg et al., 2017;

Ranalli, 1982).

Plasticity is implemented in the model through a Drucker-Prager yield criterion
(Spiegelman et al., 2016), which is used to limit the maximum stresses in the crust that

results in an effective viscosity for the plastic flow (n,):

7, = C cos(¢) + P sin(¢p) (3.5.1)
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Taf (3.5.2)

where 7, is the yield stress, C is the cohesion at the surface, ¢ is the internal friction angle,

where sin(¢) represents the friction coefficient (f.) and P is the lithostatic pressure.

Plastic strain-weakening of the crust is also included, where the cohesion (C) and
internal friction angle (¢) are reduced linearly between plastic strain (¢) values 0.5 (g,,in)

and 1.5 (e,,4x) before reaching the weakened value when ¢ > ¢&,,,,:

c if €< emin (3.6.1)
(C - Cw) .
€= C+(S . — & )(S_Smin)’ lfgmiTL< e< Emax
min max
CW’ if €2 Emax
¢ if € < &min (3.6.2)
(¢ — o) .
¢=0t i~ tmin)  If Emin < €< Ema
min max
(pW’ if = 2 ‘Smax

Plastic strain is the time-integrated strain rate second invariant (¢;;) in areas deforming in
the plastic regime, which is updated and stored on the particles. This method of weakening
is similar to previously published methods (e.g. Ruh et al., 2012; Vogt et al., 2017a). The

influence of strain weakening on the strength profile of the crust is visible in Figure 3.1C.

The effective viscosity (n) for each layer is then determined through the minimum

viscosity of each deformation mechanism:
Nerust = min(np' T]disl) (37)

Nmantle = min(np' Ndist» T]diff) (38)

Viscosity is subsequently limited in the model between 10'® Pa s and 102* Pa s. Maximum

strain rates in the model reach ~10'* s', which produce a viscosity >10'"° Pa s for the
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rheology used (Table 3.1). Elasticity may alter the short-term stress distribution within the

model, however it is not included as the visco-plastic rheology utilised provides a sufficient

first-order estimate on the long-term stress evolution of orogenic wedges over geological

timescales (Kaus et al., 2008; Vogt et al., 2017a).

Table 3.1: Initial material properties used for the visco-plastic rheology. p is density at the surface. A is the pre-exponential
factor, n, is the stress exponent, V is the activation volume, E is the activation energy, f. is the friction coefficient, ¢ is the
internal friction angle, C is the cohesion at the surface, po is the density of the crust at the surface and R (=8.314462) is
the gas constant. Subscript w represents the weakened value.

Crust Mantle Weak Zone
Rheology Quartzite? Olivine® Wet Olivine ®
Symbol Dislocation Dislocation Diffusion Dislocation Diffusion
A (MPa"s”) 1.1x10°34 1.1x10% 1.5%10° 1.6x10° 2.5%107
n 4.0 3.5 1.0 3.5 1.0
E (J mol?) 2.23x105 5.30x10° 3.75%105 5.20x10° 3.75%105
V (m® mol") 0 6.0x10° 6.0x10°° 2.3x10% 1.0x10°
R (J mol" K) 8.3144621 8.3144621 8.3144621 8.3144621 8.3144621
C-Cu (Pa) 107 - 10° 107 107 - 10°
fo— fow 0.3-0.15 0.6 0.1-0.05
@ 17.5 36.9 5.74
O 8.62 36.9 2.87
po (kg m3) 2700 3300 3300

a(Gleason and Tullis, 1995) ®(Hirth and Kohlstedt, 2003)
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3.2.3. Model Setup

The model (Figure 3.1A) is designed to simulate continental collision, where an
orogenic wedge is formed above a pre-existing weakness as the crust converges and
detaches from the subducting mantle lithosphere. The model domain is two-dimensional,
with a length of 1200 km and depth of 300 km. A uniform grid is used, with a distribution of
512 x 128 nodal points giving a cell length of 2.34 km, with 30 particles per cell. Timesteps
are determined by using (half of) the Courant—Friedrichs—Lewy (CFL) condition. A cell width
of 2.34 km results in timesteps of ~117,000 years for a convergence velocity of 1 cm yr’

and 11,700 years at a convergence velocity of 10 cm yr'.

The initial configuration is that of a homogenous crust with a 45° dipping weak zone
within the mantle lithosphere at x = 700 km, representing a pre-existing subduction zone
(Figure 3.1A). The weak zone has a wet olivine rheology and low friction coefficient whilst
the surrounding lithospheric mantle has a dry olivine rheology and high friction coefficient,
localising deformation above the weak zone. To allow the evolution of topography, a 30 km
‘sticky air’ layer is included with a low viscosity (10" Pa s) and density (1 kg m) which
minimizes shear stresses at the surface and creates a pseudo free surface (Crameri et al.,
2012; Schmeling et al., 2008; Vogt et al., 2017a). A quartzite rheology is applied to the crust
(Table 1), with the thickness of the crust varied between 20, 25 and 30 km. A single crustal
layer is used to better constrain the influence of the visco-plastic rheology and brittle-ductile
transition on the structural evolution that may be impeded when multiple rheological layers

are used.
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Figure 3.1: A) Initial model setup of case CT25, with an initial crustal thickness of 25 km (see Table 2). Temperature
contours are given at 200°C intervals. The black box (x > 700 km & x < 1100 km, y < 20km & y > -150 km) portrays the
area shown in subsequent figures that display model evolution. The convergence velocity profile on the left displays the
velocity boundary condition, with convergence applied to the crust and lithosphere. An inflow-outflow condition is applied
across the sticky air, whilst the velocity decreases to 0 from the bottom of the lithosphere to the bottom of the domain. B)
Strength profile for CT20, CT25 and CT30, where ¢, = 1073571, C) Strength profile for CT25, showing the influence of
strain weakening on the strength profile. D) Strength profile for CT25 showing the influence of varying strain rate. E ) Initial
temperature profile for all models, with a geothermal gradient of 25 °C km’" for the first 10 km and then 12 °C km" until a
temperature of 1300 °C is reached at the lithosphere-asthenosphere boundary (LAB) at a depth of 97.5 km.

A constant temperature (T = 0 °C) is applied to the top boundary, with no heat flux
across the side walls. The initial internal temperature distribution follows a geothermal
gradient of 25 °C km-" for the first 10 km and then 12 °C km-" until a temperature of 1300 °C
is reached at the lithosphere-asthenosphere boundary (LAB) at a depth of 97.5 km. We
neglect adiabatic gradients and keep the underlying mantle at 1300 °C. The geotherm is
constant across all models, where an increase in crustal thickness results in a higher Moho
temperature. This alters the strength profile, by swapping a strong upper mantle for a weak

(viscous) lower crust (Figure 3.1B-D).

The model uses a free-slip condition on the right (vx = 0) and top (vy = 0) boundaries.
The velocity is unconstrained at the base, allowing for inflow and outflow of material,
implying the model overlies an infinite space with an inviscid fluid (Gerya, 2009) at a depth

of 270 km. The convergence velocity is applied on the left wall, with velocity (vconv) varied
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between 1 and 10 cm yr'. The velocity condition is applied across the crust and mantle
lithosphere, which induces convergence. Below the lithosphere (y < - 97.5 km), the velocity
linearly decreases from the convergence velocity at base of the lithosphere to zero at the
bottom of the left wall. Above the crust, an inflow/outflow is prescribed across the sticky air

layer (y >0 km) to allow topography to develop (Figure 3.1A, left panel).

The range of velocities tested in this study are within the range of present-day plate
velocities (Goes et al., 2008; Zahirovic et al., 2015). A range of crustal thickness are also
tested, compatible with reconstructed original margin thicknesses at the onset of collision,
from a thinned continental margin to a typical undeformed continental crust (Bott, 1980;
Capitanio et al., 2010). To highlight the role of convergence velocity, we keep other
parameters constant, e.g. the geothermal gradient and rheology, which would otherwise

alter the depth of the brittle-ductile transition (Burov, 2011).

All models are run for the same amount of convergence (~435 km) similar to the
amount of shortening accommodated in the Eastern Himalayan Fold-and-Thrust belt
(DeCelles et al., 2002). As models are run for the same amount of convergence, the time
varies by a factor of 10 between end-member cases (convergence velocities of 1 and 10 cm
yr—"). Due to this, we ignore other rate-dependent processes (e.g. surface processes,
internal heating) which, if included, would have increasing influence on structure as the

duration increases.
3.2.4. Scaling laws: viscous and plastic wedges

The evolution of orogenic wedges has been explored extensively using scaling
derived from forces acting on an orogenic wedge. Different approaches exist addressing
either the evolution of a Coulomb plastic wedge (Dahlen, 1990, 1988, 1984; Dahlen and

Barr, 1989; Dauvis et al., 1983; Willett, 1999a) or a Newtonian viscous wedge (England and
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McKenzie, 1982; Medvedev, 2002; Pusok and Kaus, 2015; Ramberg, 1967; Royden, 1996;
Vanderhaeghe et al., 2003; Willett, 1999a). Both approaches are based on the balance of

forces acting on a wedge at equilibrium:
h h Ac (3.9)
f agdz+f andz+f op,dx =0
0 0 0

Where g is the gravitational stress, o, is the internal normal compressive stress and o, is
the shear stress at the base of the wedge along the basal décollement. The stresses acting
on the wedge are integrated over a length scale, which are the thickness (h) and the wedge

length (A.), to determine the force balance (Figure 3.2).

In the critical taper approach, the wedge is considered to be on the verge of failure

everywhere internally (o, — 0). Therefore, the wedge geometry is controlled by the

equilibrium between gravitational load and basal décollement shear stress (ﬁ) (Dahlen,
Obp

1990, 1984; Davis et al., 1983; Willett, 1999a). This force balance has also been applied to

viscous wedges as either the Argand (Ar) or Ramberg (Rm) number (England and

McKenzie, 1982; Pusok and Kaus, 2015; Ramberg, 1967; Royden, 1996; Willett, 1999a),

g . . . . .
where G—g represent the resistance to deformation in response to excess gravitational
b

stresses (England and McKenzie, 1982; Ramberg, 1967; Stuwe, 2007).

In the visco-plastic rheology addressed here, the shear stress along the basal

décollement is approximated by the dominant deformation mechanism:
op~ (01 — 03)~min {g,,(plastic), g, (viscous)} (3.10)

When the stress within the wedge and at the base is at or exceeds the yield stress

limit (o, = 7,,), the shear stress along the basal décollement can be approximated through

the plastic stress (Willett, 1999a):
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Op (plaStiC)~C COS((P) + (pcrustgh)fc (31 1)

Instead, when the shear stress along the basal décollement is below the yield stress

limit (o, < 7,,), then the basal décollement stress can be approximated through the viscous

stress (England and McKenzie, 1982; Ramberg, 1967):

Veony (3.12)

Op (viscous)~ncmst A

Where 1.5 is the viscosity of the crust, v.,,, is the convergence velocity and h is the

thickness of the crust.

The gravitational stress (ag,) is the product of crustal density (p.), gravity (g) and

thickness of the crust (h):
Ug~pcrustgh (313)

When substituting eq. 3.11 and eq. 3.13, for the plastic rheology, % pecomes:
Ob

Iy Pcrustgh ~l (3.14)
Op (plastic) C cos ((P) + (pcrustgh)fc fc

The plastic stress g, (plastic) shows no dependency on velocity, and eq. 3.14 instead is
controlled by the friction coefficient (fc) as the influence of cohesion is negligible compared

to lithostatic pressure at the base of the crust (Willett, 1999a).

Instead, when substituting eq. 3.12 and 3.13, for the viscous stress, % becomes:
b

Gy Perusegh?® (3.15)

Op (UlSCOuS) NerustVeonv
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Which includes the convergence velocity (v..,,). An increase in v.,,,, whilst all other

. . . . g,
variables remain constant, results in a decrease in g

op(viscous)'
When combining both for the visco-plastic rheology utilised here (eq. 3.10), %
Op

becomes:

Oy . Perusegh® 1 (3.16)
— = min (—,—)
Op NerustVeonv Je

o, is difficult to determine analytically due to the non-Newtonian viscous rheology
used, with strain rates and viscosities within the wedge varying across space and time, while

a4 is difficult to determine due to the temperature-dependent density that varies in space

and time. Instead, g, and g, are determined empirically within the model by using the

characteristic lengths (Figure 3.2), to approximate the ratio of Zs,

Op

ag A (3.17)

—_—~—

o, Ah

The characteristic lengths are the change in crustal thickness (Ah), which represents
the excess gravitational stresses acting vertically on the wedge, and wedge length (A.) which
represents the (resistance to) lateral growth of the wedge (Medvedev, 2002; Vanderhaeghe
et al., 2003). These length scales encapsulate how the wedge accommodates convergence,
regardless of the dominant deformation mechanism. The wedge either increases in
thickness (Ah) due to resistance to internal deformation (o;,) or lengthens (A.) to reduce the

gravitational load (g, ), resulting in internal deformation.

Using eq. 3.16 and eq. 3.17, the length scales can be used to estimate the effective

friction coefficient (f;) of the entire wedge:
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1 A Ah (3.18)

-~ -'-fce:—

f¢ "~ Ah’ A

Deviations between f; and f. arise due to the combined visco-plastic rheology (eq. 3.16).

The larger the deviation, the increasing influence of the viscous rheology.

The wedge thickness (h) is measured by the thickness of the crust above the deepest
point within the wedge (Figure 3.2). The change in thickness (Ah) is defined as the difference
between wedge thickness (h) and initial thickness h,, that is Ah = h — hy. The length of the
wedge (4.) is measured by determining the location at the front and back of the wedge
where strain is 0.5 at a depth of 10 km, representing the location of active deformation front

on the upper and lower plates.

< )\C — >
4—
h h V O, o
o conv g
> \‘Gb

Ah=h-h, T

Figure 3.2: Schematic drawing of the orogenic wedge, highlighting where the stresses are acting on the wedge. The key
length scales, the length (1.) and thickness (h) are shown, which are used to deduce the balance of horizontal and vertical
forces acting on the wedge.

The ratio of A, over Ah provides a diagnostic to determine the controlling deformation
mechanism on the wedge as the wedge evolves over time. The yield stress acts as a stress
limiter for the crust with a visco-plastic rheology (eq. 3.6.1). If the stress across the wedge

is below the yield stress (g, < 7,), then the geometry is controlled by the viscous stress
(U—g), and Z‘—lcl varies with convergence velocity (eq. 3.15). If internal stresses within the

op(viscous)

wedge are equal or greater than the yield stress (o, = 7,/), then the behaviour is dictated by
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. Og k . —
the plastic stress (—a'b(plastic))’ and a constant value of 1S expected, that is independent of

convergence velocity or crustal thickness and instead dependent on the inverse of the

friction coefficient (eq. 3.14).

. Ac .
To summarise, a constant value of ﬁ, independent of convergence velocity and

crustal thickness, is indicative of a plastic wedge. Instead, when 2—;1 varies due to the

convergence velocity, the wedge is influenced by the viscous rheology. The velocity at which
the wedge transitions from a viscous to plastic dominated wedge varies depending on the

initial crustal thickness.

3.3. Results

The models are presented in order of increasing crustal thickness. A range of
velocities were tested (Table 3.2) and analysed for the discussion, while only two end
member cases for each crustal thickness are presented in detail in the results section. The
results focus on the structural evolution of the wedge and the differences in the wedge
geometry, captured by its length and change in thickness, whilst also quantifying the strain

rates, which are proportional to convergence velocity, and the accumulated plastic strain.
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Table 3.2: Experiments described in the text. Cases are labelled according to initial crustal thickness and velocity where
CT20-1 indicates a crustal thickness of 20km and velocity of 1 cm/yr. *Main deformation mechanism is determined by the
internal structure and aspect ratio after 435 km of convergence.

Case Name Convergence velocity | Initial crustal thickness | Initial Moho temperature | Main  deformation
(Veony) [cm yr] (ho) [km] (To) PC] mechanism*
CT20-1 1 20 370 Plastic
CT20-2 2 20 370 Plastic
CT20-4 4 20 370 Plastic
CT20-6 6 20 370 Plastic
CT20-8 8 20 370 Plastic
CT20-10 10 20 370 Plastic
CT25-1 1 25 430 Visco-plastic
CT25-2 2 25 430 Visco-plastic
CT25-4 4 25 430 Visco-plastic
CT25-6 6 25 430 Visco-plastic
CT25-8 8 25 430 Plastic
CT25-10 10 25 430 Plastic
CT30-1 1 30 490 Viscous
CT30-2 2 30 490 Viscous
CT30-4 4 30 490 Viscous
CT30-6 6 30 490 Visco-plastic
CT30-8 8 30 490 Visco-plastic
CT30-10 10 30 490 Visco-plastic
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3.3.1. CT20: Thin crust models

In CT20 models (Figure 3.3), the internal structure of the wedge is similar for each
case, independent of velocity, producing shear zones that extend to the base of the crust,
resulting in the stacking of crust. This is due to plasticity being the primary deformation
mechanism, as the brittle ductile transition occurs close to the base of the crust (Figure 3.1B)

with plastic deformation independent of convergence velocity.
3.3.1.1. CT20-1: Thin crust-slow convergence

CT20-1 has an initial crustal thickness of 20 km and a convergence velocity of 1 cm
yr' (Figure 3.3A-B). Initially, conjugate shear zones develop above the plate interface before
deformation begins to propagate outwards on the lower plate, after ~15 Myr (Figure 3.3Ai
& Figure 3.3Bi). Shear zones develop within the crust, resulting in progressive crustal
stacking, which can be seen by the localised bands of high strain in the crust (Figure 3.3Bi-
iii), all of which are linked to a basal décollement. As convergence continues, deformation
remains concentrated near to the centre of the wedge, as seen by the distribution of strain
(Figure 3.3Bii). Strain rates along the décollement and shear zones within the wedge are
similar at ~2x10™"* s™". The upper plate’s crust and lithospheric mantle are coupled and act
as a rigid backstop, concentrating deformation on the lower plate (Figure 3.3Aiii), while
some strain accumulates on the upper plate. Progressive crustal stacking is
accommodated between the shear zones, which are illustrated by the high amounts of
plastic strain (Figure 3.3Bi-iii), above the plate interface, developing into a thick and narrow
wedge, with a thickness of ~85 km and a wedge length of 190 km after 435 km of
convergence. Shear zones are evenly spaced ~30 km apart, with dips that shallow outwards

from the centre of the wedge due to stacking (Figure 3.3Biii).
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Figure 3.3: Evolution of end member cases in CT20. A) Evolution of the material and B) accumulated plastic strain and
velocity vectors at a given time for CT20-1. C) Evolution of the material and D) accumulated plastic strain and velocity
vectors at a given time for CT20-10. The inverted triangles at the top of the figures mark the edge of the orogen determined
by the point at which strain is 0.5. The red line denotes the base of the crust/Moho.

3.3.1.2. CT20-10: Thin crust-fast convergence

The evolution of CT20-10 (Figure 3.3C-D) is similar in structural style to CT20-1
(Figure 3.3A-B). Throughout the evolution, a main frontal shear zone is active and
progressively migrates outwards, widening the orogen and stacking the crust as
convergence progresses. The stacking of crust occurs along shear zones that develop within

the crust, highlighted by the high amounts of plastic strain (Figure 3.3D). In the upper plate,
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deformation localizes along a single shear zone that dips towards the orogeny interior, with
strain accumulating near to the centre of the wedge (Figure 3.3D). Deformation is
concentrated on the lower plate, with the upper plate and crust remaining relatively
undeformed. Underthrusting of the upper plate beneath the orogenic wedge (Figure 3.3C)
is also observed, creating a V' geometry at the base of the wedge. The strain rates at the
centre of the wedge are much larger than in CT20-1, reaching an order of magnitude higher
at ~2 x 103 s”'. Although strain rates are higher, the overall structural style is similar to
CT20-1. A similar geometry to CT20-1 is also attained, with CT20-10 reaching a wedge

thickness of ~90 km and a length of 200 km after 435 km of convergence.

The similar structures developed in the fast and slow convergence CT20 models
show that the structures are not influenced by the convergence velocity. This is a
consequence of the dominantly plastic, strain-rate independent regime due to the thinner

and, therefore, colder crust.
3.3.2. CT25: Intermediate crust thickness models

The structural style in CT25 (Figure 3.4) models varies with velocity, resulting in either
high strain localisation at high velocity (CT25-10) or a wide, diffuse wedge with some strain
localisation in the upper crust at low velocity (CT25-1). This is due to a viscous lower crust
in CT25-1, caused by the higher Moho temperatures and low convergence velocity,

introducing dependency on convergence velocity on the structural evolution.
3.3.2.1. CT25-1: Intermediate crust-slow convergence

The onset of collision in CT25-1 is initially characterised by the localisation of
deformation above the weak zone. The wedge initially thickens, with deformation localising
on the conjugate shear zones above the weak zone (Figure 3.4A-B). A décollement

develops at the base of the crustal layer, with strain rates of ~10'* s-'. This décollement
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propagates in both the upper and lower plate over a wide area, decoupling the crust and
mantle. This décollement allows strain to accumulate over a wider area (Figure 3.4B)

compared to CT20 (Figure 3.3B).

Deformation propagates outward on the lower plate after 15 Myr (Figure 3.4B) along
the viscous décollement, which also facilitates deformation of the upper plate, widening the
wedge. Deformation at the base of the crust is diffused, with strain rates of ~10-'* s*! along
the décollement and 10-'° s-! along shear zones in the crust. As the wedge front propagates
the deformation remains diffused in the lower crust, with some shear zones developing in
the upper crust (Figure 3.4Bi-iii). The crust is characterised by shear zones ~30 km apart
that extend to mid-crustal depths, whilst near to the base of the crust, viscous deformation
is dominant, allowing deformation over a wide area, with crust thickened to ~70 km and a
wedge length of ~235 km after 435 km of convergence, making this wedge thinner and wider

than those observed in CT20.
3.3.2.2. CT25-10: Intermediate crust-fast convergence

The initial evolution of CT25-10 (Figure 3.4C) is similar to CT25-1 (Figure 3.4A), with
deformation localising above a lithospheric weak zone in conjugate shear zones. However,
these conjugate shear zones extend to near the base of the crust (Figure 3.4Di), whilst the
conjugate shear zones in CT25-1 stop at mid-crustal depths (Figure 3.4Bi). After ~1.5 Myr,
deformation extends onto the lower plate, with a second shear zone developing, whilst the
upper plate remains relatively undeformed (Figure 3.4Ci & Di). The wedge appears to be
more narrow and thicker than CT25-1 after the same amount of convergence. The high
velocity also results in coupling the crust and mantle that concentrates deformation on the

lower plate, similar to CT20 (Figure 3.4D).
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After 4.35 Myr, the crust has thickened to ~90 km and lengthened to ~210 km after
435 km of convergence. This wedge has dimensions that are similar to CT20, with shear
zones that dip toward the centre of the wedge (Figure 3.4D). Underthrusting of the upper
plate beneath the wedge (Figure 3.4C) is also observed, creating a V-shape geometry of
crust at the base of the wedge.
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Figure 3.4: Evolution of end member cases in CT25. A) Evolution of the material and B) accumulated plastic strain and
velocity vectors at a given time for CT25-1. C) Evolution of the material and D) accumulated plastic strain and velocity
vectors at a given time for CT25-10. The inverted triangles at the top of the figures mark the edge of the orogen determined
by the point at which strain is 0.5. The red line denotes the base of the crust/Moho.
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3.3.3. CT30: Thick crust models

The structural style in CT30 (Figure 3.5) varies depending on the convergence
velocity. In CT30, models are characterised by viscous thickening of the crust at low velocity.
At increasing velocity, increasing strain localisation takes place and is combined with crustal

scale folds developing throughout the crust.
3.3.3.1. CT30-1: Thick crust-slow convergence

The evolution of CT30-1 (Figure 3.5A) is noticeably different from the previous
models as no visible shear zones develop and no strain localisation takes place in the crust
above the décollement (Figure 3.5B). The higher Moho temperature, due to an increase in
crustal thickness, allows for an effective decoupling of the crust from the mantle due to the
weak, viscous décollement, similar to CT25-1. However, the viscous lower crust is thicker
compared to CT25-1, and is able to accommodate the majority of convergence, with minimal
amounts of plastic strain accumulation (Figure 3.5B). Strain rates in the upper crust are ~10"
15 -1 with some folding above the weak zone due to the initial deformation at the onset of
collision. This folding begins to migrate onto the upper plate after 15 Myr (Figure 3.5Ai).
There is minor crustal thickening, with a flat and wide orogenic wedge forming due to the
viscous décollement. The deformation fronts spread outwards from the centre, with
migration far into the upper and lower plates along the viscous basal décollement, with
decoupling of the crust and mantle. The wedge is ~60 km thick and ~290 km in length after

435 km of convergence, much thinner and wider than previous cases.
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Figure 3.5: Evolution of end member cases in CT30. A) Evolution of the material and B) accumulated plastic strain and
velocity vectors at a given time for CT30-1. C) Evolution of the material and D) accumulated plastic strain and velocity
vectors at a given time for CT30-10. The inverted triangles at the top of the figures mark the edge of the orogen determined

by the point at which strain is 0.5. The red line denotes the base of the crust/Moho.

3.3.3.2. CT30-10: Thick crust-fast convergence

The higher convergence velocity in CT30-10 results in a different internal structure

(Figure 3.5C) compared to CT30-1 (Figure 3.5A), with higher amplitude folds occurring

within the crust and higher amounts of plastic strain accumulation (Figure 3.5D). The faster

convergence leads to higher strain rates, reaching ~10"'3 s along the basal décollement,

10-'* s*1 along shear zones in the upper crust and ~10"% s! in the surrounding regions. The

60



Chapter 3

high Moho temperature in CT30 result in viscous deformation dominating along the
décollement whilst strain localisation occurs in the plastic upper crust to create shear zones,
as seen by plastic strain accumulating above mid-crustal levels (Figure 3.5D). The strain
distribution in Figure 3.5D shows both diffuse and localised deformation, with folding and
some areas of high amounts of plastic strain. Diffuse strain rates in the upper crust result in
large folds forming after ~2.85 Myr, with additional shear zones forming at ~4.35 Myr.
Viscous shear at the base of the crust accommodates the wedge migration onto the upper
plate at ~4.35 Myr, creating a second shear zone in the upper plate. The crust thickens to
~75 km near the weak zone and attains a length of ~230 km after 435 km of convergence,
thicker and narrower than CT30-1, with a similar in geometry to CT25-1. Some
underthrusting of the upper plate beneath the orogenic wedge (Figure 3.5C) occurs due to

the high velocity, encapsulating some weak zone material within the orogenic wedge.

3.4. Discussion

3.4.1. Orogenic wedge models: from plastic to viscous wedges

To determine the structural style for each model, we used K-mean clustering on the
length and change in thickness (Figure 3.6A) after 435 km of convergence. Three distinct
clusters can be seen in Figure 3.6A, which are grouped by centroids that are used to cluster

data points to define each wedge category. These categories are then used in Figure 3.6B

to determine the corresponding 2—; for each category: (1) plastic wedges, that are narrow

and thick, with a low 2‘—; (<3.3); (2) viscous wedges, that are wide and thin, resulting in a high

2—;1 (>5.5) and (3) visco-plastic wedges, where the wedge has an intermediate 2‘—;} between

the viscous and plastic wedges (Figure 3.6B). These groups are then used to determine the
resulting type of wedge based on the initial crustal thickness and convergence velocity

(Figure 3.6C).
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Figure 3.6: A) Wedge length (1.) against change in crustal thickness (Ah). Symbols represent the initial crustal thickness
(ho), given in (C) and numbers represent the velocity whilst colour represents the dominant deformation mechanism. At

435km of convergence, the geometry of the wedge defines three groups: viscous, visco-plastic, and plastic. B) % and the
effective friction coefficient (f£) as a function of convergence velocity (veon,) Showing a decrease in Z—; corresponds to an

increase in f? as velocity increases until the plastic limit is reached at ~fi. The dotted line represents the estimated plastic

lower stress limiter of the crust, where j—; ~fi = 3.3. C) Wedge characterisation as a function of initial crustal thickness (ho)
or initial Moho temp (T,) and convergence velocity.

Plastic wedges show similar structures across a range of velocities as they deform at
stresses equal to or exceeding the yield stress (Willett, 1999a). Plastic wedges grow in a
cyclical pattern once the initial pop-up structure forms, growing in thickness and then
lengthening (Figure 3.7A & Figure 3.7D), similar to analogue experiments into orogenic
wedge evolution (Koyi and Vendeville, 2003; Mulugeta and Koyi, 1992). This is a result of
plastic deformation being independent of strain rate and instead controlled by the yield

stress, which acts as a maximum stress limiter of the visco-plastic crust.

During the formation of plastic wedges, the lithospheric mantle and upper plate are
coupled and act as a rigid backstop, remaining relatively undeformed, in agreement with
published work (Calignano et al., 2015; Chen et al., 2017b; Faccenda et al., 2008b; Jammes
and Huismans, 2012; Piccolo et al., 2017; Vogt et al., 2017¢c, 2017a; Willingshofer et al.,
2013). This results in stresses transmitted vertically in the wedge and concentrates
deformation at the front of the wedge (Royden, 1996), where crustal-scale shear zones form
which dip towards the core of the orogen. This is observed in all cases in CT20 and CT25
where Veony >6 cm yr-! as these wedges obtain a similar geometry (Figure 3.6A) and structure
regardless of crustal thickness or convergence velocity as the entire wedge is deforming in

the plastic regime.
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The effective friction coefficient (f;) is estimated using eq. 3.18 and presented in
Figure 3.6B, with values ranging between 0.3 and 0.4 based on the A, and Ah
measurements. The value of f; is closer to f. rather than f.w, highlighting that the f. for the
crust controls the geometry rather than few, which only occurs in localised areas of high

strain.

The values of f; are slightly larger than the prescribed f. value of 0.3. This discrepancy
is due to over-estimations in crustal thickness that is caused by crustal material coupled to
the subducting lithosphere (Figure 3.7). However, values of f; for plastic wedges remains
relatively constant when compared to the variations in f; for viscous and visco-plastic
wedges (Figure 3.6B). The wedge geometry (Figure 3.6A) and the internal structure for
plastic wedges is similar after 435 km of convergence, emphasising that the structural
evolution is independent of convergence velocity and crustal thickness, as predicted by eq.

3.14.

In contrast, orogenic wedges that vary in internal structure and geometry in response
to variations in convergence velocity and crustal thicknesses is due to the stress at the base
of the crust being below the yield stress (Willett, 1999a), deforming viscously, showing
velocity dependency in the evolution of the wedge, as predicted by eq. 3.15. Viscous-
dominated wedges are wide and thin, with negligible strain localisation in the upper crust
and minor crustal thickening. This is due to the decoupling of crust and mantle, resulting in
stresses transmitted horizontally and the lateral flow of the crust with minor changes in

crustal thickness (Royden, 1996).
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Figure 3.7: Evolution of ﬁ—; over the total convergence for A) CT20, B) CT25, C) CT30. Solid lines — plastic wedge, dash

dotted lines — visco-plastic wedge, dotted lines — viscous wedge, as outlined in Figure 3.6C. The diagrams show how j—;
evolves over time, that changes with convergence velocity. This cyclical change is particularly well-defined in (A) and
records a stepwise lengthening of the orogeny followed by slow thickening. The j—; values increase with increasing initial

crustal thickness, from (A) to (C). Most cases in (B) and all in (C) record a strong increase of 2—; between 250 and 300 km

of convergence. At this point the curves diverge, with the slow convergence models rising more significantly. This
divergence indicates the increased role of the viscous lower crust causing the widening of the orogen. This change is more
marked for (C) than for (B) and absent in (A). Evolution of change in thickness against length of the wedge for D) CT20,
E) CT25, F) CT30 displaying the cyclical pattern for plastic wedges and smooth evolution for viscous wedges that reach a
critical crustal thickness.

. . A
Viscous wedges are observed in CT30 where Veony <6 cm yr'. As veony decreases, ﬁ

also decreases due to an increase in length and decrease in change in crustal thickness, as
expected from eq. 3.15. Viscous wedges reach a critical thickness at ~300 km of
convergence, where a large increase in 2—; is observed (Figure 3.7B-C). Before this point,
each wedge has a similar evolution as the crust is able to support the growing crustal
thickness. At ~300 km of convergence (Figure 3.7E-F) the wedge reaches a critical
thickness, with the wedge then lengthening to accommodate convergence. The critical
thickness decreases whilst the wedge length increases with decreasing convergence
velocity (Figure 3.7E-F) and is due to the overall crustal strength. This is similar to sand-box

studies that show a critical thickness can be reached when the basal fc (and thus strength)

is low (Bose et al., 2009), resulting in a relatively stable thickness, with the wedge then
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accommodating convergence laterally. f§ is calculated at 435 km of convergence (Figure
3.6B), with viscous wedges displaying an f§ <0.18, estimated from eq. 3.18.

A similar relationship between Z—; and vconv is also observed in visco-plastic wedges
(Figure 3.6B-C), demonstrating that the basal décollement rheology controls the evolution,
in agreement with the scaling analysis. Visco-plastic wedges have an internal structure that
incorporates features of both viscous and plastic wedge, with viscous deformation observed
within the lower crust whilst strain localisation is observed in the upper crust. The dual
structural style is observed in CT30 where Vconv >4 cm yr'' and CT25 where Veony <6 cm yr’
(Figure 3.6C). Visco-plastic wedges also reach a critical thickness at ~300 km of
convergence, similar to viscous wedges (Figure 3.7B-C & Figure 3.7E-F), as the wedge
reaches a critical thickness and lengthens to continue to accommodate convergence. The

effective friction coefficient (f¢) of the visco-plastic wedge shows a range between 0.18 and

0.3 (Figure 3.6B).

The ratio of vertical stress (g,) to the basal stress (g;,), estimated by 2—;, is similar to

orogenic wedges characterised by Ramberg (Rm) and Argand (Ar) numbers in previously
published work (e.g. England and McKenzie, 1982; Medvedev, 2002; Pusok and Kaus,
2015; Ramberg, 1967; Vanderhaeghe et al., 2003; Willett, 1999) and can be compared.
These studies have shown a low Rm or Ar represents a strong crust, which results in a
narrow and thick wedge geometry that resists lateral flow, similar to the evolution of plastic
wedges in our visco-plastic models. Conversely, A high value of Rm or Ar is representative
of a weak crust that flows laterally easily in response to applied forces, with no significant
increase in crustal thickness (Royden, 1996; Stuwe, 2007), similar to the viscous wedges

shown in this study.

65



Chapter 3

The estimation of wedge strength, presented as the effective friction coefficient (fS)
(Figure 3.6B), from the model suggests that increasing influence of viscous deformation for
a given friction coefficient results in a decrease in the overall crustal strength and the

estimated value of f¢.
3.4.2. Orogenic wedges in nature

The ongoing deformation in each area of the Alpine-Himalayan orogenic belt is driven
by convergence that results in the outward growth of deformation and lengthening of the
wedge, as well as a change in thickness between the foreland and the orogenic wedge. The
length of each orogen is acquired from previously published work (Zagros - Hatzfeld et al.,
2003; McQuarrie et al., 2003; Paul et al., 2006; European Alps - Grad and Tiira, 2009), whilst
the change in thickness is obtained from the CRUST1.0 dataset (Laske et al., 2013), with
multiple profiles taken across each orogen (Figure 3.8A). Assessing the length (A.) and
change in thickness (Ah) between the foreland, where thickness is smallest, and the orogen
centre, where thickness is greatest, for the each orogen can offer insights into the strength
of each orogenic wedge and the dominant deformation mechanism currently operating. In
critical taper studies, wedge strength is commonly expressed by the (effective) friction

coefficient (f5), which can be determined using eq. 3.18.

In nature, f& has previously been calculated for the entire orogenic wedges (Figure
3.8B) (Dal Zilio et al., 2019; Dielforder, 2017; Dielforder et al., 2020; Hagke et al., 2014;
Nankali, 2011; Vernant and Chéry, 2006; Wallis et al., 2015), producing values much lower
than the friction coefficient of rocks (~0.6) obtained from laboratory experiments (Byerlee,
1978). Using the scaling analysis, the dominant deformation mechanism currently

accommodating convergence can be determined using eq. 3.18. If f§ < f. for the entire
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wedge, then, according to our results, there is a viscous component accommodating

convergence.

In the Alpine-Himalayan orogenic belt, which stretches from the East Asia to Western
Europe, there are three main sections: the Himalayas, Zagros and European Alps. The
internal structures are the result of the unique convergent history of each orogenic wedge
and the overall wedge strength. Each orogeny was preceded by the closure of the Tethys
ocean during the Mesozoic, resulting in the collision of a thinned margin (Zagros - Agard et
al., 2011; Mouthereau et al., 2007; European Alps - Butler, 2013; Handy et al., 1999; Mohn
et al., 2014; Himalayas - DeCelles et al., 2002). According to our results, the collision of thin
crust (CT20) results in the stacking of the entire crust to the Moho. This may explain why
similar structures displaying crustal stacking are observed close to the suture zone at the
centre of the Zagros, European Alps and Himalayan orogenic wedges, but the subsequent

structural style varies significantly between each wedge.

In the Zagros, we use a length of 300 km (Nissen et al., 2011) and a change in
thickness of between 12 km and 15 km depending on the profile (Figure 3.8A). This results
in f§ for the Zagros ranging between ~0.05 and ~0.035 (Figure 3.8B). From our results, a
low value of f§ suggests a predominantly viscous wedge accommodating convergence.
Previous studies on the Zagros wedge suggest a f& <0.05, is required to match GPS slip
rates from the model with those observed within the Zagros orogenic wedge when using
lithospheric scale numerical models (Nankali, 2011; Vernant and Chéry, 2006). The
inclusion of thick sedimentary packages that include low viscosity salt layers reduce the
overall wedge strength (Paul et al., 2006), resulting in a low wedge strength. The region also
has an average crystalline crustal thickness of ~35 km (Hatzfeld et al., 2003) and ~10 km of
sedimentary cover (McQuarrie, 2004; Nissen et al., 2011), producing an average crustal

thickness of ~45 km (Paul et al., 2006), with our results suggesting a thicker crust favouring
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viscous deformation. This is in agreement with previous studies, which deduced
convergence in the Zagros is accommodated primarily by diffuse deformation (Paul et al.,

2006) at low velocities (McQuarrie et al., 2003).

Critical taper analysis by Hagke et al. (2014) in the European Alps suggest an f§ <0.2
in shale-dominated areas, and f$ <0.1 in evaporite-dominated areas, whilst higher values of
f¢ of 0.4 — 0.7 have been proposed for the crystalline units, whilst Dielforder (2017) estimates
f¢ of 0.065 for the entire wedge from critical taper analysis. The data presented in Figure
3.8B, using a length of to 200 km (Rosenberg et al., 2015) and change in thickness of
between 20 km and 35 km (Figure 3.8A) suggest f¢ ranges between 0.1 and 0.175 for the
European Alps (Figure 3.8B), in agreement with the range of ¢ suggested by Hagke et al.
(2014). These values of f§ suggests both viscous and plastic deformation accommodating

convergence in the European Alps.

The Himalayan orogenic wedge length increases from 150 km in the East to 350 km
in the West (Roy and Purohit, 2018), whilst the change in thickness varies between 36 and
43 km (Figure 3.8A). This results in an f§ of. ~0.2 in the East to ~0.1 in the West (Figure
3.8B). Previous studies into the Himalayan wedge strength suggest an estimated value of
f¢ between 0.07 and 0.25 (Dielforder, 2017; Dielforder et al., 2020; Wallis et al., 2015; Dal
Zilio et al., 2019), in agreement with our estimation. Erosion has been previously stated to
cause the discrepancy in length and not strain rates, both of which increase eastward
(Hirschmiller et al., 2014). However, if some convergence is being accommodated viscously,
an increase in strain rates to the East would also cause the wedge length to decrease

eastward.

The range of f¢ for the entire wedge determined from wedge length and change in

crustal thickness is within the range of f§ presented by other studies that use critical taper
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analysis (Figure 3.8B). This advocates the length and change in thickness can be used to
approximate the overall wedge strength that produces results that are similar to the critical

taper approach.
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Figure 3.8: A) Crustal thickness map from CRUST1.0 (Laske et al., 2013) used to determine the change in thickness (Ah)
along each profile between the foreland and orogenic wedge. X marks the spot where each measurement of crustal
thickness is taken. A, is obtained from published work on each orogenic wedge (Zagros - Nissen et al. (2011); European

Alps - Rosenberg et al. (2015), Himalayas - Roy and Purohit (2018)). B) Ratio of i—; taken from multiple profiles across

each orogenic wedge, with marker colour corresponding to the profile colour in (A). Values of f¢ from published work on
orogenic wedge strength for comparison with values determined by eq 18. The estimated values from eq. 3.18 are within
the range suggested from previously published work (Zagros - Nankali (2011), Vernant and Chéry (2006); European Alps
- Hagke et al. (2014), Dielforder (2017); Himalayas - Dielforder (2017), Dielforder et al. (2020), Wallis et al. (2015), Dal
Zilio et al. (2019)).

The values of f¢ calculated in Figure 3.8 for the Zagros, European Alps and
Himalayas are all below the value of f; equal to 0.6 obtained by Byerlee (1978) and below f.
equal to 0.3 used in the models. According to the results, the discrepancy between f§ and
fc for the entire wedge can arise due to the influence of viscous rheology on the overall

wedge strength. Increasing influence of viscous rheology, for a constant friction coefficient,
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results in a decrease in the overall strength of orogenic wedges and decreases the
estimated f¢. As the overall wedge strength decreases, the wedge preferentially favours
lengthening over thickening to accommodate convergence as the wedge is unable to
support a large change in crustal thickness. The minimum value of f§ obtained from nature
(0.033) is lower than that obtained from the models (0.12). The discrepancy in this value is
most likely due to the thickness of crust entering the orogenic wedge and the strength of the
crust, with the crustal thickness in the Zagros foreland basin ~45 km (Figure 3.8A; Nissen
et al., 2011; Paul et al., 2006) whilst only up to 30 km crustal thickness was tested in the
models, whilst the crust in the Zagros also contains very weak salt layers. The thicker crust

and low strength salt layers results in an increase in a very weak crust, decreasing f¢.

The values of 2—; (Figure 3.8B) for the Zagros ranges between ~27 and 19, whilst for

the Alps the range is 10 to 6.5 and Himalayas is ~4 in the East to ~9 in the West. This is in
agreement with range of values of Ar suggested by England and McKenzie (1982) of
between 0 to 30, which encompasses the range of rheological behaviours observed on
Earth. However, we advocate a lower limit dictated by the inverse of the friction coefficient
(eq. 3.14) whilst the upper limit is determined by the viscous rheology (eq. 3.15). Using f,
~0.6 (Byerlee, 1978), we propose a range of Ar between 1.67 to 30 encompasses the range

of rheological behaviours observed on Earth.
3.4.3. Model Limitations

The evolution of orogenic wedges in nature is inherently three dimensional and
incorporates a wide range of complexities that include rheological heterogeneities and
structural inheritance, both of which can vary laterally as well as vertically and influence the
structural evolution. The structural evolution is also a product of the convergence history,

with a convergence velocity that may vary over time, as observed in the Himalayas
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(Zahirovic et al., 2012), all of which are not addressed here. However, our model provides
insights on how the convergence velocity and crustal thickness influence the structural
evolution of orogenic wedges due to the feedback between the convergence velocity,

temperature, and viscous rheology.
3.5. Conclusions

We use 2D thermo-mechanical modelling to show how convergence velocity and
crustal thickness control the dominant deformation mechanism and influence the structures
observed in visco-plastic orogenic wedges. We find the structure of viscous wedges are
influenced by the convergence velocity, whilst the structure of plastic wedges is independent
of velocity and instead is controlled by the friction coefficient, with transition from plastic to

viscous occurring at a threshold velocity for a given initial crustal thickness. As velocity
increases, the wedge geometry (Z‘—f}) decreases due to the viscous rheology until reaching

the velocity limit set by the plastic rheology, then remaining constant. According to our

models, the length over change in thickness (}A\—fl) decreases from >5.5 for viscous wedges

to 5.5 — 3.3 for visco-plastic wedges and ~3.3 for plastic wedges when f. is equal to 0.3.

In nature, the approximation of wedge strength can also be determined using the
length and change in thickness of the wedge. The estimated value of f; for the entire wedge
for the Zagros, Himalayas and Alps is lower than f. predicted from laboratory experiments.
These values are too low to be explained by purely plastic behaviour and instead suggest
these values are best explained by a more relevant role of viscous deformation than
previously thought. These findings highlight the important role of viscous deformation on the

structural evolution of orogenic wedges.
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Abstract

The collision of continental crust over geological timescales results in the formation of
mountains. Processes operating during orogenesis, such as internal heating or erosion and
sedimentation, are usually incorporated into numerical models to replicate these processes
operating in nature. However, these processes are typically incorporated as a constant rate,
increasing their influence as the time increases. In this study, 2D numerical models are used
to show that the structure of the orogen can vary significantly between models with and
without erosion and sedimentation or internal heating. Erosion and sedimentation restrict
wedge growth and can result in exhumation along a single back thrust if the erosion rate is
high enough. Internal heating alters the temperature of the crust, resulting in increasingly
viscous structures forming as convergence is ongoing. These processes can obscure
insights into other mechanisms operating during orogenesis when included. These results
demonstrate that these processes should be carefully considered when modelling any

tectonic setting.
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4 1. Introduction

Orogenesis is the process in which mountains form due to the convergence of
buoyant continental crust over time. The internal structure is a product of the convergence
history, thermal and compositional structure of the crust and surface processes opperating

during orogenesis.

Surface processes are time-dependent and are usually included in geodynamic
models as either a diffusive surface or as an erosion and sedimentation rate (Gerya, 2009).
Surface processes erode topography from elevated regions, reducing the gravitational load
acting on the wedge, and deposit sediments in peripheral basins. Previous numerical
models have shown surface processes promotes prolonged fault activity and strain
localisation, restricting outward propagation and concentrate deformation close to the centre
of the orogenic wedge (Avouac and Burov, 1996; Dal Zilio et al., 2020; Ellis et al., 2001;
Jammes and Huismans, 2012; Jaquet et al., 2017; Piccolo et al., 2017; Selzer et al., 2008)
which also promotes exhumation (Dal Zilio et al., 2020; Jammes and Huismans, 2012; Kaus
et al., 2008) which may occur along a single back-thrust in extreme cases (Beaumont et al.,

1996; Willett, 1999a).

Internal heating is included in geodynamic models as a heating rate, influencing the
structural evolution of an orogenic wedge by increasing the temperature of the crust over
time. Numerical models have shown that increasing the internal heating rate of sediment
increases melt production and reduces the strength of the crust (Faccenda et al., 2008;
Piccolo et al., 2017). This is due to the increase in temperature reducing the effective
viscosity of the crust (Faccenda et al.,, 2009; Vanderhaeghe et al.,, 2003) due to the

temperature dependency of the viscous rheology.
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Surface processes and internal heating are usually included in models that
investigate various tectonic settings, but the influence of each process has not been
investigated with respect to the model duration. In this study, we use a 2D numerical model
to assess the influence of internal heating and surface processes on the structural evolution
of orogenic wedges over time. We run models with different convergence velocities for the
same amount of convergence to determine how the strain rate and temperature-dependent
viscous rheology and time-dependent processes (internal heating and surface processes)
influence the internal structure and topography. To assess the influence of internal heating
and surface processes on the structural evolution of the orogen, we compare models that

include these processes with models that do not.

We find that the inclusion of internal heating increases the temperature of the wedge,
decreasing the depth of the brittle-ductile transition, resulting in a decrease in plastic strain
localisation in the upper crust whilst increasing the amount of viscous deformation occurring
within the wedge. When internal heating is high, it alters the structural style to create a hot,
viscous orogen. Surface processes have a minor influence on the internal structure when
the rate of erosion is low, with similar structures observed with and without surface
processes. However, when material is eroded quickly, a change in structural style does
occur, with deformation concentrated along a single back thrust that exnumes material from
deep within the crust. As the duration of the model increases, the influence of both internal
heating and surface processes increases as both are incorporated as a constant rate. The
value at which the structural style of the orogen changes for both surface processes and

internal heating is determined by the convergence velocity.
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4.2. Methods

4.2.1. Governing equations

The conservation of mass, momentum and energy equations are solved for an
incompressible, visco-plastic fluid in a 2D Cartesian box using the finite element, particle-in-
cell (PIC) code Underworld2 (Beucher et al., 2019; Moresi et al., 2007, 2003). Underworld
allows the tracking of distinct materials and their properties through Lagrangian particles

within a Eulerian finite element grid (PIC method).

The conservation of mass, momentum and energy are solved using the extended
Boussinesq approximation of an incompressible Stokes flow in a two-dimensional Cartesian
geometry (Moresi et al., 2007, 2003), as the internal heating term is included in the

conservation of energy equation (H,.):

ov; (4.1)
oz, 0
Oy 0P 4 2
dx;  0x; PG =
oT a /aT oT (4.3)

E_a_pci’c(a_xi)-l_via_xi_Hr:O

where x; represents the coordinate system, 7;; is the stress tensor, P the pressure, v; is the
velocity, T is the temperature, p is the density, g is gravity, t represents time and « is the

thermal diffusivity.

To investigate the role of internal heating, a homogenous internal heating rate (H;) of
either 0 yW m=3, 1.8 yW m=3 or 3.6 yW m2 is applied to the crust. Minimum rates of internal

heating are estimated from concentrations of heat producing elements within the crust, with
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the values used in this study comparable to current internal heating rates observed at
various tectonic settings (Jaupart et al., 2016; Kumar et al., 2009; Mareschal and Jaupart,

2013).

4.2.2. Rheology

The viscous deformation and ductile flow of rocks is dependent on the temperature,
pressure, and strain rate power-law constitutive equation. Dislocation and diffusion creep
are determined in the model through a general relationship between stress and strain rate

for each mechanism:

1 1 1-n E + PV (4.4)
Naiff.dist = EA negpm exp( nRT, )

where 7 is the viscosity, A is the pre-exponential factor, n is the stress exponent, E is
the activation energy, P is the lithostatic pressure, V' the activation volume, R the gas
constant, T, is the temperature at a given position and &; = (% s'ije'ij)o-S is the square root
of the second invariant of the strain rate tensor &;; at a given position. The value for each
parameter is presented in Table 3.1.

Plasticity is also included through a Drucker-Prager yield criterion (Spiegelman et al.,

2016), which is used to limit the maximum stresses in the crust and lithospheric mantle that

results in an effective viscosity for the plastic flow (n,,):

7, =Ccos@ + Psing (4.5.1)
_ Y (4.5.2)
Mp = g

where 7, is the yield stress, C is the cohesion at the surface, ¢ is the internal friction angle,

sin ¢ is the friction coefficient (f.) and P is the lithostatic pressure.
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Plastic strain-weakening of the crust is implemented through a function of
accumulated plastic strain (¢) within the material, where the cohesive (C) and the internal
friction angle (¢) are reduced linearly (C,,, ¢,,) with accumulated plastic strain between 0.5
(gmin) @nd 1.5 (&g,,4x) before reaching the weakened value when ¢ > ¢,,,,, as outlined in

Chapter 2.

Table 4.1: Initial material properties used for the visco-plastic rheology. p is density at the surface. A is the pre-exponential
factor, n, is the stress exponent, E is the activation energy, f; is the friction coefficient, C is the cohesion at the surface and
a is the coefficient of thermal expansion.

Crust Sediment* Mantle Weak Zone
Rheology Quartzite? Quartzite? Olivine® Wet Olivine °
Deformation Dislocation Dislocation Dislocation Diffusion Dislocation Diffusion
Mechanism
A (MPa"s™) 1.1x10°3% 1.1x10-% 1.1x10° 1.5%10° 1.6x10% 2.5%107
n 4.0 4.0 35 1.0 3.5 1.0
E (J mol") 2.23x10° 2.23x10° 5.30x10° 3.75%x10° 5.20x10° 3.75%x10°
V (m® mol) 0 0 6.0x10® 6.0x10© 2.3x10° 1.0x10
C, Cy (MPa) 10, 1 10, 1 10 10, 1
fe, fow 0.3,0.15 0.3,0.15 0.6 0.1,0.05
©, 0w (°) 17.5, 8.63 17.5, 8.63 36.9 5.74,2.87
po (kg m3) 2700 1700 3300 3300
Hr (UW m3) 0,1.8, 3.6 0 0, 0.022 0, 0.022

a(Gleason and Tullis, 1995) °(Hirth and Kohlstedt, 2003)

4.2.3. Surface processes

To investigate the role of surface processes during orogenesis, a linear hillslope

diffusive (D) surface is used. The 2D evolution of the topography (h) is modelled assuming
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the short-range transport of material as a linear flux (gs) which is proportional to the surface

slope (%) (Avouac, 1993; Culling, 1960):

dh
- (4.6)

The diffusion constant (D), expressed as a unit area over unit time (m? yr?'),
determines the amount of erosion and sedimentation taking place at the surface. In 2D, the

surface is represented as a line (1D), which reduces the change in surface height over time

dh
(e

) to:

dh _ dgs (4.7)
dt  dx

The surface timesteps are smaller than the model CFL condition to allow accurate tracking
of the surface. The surface timestep (dt) is determined using one-fifth of the CFL condition
and is determined by the value of D. When D is equal to 300 m? yr'' and dx is equal to 1 km
the timesteps are 666.66 years, and when D is equal to 3000 m? yr' timesteps are 66.666

years.

Erosion and sedimentation are implemented through the material particles in the
model. As the surface diffuses, new material is embedded beneath the diffused surface as
sediment that was previously sticky air, while crust or sediment above the diffused surface
is removed and re-assigned as sticky air. We test different values of hillslope diffusion,
ranging from D = 0 m? yr' to D = 3000 m? yr'. The upper limit of 3000 m? yr' is comparable
to the current erosion rates in the Himalayas (Avouac and Burov, 1996; Toussaint et al.,
2004), which produces an erosion rate in the order of ~1 mm yr' for a 400 km wide orogenic
wedge with a topography that reaches >1 km in relief (Avouac and Burov, 1996; Burov and

Toussaint, 2007).
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A linear diffusive surface approach does not accurately represent material transport
in orogenic wedges due to neglecting the non-linear influence of hillslope and stream
processes that re-distribute material during orogenesis (Avouac and Burov, 1996). However,
a linear diffusive surface does produce a volume of sediment that is proportional to the
amount eroded. Therefore, the linear diffusion equation enforces the conservation of
volume, balancing the deposited sediment and eroded material. The density of the
sediments differs from the crustal material, implying that mass and momentum are not
strictly conserved and thicknesses are underestimated. This simplification is justified by the
focus on the dynamics of the wedge, rather than on realistic surface processes and

sedimentary thicknesses.
4.2.4. Model setup

The model is designed to simulate continental collision (Figure 4.1A), where an
orogenic wedge forms above a heterogeneity in the mantle lithosphere. The model domain
is two-dimensional, with a length (x) of 1200 km and depth (y) of 300 km. The grid is
uniformly spaced with 512 x 128 nodal points, producing a resolution of 2.34 km, with each
cell in the grid populated with 30 particles. Timesteps are determined by using (half of) the
Courant—Friedrichs—Lewy (CFL) condition. A cell width of 2.34 km results in timesteps of
~117,000 years for a convergence velocity of 1 cm yr' and 11,700 years at a convergence

velocity of 10 cm yr.

The initial configuration includes a homogenous crust with a 45° dipping weak zone
within the mantle lithosphere at x = 700 km, representing a pre-existing suture zone (Figure
4.1A). The weak zone has a wet olivine rheology and low friction coefficient (0.1) whilst the

surrounding lithospheric mantle has a dry olivine rheology and high friction coefficient (0.6).
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The weak zone introduces a rheological heterogeneity that facilitates lithospheric subduction

and localises deformation in the crust above the weak zone.

A) == Crust [ ] WeakZone [ Lithospheric Mantle [[7] Upper Mantle B)
T=T, Vy =0 Temperature [°C]
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Figure 4.1: A) Initial model setup, with an initial crustal thickness of 25 km. Temperature contours are given at 200°C
intervals. The black box (x > 500 km and x < 1100 km, y < 20km and y > -150 km) portrays the area shown in subsequent
figures that display model evolution. B) Strength profile for varying strain rates and the initial temperature distribution across
the crust and mantle.

To allow the evolution of topography, a 30 km ‘sticky air’ layer is included with a low
viscosity (10'° Pa s) and density (1 kg m=3) which minimizes shear stresses at the surface,
creating a pseudo free surface (Crameri et al., 2012; Schmeling et al., 2008; Vogt et al.,
2017). A quartzite rheology is applied to the crust (Table 4.1), with a single crustal layer

used to minimise effects that may arise due to multiple rheological layers.

A constant temperature (T = 0 °C) is applied to the top boundary, with no heat flux
across the side walls. The initial internal temperature distribution follows a geothermal
gradient of 25 °C km" for the first 10 km and then 12 °C km-" until a temperature of 1300 °C
is reached at the lithosphere-asthenosphere boundary (LAB) at a depth of 97.5 km. We
neglect adiabatic gradients and keep the underlying mantle at 1300 ‘C. The geotherm is
constant across all models, with alterations in the temperature of the crust due to advection,

diffusion, and internal heating.

The model uses a free-slip condition on the right (vx = 0) and top (vy = 0) boundaries.
The velocity is unconstrained at the base, allowing for inflow and outflow of material,
implying the model overlies an infinite space with an inviscid fluid (Gerya, 2009) at a depth

of 270 km. The velocity condition is applied on the left wall, with a convergence velocity
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(Veonv) Of either 1 or 10 cm yr'. The velocity condition is applied across the crust and mantle

lithosphere, which induces convergence. Below the lithosphere (y < - 97.5 km) the velocity

linearly decreases from the convergence velocity at base of the lithosphere to zero at the

bottom of the left wall. Above the crust, an inflow/outflow is prescribed across the sticky air

layer (y > 0 km) to allow topography to develop (Figure 4.1A, left panel).

Table 4.2: Case names with the parameters modified for each model. 1 Watt (W) is equal to 1 kg m?s™.

Case Name Convergence velocity Crust internal heating rate Surface diffusion rate (D)
(Veon) [cm yr'] (H) [ yr]
W m3]

CT25-1 1 0 0

CT25-1-1.8H;, 1 1.8 0

CT25-1-3.6H, 1 3.6 0

CT25-1-D300 1 0 300
CT25-1-D3000 1 0 3000

CT25-10 10 0 0

CT25-10-1.8H; 10 1.8 0

CT25-10-3.6H; 10 3.6 0

CT25-10-D300 10 0 300
CT25-10-D3000 10 0 3000

4.3. Results

In this section, the role of internal heating is first presented, outlining the model with

no internal heating ( Hr = 0 yW m), low internal heating (H: = 1.8 yW m-3) and high internal

heating (Hr = 3.6 yW m™3) rates. The final structure and topography of each model is
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presented in Figure 4.2 and plastic strain distribution, highlighting shear zones, presented
in Figure 4.3. This is repeated for the diffusive surface, where no surface diffusivity (D = 0
m? yr'), low surface diffusivity (D = 300 m? yr'') and high surface diffusivity (D = 3000 m? yr
') rates are investigated. The final structure and topography are presented in Figure 4.4 and
plastic strain distribution, highlighting shear zones, presented in Figure 4.5. Each model is
run at a slow (1 cm yr') or fast (10 cm yr') convergence velocity to assess the role of each

time-dependent process.

4.3.1. Role of internal heating

Veory = 1 cm yr?t Veony = 10 cm yrt

y [km]

G) 100 H)
— CT25-1 —— CT25-10

759 CT25-1-1.8H, 7 —— CT25-10-1.8H,

504 — CT25-1-3.6H, 4 — CT25-10-3.6H,

| vE = 40x

T ve = a0x

T T T T T T T T T T
500 600 700 800 900 1000 1100 500 600 700 800 900 1000 1100
x [km] x [km]

Figure 4.2: Comparison of structure from the material, between no internal heating and an internal heating rate for different
convergence velocities after 435 km of convergence. A) CT25-1, B) CT25-10, C) CT25-1-1.8H,, D) CT25-10-1.8H,. E)
CT25-1-3.6H,, F) CT25-10-3.6H,, G) Topography for A), C) and E). H) Topography for B) and D) and F). The topography
shows how the elevation decreases due to the influence of internal heating, with the influence stronger in CT25-1-IH
compared to CT25-10-IH due to the time dependency. VE = 40 x is the vertical exaggeration.
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CT25-1 (Figure 4.2A) has no internal heating and displays some minor crustal
stacking in the upper crust, with ductile flow occurring in the lower crust. In CT25-10, crustal
stacking also occurs but incorporates most of the crust, with shear zones that extend to near
the Moho. Deformation in models without internal heating propagates outward from the
centre and do not exhibit exhumation of crust from within the wedge. From these models,
an increase in convergence velocity results in an increase in topography (Figure 4.2G-H)
and crustal thickness, decrease the wedge length whilst also increasing the amount of
crustal stacking. The distribution of plastic strain suggests that the depth of the brittle-ductile
transition, highlighted by the depth at which strain accumulation stops, increases with

increasing velocity (Figure 4.3A & 4.3B).

Including a low internal heating rate (H: =1.8 yW m3) in the low velocity model (CT25-
1-1.8HR; Figure 4.2C) reduces the amount of strain localisation in the upper crust and the
depth strain accumulates (Figure 4.3C), whilst also reducing the amount of crustal
thickening. A lack of strain localisation is also observed in CT25-1-3.6HRr (Figure 4.3E) with
the high internal heating rate results in a much higher geotherm, as seen by the isotherms
in Figure 4.2E. In both slow convergence velocity models with internal heating, convergence

is primarily accommodated through viscous flow with the wedge which grows laterally.

When a low internal heating rate (H: =1.8 yW m3) is applied to the fast velocity model,
CT25-10-1.8Hr (Figure 4.2D), variations in structure occur near to the front of the wedge
compared to CT25-10, with some ductile flow at the base of the crust, whilst similar
structures are visibile at the centre of the wedge. With a high internal heating rate (CT25-
10-3.6HR; H: =3.6 yW m3), the structures at the centre of the wedge are similar to the other
high velocity models, with crustal stacking involving the entire crust (Figure 4.2F). However,
the structures at the front of the wedge change considerably, with large folds developing.

This is highlighted by the depth of strain localisation in the crust (Figure 4.3B-F), which
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decreases with increasing internal heating rate at the front of the wedge. Changes in
topography and wedge length are also observed, with the height of the topography

decreasing and wedge length increasing with increasing internal heating rates (Figure 4.2H).
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Figure 4.3: Similar to Figure 4.2 but showing plastic strain distribution between no internal heating and an internal heating
rate for different convergence velocities after 435 km of convergence. A) CT25-1, B) CT25-10, C) CT25-1-1.8H,, D) CT25-
10-1.8H,. E) CT25-1-3.6H,, F) CT25-10-3.6H,. The white line in each plot denotes the boundary between the crust and
mantle. G) Plastic strain profiles taken at ay =-10 km for A), C) and E). H) Plastic strain profiles taken at a'y = -10 km for
B), D) and F). Results show that with increasing internal heating, the depth of the brittle ductile transition shallows. At low
velocity and high internal heating (CT25-1-3.6H,) no plastic strain occurs in the upper crust and instead convergence is
accommodated through viscous deformation.

In general, increasing the internal heating rate leads to a decrease in the height of
the topography and a lengthening of the orogen, with the change in the distribution of
topography more substantial in the low velocity models (Figure 4.2G) compared to the high
velocity models (Figure 4.2H). An increase in internal heating rate also hinders plastic strain
localisation in the upper crust (Figure 4.3G-H), with deformation accommodated through

viscous flow instead. The influence of internal heating on strain localisation is more
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substantial in the low velocity models compared to the high velocity models due to the model

duration.

4.3.2. Role of surface processes
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Figure 4.4: Comparison of internal structure from the material, with no erosion (A and B) and a hillslope diffusion rate to
the surface (C-F). A) CT25-1. B) CT25-10. C) CT25-1-D300. D) CT25-10-D300. E) CT25-1-D300. F) CT25-10-D3000. G)
Topography of models presented in A), C) and E). H) Topography of models presented in B), D) and F), showing how the
diffusive surface smooths topography and reduces the height of the orogen. The smoothing of topography is most
pronounced in the slow convergence models, occurring over a wider area compared to the fast convergence models,
reflecting the time dependency of a diffusive surface. Surface processes also impede the outward growth of wedge,
concentrating deformation close to the centre and promote exhumation, which is more apparent in the slow convergence
velocity models. VE = 40 x is the vertical exaggeration.

Figure 4.4A & 4.4B display models run without erosion and show the orogenic wedge
structure after 435 km of convergence, and are the same as the models presented in Figure
4.2A & 4.2B. Figure 4.4C & 4.4D, where D = 300 m? yr', show varying amounts of influence
of erosion after 435 km of convergence. In CT25-1-D300 (Figure 4.4C), there is ~10 km of

material eroded from the material at the centre of the wedge, based on the layers in the
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crust. In CT25-10-D300 (Figure 4.4D) there is no exhumation of deep crustal material and
displays a very similar structure to CT25-10 (Figure 4.4B). A high convergence rate of 10
cm yr' results in rapid uplift and formation of structures, which is too fast to be eroded when
D = 300 m? yr'. Figure 4.4 & 4.4F present the fast surface diffusion models (D = 3000 m?
yr'') with both displaying a large amount of erosion and sedimentation and exhumation of
crust at the centre of the wedge. In CT25-10-D3000 (Figure 4.4F), structures at the centre
of the orogenic wedge are exhumed from a depth of ~10 km, similar to the depth of exhumed
material in CT25-1-D300. The discrete zones that cause crustal stacking at the centre of the
wedge in CT25-10-D3000 (Figure 4.4F) appear closer together compared to CT25-10
(Figure 4.4B) and CT25-10-D300 (Figure 4.4D). This is also observed in the distribution of

plastic strain, which is concentrated at the centre of the wedge (Figure 4.5F).

In contrast, CT25-1-D3000 (Figure 4.4D) shows large amounts of sedimentation and
erosion, with a very smooth topography. In CT25-1-D3000, uplifted material is eroded
rapidly, restricting the outward growth of the wedge. This results in deformation being
concentrated at the centre of the wedge along a main back thrust, as shown by the
distribution of plastic strain in Figure 4.5E. In CT25-1-D3000 a large amount of exhumation
occurs, with lower crust that initially started at a depth of ~20 km exposed at the surface in

the centre of the wedge.

The strain profiles presented in Figure 4.5G-H shows how the distance between
active deformation at the front and back of the wedge decreases with the increasing rate of
surface diffusivity for a given convergence rate. The topography (Figure 4.4G-H) shows
smoothing with increasing diffusive rate due to the amount of erosion and sedimentation
increases that redistributes material across the wedge. The amount of topographic
smoothing increases with increasing model duration, with a reduced topographic height and

sediment deposited over a wider area in models where veonv = 1 cm yr' (Figure 4.4G)
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compared with models where veonv = 10 cm yr' (Figure 4.4H) for a given surface diffusivity

rate.
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Figure 4.5: Comparison of plastic strain between models with no erosion (A and B) and a hillslope diffusion rate to the
surface (C-F). A) CT25-1. B) CT25-10. C) CT25-1-D300. D) CT25-10-D300. E) CT25-1-D300. F) CT25-10-D3000. The
white line in each plot denotes the boundary between the crust and mantle. G) Plastic strain of models presented in A), C)
and E) at y = -10 km. H) Plastic strain of models presented in B), D) and F) at y = -10 km. The plastic strain shows how
increasing the surface diffusivity restricts the wedge width, reduces the number of shear zones (based on the amount of
strain localisation) and concentrates deformation at the centre of the wedge. The back-thrust in E) is well-defined in the
profile presented in G).

4 4. Discussion

4.4.1. The role of internal heating on orogenic wedge structure

The influence of internal heating on the temperature distribution is shown by the
isotherms in Figure 4.2, with isotherms much closer together and closer to the surface when
compared to the models without internal heating. Figure 4.6 shows the difference in
temperature at y = -24 km between CT25-1-3.6H, (~700 °C) and CT25-10-3.6H: (~1000 °C)

after 435 km of convergence, highlighting the influence of internal heating on the
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temperature within the wedge as the duration of the model increases. The difference in the
temperature at y = -24 km between CT25-1 (~600 °C) and CT25-10 (~700 °C) in Figure 4.6
is due to thermal diffusion, which cools the crust over time, although the rate of thermal
diffusion is much slower than the internal heating rate, with the latter having the biggest
influence on the temperature distribution between the low and high convergence velocity
models. Diffusion is another important factor in the temperature distribution and has
previously been shown to hinder the subduction in temperature-dependent, buoyancy driven

subduction zones (Knight et al., 2021).
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Figure 4.6: Horizontal temperature profile at y = -24 km for all models presented in the internal heating section after 435
km of convergence. The high convergence velocity models have a similar temperature, whilst a large difference (~400 °C)
is observed between CT25-1 (~600 °C) and CT25-1-3.6H, (~1000 °C) due to more heat being produced over the time to
reach 435 km of convergence in the low convergence velocity models.

Similar structures at the centre of the wedge are observed in CT25-10 (Figure 4.2B),
CT25-10-1.8Hr (Figure 4.2D) and CT25-10-3.6Hr (Figure 4.2F) as the structures form

quickly due to the high convergence rate. As convergence is on-going, internal heating rate
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begins to increase the temperature of the crust. This results in different structures forming
at the front of the wedge between CT25-10, CT25-10-1.8Hr and CT25-10-3.6Hr as the
internal temperature distribution changes, with the structures transitioning from crustal
stacking in CT20-10 to folding in CT25-10-3.6Hr. In contrast, the low convergence velocity
models transition from upper crustal stacking and flow in the lower crust in CT25-1 (Figure
4.2A) to only ductile flow in the crust in CT25-1-1.8Hr (Figure 4.2C) and CT25-1-3.6Hr
(Figure 4.2E). This change in structural style is due to the large increase in temperature of
the crust through the evolution of the low convergence velocity models (Figure 4.6). To alter
the structural style of each wedge, an internal heating rate of <1.8 yW m= is required at a

convergence velocity of 1 cm yr' and ~3.6 yW m2 at convergence velocity of 10 cm yr.

The increase in internal temperature results in an overall decrease in the strength of
the wedge, through the temperature-dependent effective viscosity (Vanderhaeghe et al.,
2003). This increase in temperature within the wedge favours viscous deformation over
plastic, reducing the amount of plastic strain localisation in the upper crust (Figure 4.3). The
reduction in wedge strength is also highlighted by the height of topography and length of the
wedge after 435 km of convergence, with a decrease in strength resulting in a decrease in
topographic height and increase in wedge length (Figure 4.2G-H). The influence of internal
heating rate on topography (Figure 4.2G-H) and strain localisation (Figure 4.3G-H) is more
pronounced in low velocity models compared to the high velocity models as the increase in
temperature inside the wedge is higher due to the longer duration in the low velocity models.
These results emphasise the role of internal heating and its influence on wedge strength

and structural evolution, with the influence of internal heating increasing over time.
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4.4.2. The role of surface processes on orogenic wedge structure

Surface processes reorganise the orogenic wedge over time, altering the timing of
growth of the orogenic wedge. In our models, the diffusive surface promotes prolonged fault
activity and strain localisation, restricting outward propagation and concentrating
deformation in the centre of the orogenic wedge (e.g. Avouac and Burov, 1996; Dal Zilio et
al., 2020; Ellis et al., 2001; Jammes and Huismans, 2012; Jaquet et al., 2017; Piccolo et al.,
2017; Selzer et al., 2008) whilst also promoting the exhumation of mid to lower crustal
material (Dal Zilio et al., 2020; Jammes and Huismans, 2012; Kaus et al., 2008), in

agreement with previous studies.

B) CT25-10

/44

N
o
S

w
1=
S

o
o
S

Total convergence [km]
~
(=]
o

o

CT25-1-D300

E) CT25-1-D3000 F) CT25-10-D3000

D) CT25-10-D300

V /4

C)

N
o
S

w
1=
1=

=
o

Accumulated plastic strain

Total convergence [km]
_oN
o o
o o

w I
1= o
I S o

Total convergence [km]
_oN
o o
o o

o

500 600 700 800 900 1000 1100 500 600 700 800 900 1000 1100
x [km] x [km]

Figure 4.7: Evolution of strain at y =-10 km to highlight the influence of surface processes on strain localisation in the crust.
A) CT25-1, B) 25-10, C) CT25-1-D300, D) CT25-10-D300, E) CT25-1-D3000, F) CT25-10-D3000.

Surface processes result in the number of shear zones in the upper crust decreasing
with increasing diffusivity rate for a given convergence velocity (Figure 4.5 & Figure 4.7).
Figure 4.7 shows that not only do the number of shear zones decrease, but the duration of
activity along the active shear zone also increases, in agreement with previous studies
(Jaquet et al., 2017; Selzer et al., 2007) as well as increasing the amount of strain

accommodated along the shear zone. This increase in shear zone longevity is due surface
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processes redistributing material from the centre to the peripheral of the wedge, which

reduces the gravitational load acting on the wedge.

To develop a new shear zone, the internal stress and gravitational load must be in
disequilibrium, with an excess gravitational load (e.g. Dahlen, 1990; Graveleau et al., 2012).
This results in the wedge lengthening and developing a new shear zone to reduce the
gravitational load and re-equilibrate. Surface processes redistribute the material, with
erosion at the centre of the wedge reducing the gravitational load. This increases the time
to reach a disequilibrium and cause the wedge to lengthen compared to models without
surface processes, prolonging the duration of activity along the active shear zone. This also
results in a decrease in wedge length in models with surface processes compared to those
without. In the most extreme case, CT25-1-D3000, the crust is unable to thicken sufficiently
for outward propagation to occur, instead deformation is concentrated along a single back
thrust that accommodates most of the deformation and is active for the entire duration of the

model (Figure 4.7E).

Surface processes also promote exhumation at the centre of the wedge due to the
redistribution of material, with the depth of exhumed crust increasing with increasing
diffusive rate for a given convergence velocity (Figure 4.8). The depth of exhumed material
is higher in the low convergence velocity models due to surface processes having longer to
erode material from the centre of the wedge compared to the high convergence models. No
exhumation occurs in models without surface processes (Figure 4.8A-B), whilst the most
extreme exhumation is observed in CT25-1-D3000 (Figure 4.8E). In CT25-1-D3000 material
is initially buried from a depth of ~20 km to ~30 km below the surface before being exhumed,
with the material travelling ~250 km from its initial position to where it is exhumed at the

surface. In comparison, exhumation of crustal material CT25-10-D3000 is exhumed from a
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depth of ~15 km (Figure 4.8F), with the material originating ~100 km from its exhumed

position.
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Figure 4.8: Evolution of selected particles to highlight the depth at which material is exhumed from. A) CT25-1, B) CT25-
10, C) CT25-1-D300, D) CT25-10-D300, E) CT25-1-D3000, F) CT25-10-D3000. No exhumation takes place in A, B or D.
Material is exhumed from a depth of ~10 km in C, ~30 km in E and ~14 km in F. This highlights that most exhumation takes

place in the low velocity model with a high surface diffusivity rate due to the amount of time to reach 435 km, with material
eroded as fast as uplift occurs, resulting in the exhumation of deep crustal material along a single back thrust.

A drastic change in the internal structure is observed in extreme cases when the
removal of material from the wedge interior is similar to uplift rates (Avouac and Burov, 1996;

Beaumont et al., 1996; Willett, 1999b), as seen in CT25-1-D3000 (Figure 4.4E). The rapid
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removal of material restricts any outward growth of the wedge, concentrating deformation
and exhumation along a single back thrust. This results in a wedge with a very smooth
topography (Avouac and Burov, 1996) with a reduced topographic high above the
deformation zone (Figure 4.4G), with this elevated region related to the very high amounts

of exhumation at the centre of the wedge (Willett, 1999a).

These results emphasise the increasing influence of surface processes on the

structural evolution of orogenic wedges with increasing time.

4.4.3. Model limitations

Our model is a simplified version of crustal deformation during orogenesis, which
does not encapsulate all the complexities occurring in nature. In nature, orogenic wedge
formation is inherently 3D, whilst our model is 2D. We assume a homogenous crust, whilst
in nature the rheology of the crust within the orogenic wedge can vary both laterally and
vertically. We also apply a constant convergence velocity, which may vary over the duration

of convergence.

We assume a constant surface diffusivity rate, whilst in nature the rate at which
surface processes occur may vary over time and laterally within the orogen due to variations
in rock type, erosive processes (e.g. physical/chemical erosion) or climatic conditions.
However, our results match previous studies into surface processes (e.g. Avouac and Burov,
1996; Burov and Toussaint, 2007; Ellis et al., 2001; Jammes and Huismans, 2012; Jaquet

et al., 2017; Kaus et al., 2008; Selzer et al., 2008, 2007; Willett, 1999b)

To include internal heating in the models, a homogeneous heating rate is applied to
the entire crust. However, the internal heating rate may be enhanced or depleted in certain
areas of the crust during orogenesis as radiogenic heat producing elements (HPE) are

redistributed in the crust through melting and recrystallization. If sufficiently voluminous, the
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redistribution of HPE could alter the local temperature and alter how deformation localises
within the wedge. However, our results agree with previous studies that show the viscosity,
representing strength, of the crust decreases (Faccenda et al., 2009; Vanderhaeghe et al.,
2003) as the rate of internal heating increases (Faccenda et al., 2008; Piccolo et al., 2017)

due to the temperature dependency of the viscous rheology.

4.5. Conclusions

We use 2D numerical models with a visco-plastic rheology to investigate the influence
of rate-dependent (convergence velocity) and time-dependent processes (internal heating,
surface processes) on the structural evolution of orogenic wedges can be summarised as

follows.

Over long durations or at a high surface diffusivity, surface processes alter the
internal structure of the wedge considerably. Erosion concentrates deformation at the centre
of the wedge, restrict the distance between the deformation fronts at the front and back of
the orogen, reduce the number of shear zones, extend the duration of activity along shear
zones, and promotes exhumation compared to models without the inclusion of erosion. As
the surface processes are implemented as a constant diffusive rate, the influence of erosion
and sedimentation on the distribution of material increases over time for a given diffusivity

rate.

Internal heating increases the internal temperature of the crust, resulting in a
decrease in the depth of the brittle-ductile transition and a decrease in the wedge viscosity
and thus strength. This results in a decrease in plastic strain localisation and restricts the
formation of shear zones in the upper crust, with deformation instead accommodated
through viscous flow. The reduction is strength results in a decrease in wedge thickness and

increase in wedge length compared to models without the inclusion of internal heating. As
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Internal heating is also a rate, the influence of internal heating on the structure of the wedge
increases as the duration of the model increases. Over long durations or high heating rates,
internal heating has a growing influence on the internal wedge structure, promoting

increasingly viscous structures to form as the temperature of the crust increases.

Our results highlight that these processes (internal heating and surface processes)
should be carefully considered when included in modelling of any tectonic margin,

particularly if there are differences in duration.
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Chapter 5

Abstract

Salients and recesses are prominent features of orogens, visible due to variations in
topography along the orogen front. In this study, 2D and 3D thermo-mechanical models are
used to investigate the formation of salients and recesses during orogenesis. We test
rheological heterogeneities, through varying the friction, and erosion and sedimentation
rates along the front of a collisional zone to show that a local increase in either strength or
erosion rates results in decreased front advance and the formation of a recess. The increase
in frictional properties also alters the internal structural style of the wedge, from
predominantly plastic to a style characterised by viscous features. Surface processes do not
alter the internal structure but do promote crustal exhumation, whilst restricting the lateral
growth of the orogen. We distinguish characteristic topographic features to identify the cause
of salients and recesses in nature. When there are lateral variations in rheology, the peak
topographic height is offset laterally, with the topography migrating backwards with
increasing frictional strength. In contrast, no change in the position of maximum topographic
height is observed across the orogen when there are lateral variations in the erosion and
sedimentation rates. These results provide a diagnostic to identify the causes of salients
and recesses along the Himalayan front. Along with the topography, free-air gravity
anomalies are utilised to identify variations in strength, with small recesses in the region

related to focused erosion whilst large recesses are attributed to increases in strength.
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5.1. Introduction

Mountain belts are distinguishable features of the surface of the Earth. One prominent
feature along an orogen front is areas where the high topography either extends into or
retracts from the low topography surroundings, characterised as salients and recesses
(Miser, 1932). Salients and recesses are observed throughout the Himalayan arc and have
previously been attributed to surface processes (Bendick and Bilham, 2001) or lateral

variations in rock strength (Koulakov et al., 2015).

At large scale, the Himalayan front forms a near-perfect arc 1800 km in length
between 77.2 and 92.1 °E based on either seismicity, topography, or stress state (Bendick
and Bilham, 2001). A maximum deviation of ~48 km between the small-circle fit and the
topographic front is observed, with the largest deviations associated with large trans-
Himalayan river drainage basins (Bendick and Bilham, 2001), highlighting the role of surface

processes.

Erosion restricts the wedge width by delaying the outward propagation of deformation
(Dal Zilio et al., 2018; Ellis et al., 2001; Jaquet et al., 2017; Liu et al., 2020; Selzer et al.,
2007; Vogt et al., 2017a; Willett, 1999a), which results in the formation of a recess where
local erosion rates are high compared to low rates in surrounding regions. Localised erosion
due to river incision has been attributed to the formation of the Dujiangyan recess in Eastern

Tibet (Liu et al., 2020).

At smaller scales (~10 km), multiple salients and recesses have been identified along
the Himalayan arc (Macedo and Marshak, 1999). Koulakov et al. (2015) proposed that
salients and recesses along the Himalayan front may be the result of variations in strength,
causing variations in crustal thickness, based on magnetic and free-air gravity anomalies. It

has been argued that the salients and recesses at the front of the Himalayans may be self-
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organised, where sections deform unpredictably but at large scale there is a steady-state
growth of the orogen (Weinberg, 2016). Koulakov et al. (2015) suggest positive magnetic
and free-air gravity anomalies may be the result of igneous bodies below the surface that
strengthen the crust, whilst negative gravity and magnetic anomalies may be due to thicker

sediments, resulting in a weaker crust.

A similar observation was made by Livani et al. (2018), where the formation of the
Cremona salient, the Parma recess, and the Ferrara salient in the northern Apennines was
influenced partly by the presence of the Upper Ladinian volcanic edifices, identified from
geophysical data, beneath the Parma recess (Livani et al., 2018). These igneous bodies
increase the crustal strength, which influences the width and thickness of the orogen, with
a high crustal strength resulting in a decrease in the orogen width and increasing the crustal
thickness that can be supported (Pusok and Kaus, 2015; Ruh et al., 2014, 2012; Vogt et al.,
2017a, 2017b; Willett, 1999b). A high rock strength results in a recess when it is next to a

lower strength rock, that forms a salient.

At the crustal scale, the strength of a visco-plastic wedge is altered through the
rheology of rocks, that is controlled by the Coulomb plastic strength, through the friction
coefficient and cohesive strength, or the viscous rheology, due to the temperature, strain-
rate, and composition dependency of the viscous flow. The evolution of Coulomb plastic
wedges is dictated by the friction coefficient at the base of the wedge, as the material within
the wedge is assumed to be cohesionless and on the verge of failure at all locations, implying
that the internal strength of the wedge is negligible (Dahlen, 1990, 1988, 1984; Dauvis et al.,
1983; Willett, 1999b). Previous studies into fold-and-thrust belts (Ruh et al., 2014, 2012)
determined that increasing the internal friction angle results in a shorter and thicker wedge,
as well as a decrease in the number of shear zones, forming a salient where the friction

coefficient and therefore strength is low and recess where the friction coefficient is high.
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Similar observations have been made from 2D lithospheric-scale visco-plastic
models. In general, an increase in the overall crustal viscosity and strength results in a
decrease in wedge width and increase in crustal thickness (Medvedev, 2002; Piccolo et al.,
2017; Vanderhaeghe et al., 2003; Vogt et al., 2017b; Willett, 1999b). It is expected that in
3D lateral variations in strength would result in the formation of salients in areas of low
strength and recesses in areas of high strength. This has been observed in 3D numerical
models of fold-and-thrust belts (Ruh et al., 2014), where the basal decollement strength was
varied laterally to form a narrow fold-and-thrust belt where the decollement strength was low
and a wide fold-and-thrust belt where strength was high. Similar results have been observed
in 3D lithospheric scale models investigating the formation of plateaus (Chen et al., 2017;

Pusok and Kaus, 2015).

Although the role of rheology and surface processes have been well studied during
orogenesis, the role of each on the formation of salients and recesses has not previously
been investigated systematically. Here, we test how the rheology and surface processes
interact in the formation of salients and recesses by means of numerical modelling. We first
investigate how the friction coefficient and surface processes influence the internal structure
and the topography of visco-plastic wedges in 2D, whilst keeping all other parameters the
same (e.g. geotherm, viscous rheology, convergence rate) as each of these parameters has
previously been shown to alter rock strength (e.g. Ellis, 1988; Vanderhaeghe et al., 2003;
Vogt et al., 2017b, 2017a). 3D models are then utilised to assess the topographic response
to lateral variations in erosion and sedimentation rates or the rock rheology that results in

the formation of salients and recesses.

5.2. Modelling approach

We model the collision of continental crust as a viscous fluid with an infinite Prandtl number

at a low Reynolds number. The conservation of mass, momentum and energy equations are
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solved for an incompressible fluid through the Boussinesq approximation in both a 2D and
3D Cartesian box using the finite element, particle-in-cell (PIC) code Underworld2 (Beucher
et al., 2019; Moresi et al., 2007, 2003). Underworld2 allows the tracking of distinct materials
and their properties through Lagrangian particles within a Eulerian finite element grid. More

details on the numerical method and governing equations are outlined in Chapter 2.

5.2.1. Model Setup

The model setup (Figure 5.1A) is designed to simulate continental collision, where an
orogenic wedge forms above a pre-existing weakness as the lithospheric mantle subducts.
The model replicates the air, crust, and mantle over a depth (y) of 300 km and a width of (x)
1200 km. In 3D, the box has a length (z) of 300 km. x-y-z coordinates were set to maintain
a constant notation between 2D and 3D models, with x-y coordinates used in 2D and x-y-z
in 3D models, where x represents the width, y represents the depth and z represents the

length.

A uniform grid is used, with a distribution of 512 x 128 nodal points giving a cell width
of 2.34 km, with 30 particles per cell in 2D. In 3D, a 256 x 64 x 64 grid is used with 80
particles per cell. Timesteps are determined by using (half of) the Courant—Friedrichs—Lewy
(CFL) condition. Using the CFL condition, a convergence velocity of 2 cm yr' and a cell
width of 2.34 km results in timesteps of ~58,500 years in the 2D models and timesteps of

~117,000 years with a cell width of 4.68 km in the 3D models.

The model uses a free-slip condition on the back (vx = 0) and top (vy = 0) boundaries
in 2D and on the left and right (v; = 0) boundaries in 3D. At the base, the boundary is
unconstrained, allowing the inflow and outflow of material, implying the model overlies an
infinite space constituting of an inviscid fluid at a depth of 270 km. A constant convergence

velocity (veonv) Of 2 cm yr' is applied to the left boundary. This velocity is similar to the current
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accommodation rate within the Himalayan orogenic wedge (Ader et al., 2012; Stevens and
Avouac, 2015). The velocity is applied to the lower plate, on the left wall across the crust
and mantle lithosphere, which induces convergence towards the upper plate, to the left of
model. Below the lithosphere (y < -97.5 km), the velocity linearly decreases from 2 cm yr’
to zero at the bottom of the left wall. Above the crust, an inflow/outflow is prescribed across

the sticky air layer (y > 0 km) to allow topography to develop (Figure 5.1A, left panel).

The temperature of the top boundary is kept constant (T = 0 °C), with no heat flux
across the side walls. The internal temperature follows a geothermal gradient of 25 °C km™’
for the first 10 km and then 12 °C km" until a temperature of 1300 °C is reached at the
lithosphere-asthenosphere boundary (LAB) at a depth of 97.5 km. We neglect adiabatic

gradients and keep the underlying mantle at 1300 °C.
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Figure 5.1: A) Initial 2D model setup of case 03fc. Temperature contours are given at 200°C intervals. The black box (x >
700 km & x < 1100 km, y < 20km & y > -150 km) portrays the area shown in subsequent figures that display model
evolution. B) 1D strength and temperature profile of the crust and mantle. The strength profiles have a constant strain rate
(é; = 1071 s~1) with different friction coefficients, with increasing friction coefficient resulting in a thicker viscous layer at
the base of the crust.

The continental crust layer is homogenous and has a quartzite viscous rheology
(Table 1), and a crustal thickness of 25 km. A single crustal layer is used to better constrain
the role of the friction coefficient which may be obscured by a multi-layered crust where the
layers have different frictional and viscous properties. A 45° dipping weak zone, representing
a pre-existing subduction zone, is prescribed with a wet olivine rheology. The weak zone is
surrounded by a dry olivine mantle, which results in deformation above the weak zone whilst

also facilitating subduction of the lithosphere. To allow the evolution of topography during
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the model, a 30 km ‘sticky air’ layer is included, with a low viscosity (10'° Pa s) and density

(1 kg m®) to minimise shear stresses at the surface (Vogt et al., 2017a).
5.2.2. Rheological laws

Viscous deformation occurs through either dislocation or diffusion creep:

Naist/aifr = %A_%éul_Tne(%) 1)
where 7 is the viscosity, A is the pre-exponential factor, n is the stress exponent, E is the
activation energy, P the pressure, V the activation volume, R the gas constant, T, is the
temperature at a given position and &;; is the second invariant of strain rate. In the crust,
diffusion creep is neglected due to the low temperatures and high strain rates in the model.
The bulk average grain size of the crust, which is on the order of mm scale, also makes
dislocation creep the dominant viscous deformation mechanism in the crust (Ranalli and

Adams, 2013).

Plasticity is implemented in the model through a Drucker-Prager yield criterion
(Spiegelman et al., 2016) which limits the maximum stress within the crust, resulting in an

effective viscosity for the plastic flow:

7, =Ccos@ + Psing (5.2.1)
_ (5.2.2)
M=%

where 7, is the yield stress, C is the cohesion at the surface, ¢ is the internal friction angle,

where sin sin ¢ is equivalent to the friction coefficient (f,) and P is the lithostatic pressure.
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Table 5.1: Initial material properties used for the visco-plastic rheology. p is density at the surface. A is the pre-exponential
factor, n, is the stress exponent, E is the activation energy, f. is the friction coefficient, C is the cohesion at the surface and
a is the coefficient of thermal expansion.

Crust Sediment Mantle Weak Zone
Rheology Quartzite? Quartzite? Oliving® Wet Oliving®
Deformation | Dislocation Dislocation Dislocation | Diffusion Dislocation Diffusion
mechanism
A (MPa"s7) | 1.1x1034 1.1x10°3 1.1x10% 1.5%10° 1.6x10° 2.5%107
n 4.0 4.0 35 1.0 35 1.0
Ea (J mol?) | 2.23x10° 2.23x10° 5.30x10° 3.75%10° 5.20x10° 3.75%10°
Va (m® mol | 0 0 6.0x10 6.0x10 2.3x10°% 1.0x10°°
')
C, Cu (Pa) 107, 10° 107, 10° 107 107, 10°
fe, fow Presented in | 0.2, 0.1 0.6 0.1, 0.05

Table 2
po (kg m3) 2700 2600 3300 3300

a(Gleason and Tullis, 1995) *(Hirth and Kohlstedt, 2013)

Plastic strain weakening of the crust is implemented through a function of the

accumulated plastic strain (), similar to previous approaches, as outlined in Ruh et al. (2014

and Vogt et al. (2017a). Both the cohesive (C) and internal friction angle (¢) strength are

linearly reduced (C,,, ¢,,) with incremental strain (¢) between 0.5 (&,,;,) and 1.5 (g,4x):
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c if €< Emin (5.3)
(C - Cw) ,
C=<C+ (8'——8)(8 — Emin)) if €min < € < Emax
min max
CW' ifS = Emax
¢ if € < &min (5.4)
(o — o) .
p= 0t~ If Enin < €< Ema
min max
Pw» ifE = Emax

The effective viscosity (n) for the visco-plastic rheology is then determined through the

minimum viscosity of each deformation mechanism:

Nerust = (np' ndisl) (55)

Nmantie = (npr Naist T]diff) (56)

Elasticity, that may alter the short-term stress distribution in our models, is not
accounted for as orogenic wedges are assembled over geological timescales, with a visco-
plastic rheology sufficiently encapsulating the long-term stress distribution (Kaus et al.,

2008; Vogt et al., 2017a).
5.2.3. Surface processes

The surface is tracked using passive tracers along the boundary between the crust
and sticky air. The passive tracers are advected along within the particles before being
moved back to the original x coordinate (2D) or x-z coordinate (3D) along the new surface.
Once back to the original position, the erosion and sedimentation rates are applied to the

passive tracers to determine the new surface height:

dh = dt(vs — v,)
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Where v, and v are the erosion and sedimentation rates, respectively, dh is the change in
height and dt is the timestep duration. The surface timesteps are smaller than the model
CFL condition to allow accurate tracking of the surface. The surface timestep (dt) is
determined using a tenth of the CFL condition, resulting in timesteps of ~11,700 years in 2D
and ~23,400 in 3D for surface processes, therefore ~5 timesteps occur for surface

processes for each model timestep.

To limit erosion to uplifted areas and sedimentation to basins, a condition is imposed
based on the vertical position (y) of the surface compared to the original surface (y,) (Gerya,

2019):

1

ve=0myr v, =v, wheny >y, (5.8)

1

v, =0myr—, v, = vg wheny < y, (5.9)

Erosion and sedimentation are applied through the material particles in the model. As the
surface moves, new material is embedded beneath the surface as sediment that was
previously sticky air, while crust or sediment material above the new surface is removed and

re-assigned as sticky air.

5.3. Results

The 2D models are first presented in order of increasing friction coefficient from 0.1
to 0.4 first without and then with surface processes, focusing on the internal structure and
topographic expression of each wedge to assess the role of each on the evolution of the
wedge. The 3D models are then assessed to determine how changes in friction coefficient
and surface processes influence the evolution of the orogen and the formation of salients

and recesses.

122



Chapter 5

Table 5.2: Experiments described in the text. Cases are labelled according to the friction coefficient, where 03fc represents
a friction coefficient (f;) of 0.3 with no surface processes. -SSP represents slow, and -FFP represents fast, surface

processes.

Case Name fe, fow Crustal material colour Ve Vs
[mm yr?] [mm yr']

01fc 0.1,0.05 Blue 0 0

01fc-SSP 0.1,0.05 Blue 1 0.1

01fc-FSP 0.1,0.05 Blue 0.5 0.05

02fc 0.2,0.1 Pink 0 0

02fc-SSP 0.2,0.1 Pink 1 0.1

02fc-FSP 0.2,0.1 Pink 0.5 0.05

03fc 0.3,0.15 Green 0 0

03fc-SSP 0.3,0.15 Green 1 0.1

03fc-FSP 0.3,0.15 Green 0.5 0.05

04fc 0.4,0.2 Grey 0 0

04fc-SSP 0.4,0.2 Grey 1 0.1

04fc-FSP 04,02 Grey 0.5 0.05

01fc-04fc-3D 0.1,0.05,0.4,0.2 Blue (f.=0.1), grey (f:=0.4) | O 0

01fc-SP-3D 0.1,0.05 Blue (f. = 0.1) z<150km—-1 | z<150 km—0.1
z>150km—-0.5 | z> 150 km — 0.05
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5.3.1. 2D models

0lfc 02fc 03fc 04fc

ﬁﬁ
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Figure 5.2: Material plots for models with different f, values with no surface processes (A - D) or with slow (E — H) or fast
(I - L) surface processes (SSP and FSP, respectively) after 450 km of convergence (t = 22.5 Myr). A clear transition from
plastic-dominated features (stacking of the entire crust) in 01fc to viscous-dominated features (folding of crust) as in 04fc
can be seen when looking left to right. SSP representing ve = 0.5 mm yr' & vs=0.05 mm yr" whilst FSP represents ve = 1
mm yr' & vs= 0.1 mm yr'. Regarding surface processes, the internal structural is very similar with and without surface
processes, however surface processes do promote exhumation at the centre of the wedge.

The final structure of each wedge is presented in Figure 5.2, with a clear change in
internal structure observed as fcincreases. The wedge in 01fc (Figure 5.2A) is characterised
by the stacking of the entire crust, with deformation above the initial weak zone. The crustal
stacking occurs along discrete planes with high amounts of plastic strain that extends to the
base of the crust, with low strain in the areas between (Figure 5.3A). In contrast,
convergence in 04fc (Figure 5.2D) is accommodated by the folding of crust, as seen by the
material distribution. The amount of plastic strain localisation in the upper crust in 04fc
(Figure 5.3D) is low compared to 01fc, with deformation accommodated in the viscous lower
crust instead. Intermediate values of f. (02fc - Figure 5.2B and 03fc - Figure 5.2C) show a
transition between the two end members, displaying features of both, with the stacking of
crust to mid-crustal levels, resembling 01fc, and flowing of the crust at the base of the
orogen, comparable to 04fc. This is also seen in the plastic strain distribution, with the depth
at which strain accumulates decreasing with increasing friction coefficient (Figure 5.3A-D).
This is a result of the increasing friction coefficient which results in a decrease in the depth

of the BD transition.
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In 01fc, the influence of viscous rheology at the base of the crust is negligible and
instead the entire crust is controlled by the yield strength of the crust and deforms in the
plastic regime. As the friction coefficient increases, the viscous rheology becomes the
dominant deformation mechanism that accommodates convergence as the thickness of the
viscous layer at the base of the crust increases (Figure 5.1B). This is where our models
differ from purely viscous wedges (Pusok and Kaus, 2015; Vanderhaeghe et al., 2003;
Willett, 1999b), which do not exhibit crustal stacking or strain localisation as strain is not
included in these models. Our models also differ from purely plastic wedges (Ruh et al.,
2014, 2012) which exhibit increasing amounts of strain localisation with increasing friction
coefficient, whereas our models show the opposite as viscous deformation becomes

dominant, which reduces the amount of strain localisation (Figure 5.3A-D).
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Figure 5.3: Strain plots for models with different f; values with no surface processes (A - D) or with slow (E — H) or fast (I —
L) surface processes (SSP and FSP, respectively) after 450 km of convergence (t = 22.5 Myr). A clear transition from
plastic-dominated features (stacking of the entire crust), as seen in 01fc, to viscous-dominated features (folding of crust),
as seen in 04fc, is observed. SSP represents ve = 0.5 mm yr' & vs =0.05 mm yr" whilst FSP represents ve=1 mm yr' &
vs= 0.1 mm yr'. surface processes, do not alter the overall internal structure much, but do reduce the distance between
high strain zones and reduce the length of the wedge.

The models are repeated but include varying erosion (ve) and sedimentation (vs) rates
to determine the role of surface processes on internal structure and on the width and
thickness of the orogen. Surface processes do not alter the main deformation mechanism,
resulting in similar internal structures for a given friction coefficient between models with and
without surface processes. This is highlighted by the similar distribution of plastic strain for
models with the same friction coefficient (Figure 5.3 — columns). However, surface

processes promote exhumation at the centre of the wedge close to the initial weak zone,
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exposing deep crustal material at the surface, revealed by the presence of lower crustal
material at the surface in Figure 5.2E-2L. From Figure 5.2E-2L, the initial depth of material
exposed at the surface after 450 km of convergence increases with increasing erosion rate,
with the depth increasing from ~10 km in 01fc-SSP (Figure 5.2E) to ~20 km in 01fc-FSP
(Figure 5.21) based on the initial depth of the layers, but has negligible impact on the wedge
thickness. The initial depth of material that is exposed at the surface is also dependent on
the friction coefficient, with the initial depth of material exposed at the surface after 450 km
of convergence increasing with decreasing friction coefficient, with material originally at a
depth of ~20 km exposed at the surface in 01fc-FSP whilst material exposed at the surface
in 04fc-FSP originating from a depth of ~10 km (Figure 5.2| — 2L ), based on the initial depth

of the layers.
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Figure 5.4: Evolution of orogens front (solid line) and rear (dotted line) position, based on the position of elevated
topography (where y first exceeds 200 m at the orogens front and rear), for all 2D models. A) No surface processes, B)
SSP models, c) FSP models. The distance between the front and back of the orogen represents the orogens width The
model results show that both rheology and surface processes influence the width of the orogeny. The influence of rheology
on orogen width increases as the amount of convergence increases.

Figure 5.4 presents the growth of topography at the front and rear of the orogen in
each 2D model, highlighting the relative positions from each other, over the total
convergence. Topography at the front of the orogen begins to grow at a similar location
regardless of the friction coefficient or the influence of surface processes. In the models
without surface processes (Figure 5.4A), the topography displays brief periods where the

orogens front would converge between 01fc and 02fc, but the predominant trend is an
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increase in the distance between the orogens front between each model as convergence
continues. This is most pronounced between 01fc and 04fc, which diverge throughout the
entire evolution of each orogen. The rear of the orogen shows a different evolution, with
each model following a similar trend up to ~300 km of convergence, however the evolution
of 01fc diverges from the other models after this point. This is due to the rheology of the
lower crust influencing the amount of backward migration of the wedge. The role of the
friction coefficient on wedge width is clear after 450 km of convergence, with a wedge width
of ~300 km in O1fc and a width of ~250 km in 04fc, with a width difference of ~50 km.
However, between 02fc and 04fc, the difference in wedge width is smaller, ~30 km (Figure
5.4A). Surface processes do not alter the overall growth of the orogen laterally but surface
processes do restrict the wedge width. Between the models with high erosion (FSP) and no

erosion, for any friction coefficient, a decrease in wedge with of ~50 km is observed (Figure
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Figure 5.5: Comparison of topography due to A) rheology and B) surface processes after 450 km of convergence. Profiles
taken from Fig. 3. In A) a large distance is observed at the front of the wedge between 01fc and 02fc of ~70 km, whilst
erosion and sedimentation reduce the wedge with by ~50 km at the back of the wedge and ~10 km at the front of the
wedge.
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Figure 5.5 highlights the influence of rheology and surface processes on the final
topography after 450 km of convergence. In Figure 5.5A, a different topographic distribution
can be seen between each value of the friction coefficient tested. Increasing the friction
coefficient results in the point of maximum topography migrating backwards, whilst also
increasing the maximum height that can be supported (Figure 5.5A). This is a result of the
thickness of the viscous layer in the lower crust that results in the wedge moving in the same
direction as convergence. In 01fc, deformation is mainly concentrated at the front of the
wedge and opposite to the direction of convergence, characteristic of plastic deformation,
whilst in 04fc deformation is primarily concentrated at the back of the wedge and in the same
direction as convergence. In contrast, surface processes do not have a major influence on

the topographic shape but do result in a decrease in wedge width (Figure 5.5B).

The 1D strength profiles presented in Figure 5.1B are used to determine the average
crustal strength (MPa). An increase in the friction coefficient increases the strength of the
crust, with the average strength of the crust increasing from 46 MPa for an f; of 0.1 to 111.3
MPa for an fc of 0.4, with intermediate values of 71.9 MPa when f. is 0.2 and 92.9 MPa when
fc is 0.3, with a quartzite rheology (Table 5.1) and a background strain rate of 104 s™'. The
increase in strength with increasing friction coefficient results in a decrease in wedge width
and increase in topography, a proxy for crustal thickness, similar to previous studies that
utilise a purely viscous rheology (Pusok and Kaus, 2015; Willett, 1999b) a purely plastic
rheology (Ruh et al., 2012; Willett, 1999b) or viscoplastic rheology (Vogt et al., 2017b,
2017a; Willett, 1999b). This is observed in the 2D topography (Figure 5.5A) after 450 km of
convergence (22.5 Myr), which shows a decrease in the wedge width and increase in

topographic height with increasing friction coefficient.

Thee 2D results suggest that salients and recesses controlled by rheology can be

identified based on the topography, which varies along strike (Figure 5.5A). In contrast,
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erosion and sedimentation results in a decrease in wedge width but does not alter the overall
topographic distribution or point of maximum topography (Figure 5.5B). These results

suggest the topography can be used to identify the cause of salients and recesses in nature.

5.3.2. 3D models

5.3.2.1. Role of lateral variation in rheology

The topography in Figure 5.6A after 450 km of convergence provides insights into
how the topography responds to lateral variations in rheology. Figure 5.6A shows the
change in location of maximum topography along strike, in agreement with the findings from
the 2D model (Figure 5.5A). Where f; = 0.1 (blue material, z > 150 km) the peak topography
occurs at x ~770 km, whilst where fc = 0.4 (grey material, z < 150 km) the peak in topography
occurs at x ~810 km. A large variation in wedge width is also observed, with displacements
of ~40 km at the front of the wedge and ~10 km at the back, with a total of ~50 km difference
in wedge width observed, on average (Figure 5.7). The difference in wedge width results in
sharp changes in topographic height across the transition zone (y = 150 km), as observed
at x = 700 km, where the topography decreases from ~6 km to ~1 km over a short distance.
The topography also shows different distributions away from the transition zone, with the
topography widening away from the transition zone where f. = 0.4 (y < 150 km) whilst the

topography appears to narrow away from the transition zone where f. = 0.1 (y > 150 km).
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Figure 5.6: A) Plot of surface topography, B) lateral flow at a depth of ~4 km below the surface and 2D profiles of material
(C and E) and accumulated plastic strain (D and D) for 01fc-04fc-3D after 450 km of convergence. The dotted lines in (A)
represent the profiles taken to measure the evolution of topography in Figure 5.7 and the location of the profiles of material
(C and E) and strain (D and F). The topography highlights how the location of peak topography is discontinuous along
strike, with a salient forming where rheological strength is low (z > 150 km) and a recess forming where rheological strength
is high (z < 150 km).

Figure 5.7 shows the evolution of elevated topography across a profile taken
perpendicular to the strike of the orogen and parallel to convergence. In the 3D models,
elevated topography begins to develop at a similar position but diverge as convergence is
ongoing to around ~40 km after 450 km of convergence. This is due to the friction coefficient,
and thus higher strength, of the crust where the friction coefficient is 0.4 restricting the
outward growth of the orogen. This results in a salient forming where strength is low and a

recess where strength is high Figure 5.7. At the rear of the orogen, the region of elevated
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topography follows a similar path throughout the evolution of the wedge, with a constant
distance of ~10 km between the elevated topography at the rear of the orogen. This results
in a difference in wedge width of ~50 km between the different crustal strengths, similar to
the 2D results. The models did not reach a constant difference in wedge width after 450 km

of convergence but might as convergence continues.
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Figure 5.7: Evolution of orogens front (solid line) and rear (dotted line) over 450 km of convergence for 01fc-04fc-3D. The
y axis represents the x-coordinate where the topography first (front - solid) or last (back - dotted) exceeds a height of 200
m. The grey lines represent the evolution of the topography at z = 80 km where the crust has a friction coefficient of 0.4
(04fc) and blue is measured at z = 220 km where the crust has a friction coefficient of 0.1 (01fc). The model highlights a
similar evolution to the 2D models (Figure 5.4A), with the topographic fronts diverging throughout convergence to form a
salient (blue) and recess (grey) in the 3D models.

5.3.2.2. Role of lateral variation in surface processes

Figure 5.8 provides insights into how the topography responds to lateral variations in
surface process in case 01fc-SP-3D. Figure 5.8 shows that the position of the peak in
topography does not vary along strike of the orogen, with the maximum topography located
at x ~750 km, in contrast to 3D model 01fc-04fc-3D (Figure 5.6) which does show lateral
variation in peak topography along strike. Another feature different to 01fc-04fc-3D in O1fc-
SP-3D is how the transition occurs along strike from a low rate of surface processes (y >
150 km) to a high rate of surface processes (y < 150 km). The topography appears to narrow

toward the transition zone at y = 150 km, whilst the topography and topographic fronts
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appear smoother and occurs over a wider area compared to the rheological model (01fc-

04fc-3D).
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Figure 5.8: A) Plot of surface topography and B) lateral flow direction at a depth of ~4 km below the surface. 2D profiles of
material (C and E) and accumulated plastic strain (D and F) for 01fc-SP-3D after 450 km of convergence. The dotted lines
in (A) represent the profiles taken to measure the evolution of topography in Figure 5.9 and the 2D profiles of material (C
and E) and strain (D and F). The topography highlights how the location of peak topography is continuous along strike,
with a salient forming where the orogen is wide due to slow erosion rates (z > 150 km) and a recess forming where the
orogen is narrow due to fast erosion rates (z < 150 km).

Figure 5.9 illustrates the evolution of the front and rear of the orogen in 01fc-SP-3D
based on the topographic evolution from a profile perpendicular to the orogen which is
parallel to the convergence direction. The results of the topography in the 3D is similar to
the 2D models, which show an increase in the difference in wedge width as the orogen

expands due to increasing erosion rates. As convergence is ongoing, there are points at
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which the front of the wedge converges, this is due to widening of the orogen occurring at
different times due to the lateral variation in the erosion rates. As the slow erosion rate is
restricting the wedge, the fast erosion side widens due to the continued convergence which
results in the fronts reaching a similar location, for example after 375 km of convergence
(Figure 5.9). However, the main trend is an increase in the difference in the width of the
orogen as material is eroded quicker on one side, forming a salient where surface processes
are slow and a recess where they are high. The profile across the side with slow erosion
(Figure 5.9 — blue) shows a wider orogen compared to the side with fast erosion (Figure 5.9
— cyan). The increase in the width mainly occurs at the front of the orogen, with a difference
of ~20 km at the front of the orogen and ~10 km at the back orogen, resulting in a difference
in width of ~30 km (Figure 5.8). This is expected from the 2D results, as the width of the

orogen decreases when the rate of erosion increases.
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Figure 5.9: Evolution of orogens front (solid line) and rear (dotted line) over 450 km of convergence for 01fc-SP-3D, where
the constant fc throughout but the erosion & sedimentation rates vary laterally. The y axis represents the x-coordinate
where the topography first (front - solid) or last (back - dotted) exceeds a height of 200 m. The blue lines represent the
evolution of the topography at z = 80 km where slow erosion and sedimentation rates (SSP) are applied and cyan is
measured at z = 220 km, where the fast erosion and sedimentation rates (FSP) are applied. SSP represents ve = 0.5 mm
yr'’ & vs=0.05 mm yr whilst FSP represents ve =1 mm yr’ & vs = 0.1 mm yr' . The model highlights a similar evolution to
the 2D models (Figure 5.4), with the topographic fronts diverging to form a salient (blue) and recess (grey) in the 3D
models. The outward propagation of the orogen front occurs at different amounts of convergence due to varying erosion
and sedimentation rates, resulting in periods where the fronts of both orogens are at a similar position (e.g. at ~375 km of
convergence).

133



Chapter 5

5.4. Discussion
5.4.1. Role of crustal strength on the formation of salients and recesses

We investigate the role of crustal strength by varying the friction coefficient and find
a decrease in wedge width and increase in thickness and topographic height with increasing
friction coefficient (Figure 5.5A). We find that while increasing the friction coefficient
increases the influence of the viscous rheology in the lower crust, it also results in an overall
increase in strength of the crust. This is due to the increase in strength through an increase
in the friction coefficient outweighs the decrease in strength caused by the decrease in the
depth of the brittle-ductile transition (Figure 5.1B). Our results are in agreement with other
lithospheric-scale models (Pusok and Kaus, 2015; Vogt et al., 2017b, 2017a; Willett, 1999b)
and fold-and-thrust belt models (Ruh et al., 2014, 2012) that also show an increase in crustal
strength leads to a decrease in wedge width and increase in thickness and topographic

height for the same amount of convergence.

The evolution of the orogen’s width and internal structure is similar in the 3D model
when the rheology in varied laterally (01fc-04fc-3D) and variations in rheology in the 2D
models (Figure 5.4A), implying the 2D models provide appropriate insights in to the
formation of salients and recesses in 3D when away from the contact between the different
crustal material. The 2D results suggest that as the difference in rock strength increases
laterally, the wedge width of the orogen increases. The difference in width is also dependent

on the amount of convergence, which increases with convergence (Figure 5.7).

However, close to the boundary in 01fc-04fc-3D, lateral flow is observed from the
strong to the weak side and from low to high topography (Figure 5.6B). The opposite occurs
in the erosion and sedimentation models, where flow is induced from high to low topography

(Figure 5.8B). This flow in 01fc-04fc-3D may be a result of the rheology, as the weaker
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material is easier to deform so material ‘escapes’ from the strong side to the weak side. This
may be due to the boundary operating as a strike-slip fault, where the strong side forms a
relatively stable front that does not move whilst the weak side migrates outwards, forming a
recess. This could result in lateral flow across the boundary from the strong to weak side as

space is created by this movement which induces flow.

Our models do not exhibit self-organisation as predicted for the Himalayan arc by
Weinberg (2016), with the distance between the fronts of the salients and recesses
increasing as the amount of convergence increases. The fact that our models did not reach
a steady state maximum distance between salient and recess may be because of the
relatively short total convergence or the quasi-2D nature of the models. It could also be a
result of the large differences in overall strength of the entire crust, with different deformation
mechanisms operating to accommodate convergence and different structures forming. In
the Himalayas at a large scale, major structures can be traced along the entire orogen
(Searle and Treloar, 2019), suggesting that the overall strength of the crust may be similar
across the orogen that may favour self-organisation. However, at local scale, the structures
can vary considerably (Matin and Mukul, 2020; Roberts et al., 2020), suggesting local
heterogeneities in crustal strength could be involved in the formation of salients and

recesses.

If the lithospheric strength is similar, a similar evolution occurs and internal structure
forms. This can be achieved through the dominant deformation mechanism. If difference
rock units have a similar friction coefficient along the orogen, which is expected from
laboratory experiments (Byerlee, 1978), but different viscous rheologies and plastic
deformation dominates due to high velocities or a low Moho temperature (Knight et al.,
2021), then a similar evolution is wedge width is expected. On the other hand, if lateral

variations in rock units have similar viscous rheology and different friction coefficients and
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viscous deformation dominates due to low velocities or a high Moho temperature (Knight et
al., 2021), again a similar evolution is wedge width is expected. This is due to the wedge
width being controlled by the strength of the crust, when the strength is similar then a similar

width would arise even in different units.
5.4.2. Surface processes on salients and recesses

Surface processes form salients and recesses by restricting the outward growth of
the wedge through erosion, as observed in the final topography in Figure 5.5B. The
restricted wedge width is due to surface processes redistributing material across the wedge,
with erosion removing material from topographic highs and sedimentation resulting in
deposition of material in topographic lows. The removal of material reduces the vertical
stress acting on the wedge, stopping the lateral growth of the wedge and the outward
propagation of deformation, instead surface processes prolong fault activity and increase
strain localisation along faults, with deformation concentrated at the centre of the orogenic
wedge, which is most notable in the plastic strain distribution (see Figure 5.3) (Avouac and
Burov, 1996; Dal Zilio et al., 2020; Ellis et al., 2001; Jammes and Huismans, 2012; Jaquet
et al., 2017; Piccolo et al., 2017; Selzer et al., 2007) and promotes exhumation of mid-
crustal material, observed in the distribution of crustal material (Figure 5.2, bottom row) (Dal

Zilio et al., 2020; Jammes and Huismans, 2012; Kaus et al., 2008).

Surface processes can influence the internal structure when erosion rates are similar
to uplift rates, as observed in Beaumont et al. (1996) and Willett (1999a). The rapid removal
of material restricts any outward growth of the wedge, concentrating deformation and
exhumation along a single back thrust. These studies demonstrate that surface processes

can have a first order influence on the internal structure if erosion rates are comparable to
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uplift rates. However, as the erosion rate in the models presented here is below the rate

required for this, this phenomenon is not observed.
5.4.3. Identifying the causes of salients and recesses in nature

The 3D model results demonstrate how the topography can be used to identify the
causes of salients and recesses in nature. When the salient and recess is rheological in
nature, a change in the overall topographic shape occurs, with the location of maximum
topography varying migrating in the same direction as convergence as the friction coefficient
increases (Figure 5.5A). In contrast, when there are lateral variations in erosion and
sedimentation rates, the topography is constant along strike, but the width of the orogen

changes (Figure 5.5B).

The Himalayan arc is consistent along strike at large scale and can be defined by a
small circle (Figure 5.10) (Bendick and Bilham, 2001), however at smaller scale, a sinuous
front is visible, forming salients and recesses (Macedo and Marshak, 1999; Mukul, 2010).
There are two types of recesses along the Himalayan front, they are either open to the
foreland (e.g. Gorubathan recess) or contain intermontane, longitudinal valleys or Duns (e.g.
Dehradun and Kangra recesses) (Mukul, 2010; Srivastava et al., 2017), implying different

processes result in the formation salients and recesses in the region.

Deviations in topographic height along the Himalayan front are used to identify the
locations of salients and recesses (Figure 5.10A), whilst the free-air gravity anomaly (Figure
5.10B) has previously been used to identify areas of different crustal strength due to areas
of high strength able to support large crustal thicknesses (Koulakov et al., 2015). The
salients and recesses identified in the Himalayas are in the order of ~50 km in width along

the front of the orogen. Areas of thicker crust are identified by higher topography and higher
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free-air gravity anomaly and correlate these areas to areas of higher crustal strength, which

is required to support thicker crust (Koulakov et al., 2015).

The topography shows two clear recesses between 80 and 90 °E, however these
recesses show very different features in both the topography and free-air gravity anomalies.
R1, located at 84 °E and 28 °N shows multiple intermontane, longitudinal valleys in the
topography that converge at the recess. The topography is consistent along R1, with a small
gap due to a longitudinal valley that originate from deep within the orogen. The recess shows
lower, negative free-air gravity anomalies values compared with the surrounding area, with
the negative values correlating with the with the intermontane, longitudinal valleys. These
distinctive features in the topography and free-air gravity anomalies suggest that the
formation of R1 is due to focused erosion in the region. Another area of focused erosion,
visible due to intermontane valleys, can be seen within the region of S2. However, the free-
air gravity anomalies in S2 are not as low or as extensive compared to R1, suggesting that

for recesses to form, similar to R1, high amounts of erosion must occur.

In contrast to R1, R2 shows different features in the topography and free-air gravity
anomalies. R2 is flanked by erosional channels and longitudinal valleys, however the area
behind R2 shows a lack of erosional processes operating the region, suggesting R2 is
harder to erode than the surrounding area, with the topography also showing a change in
topographic height across R2. The free-air gravity anomalies close to R2 are positive,
suggesting that the crust is strong in that region. These features of R2 suggest that the

region is of due to rheological heterogeneities rather than lateral variations in erosion rates.
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Figure 5.10: A) Topography from EarthEnv-DEM90 (Robinson et al., 2014) and B) free air gravity anomalies from
WGM2012 (Balmino et al., 2012) of the Himalayan arc between 85 and 92 °E, along with the small circle arc from Bendick
and Bilham (2001) that is centred at 92.6 °E, 42.4 °N with a radius of 1696 km. Two salients (S1 & S2) and recesses (R1
& R2) are marked along the orogen front but show very different topographic and free-air gravity anomaly features. The
black lines represent country boundaries.

The position of R2 (Figure 5.10) marks the Gorubathan recess, with the mountain
front receding to the north by ~11 km compared with the Dharan salient (S2) (Mukul, 2010;
Srivastava et al., 2017), with the boundary between the two defined by the Gish Transverse
Fault (GTF) (Mukul, 2010). As well as the wedge width varying across the Dharan salient
and Gorubathan recess, the structures also vary significantly. Differences in structure
include a thicker, better developed Munsiari thrust (MT) in the Dharan salient compared to

the Gorubathan recess, as well as kilometre-scale folding observed in the Gorubathan

139



Chapter 5

recess not observed in the Dharan salient (Matin and Mukul, 2020). Further evidence
supporting variations in rheology between the Dharan salient and Gorubathan recess is
observed in the transport direction on the Main Central Thrust Zone (MCTZ). Structural
mapping and microstructural analysis around the Darjeeling-Sikkim section of the MCTZ
showed a curved movement of flow, with parts of flow recording movement towards the
recess and then curving around to movement away from the recess between 20 and 9 Ma
and was attributed to rheological heterogeneities in the crust (Roberts et al., 2020). This is
similar to the lateral flow observed in Figure 5.6B, which also shows a curved flow from the
recess to the salient which then curves back towards the recess at a depth of ~4 km (Figure
5.6B). The differences in structure and flow direction across the Dharan salient and
Gorubathan recess, along with a lack of large erosional features observed in the topography
of the Gorubathan recess, suggest the recess is caused by lateral variations in rock strength.
These features also highlight the local variations along the length of the Himalayan arc that

cannot be identified at large scales.

The analysis of drainage patterns across salients and recesses in the Himalayas
highlights the feedback between rock strength and surface processes, demonstrating that
the formation of salients and recesses in nature is more complex, Erosion rates, measured
in a coastal setting over a period of years to centuries, varies based on the lithology, with
orders of erosion rates generally of the order of 1073 m yr for granitic rocks, 102 to 1072 m
yr'! for limestone and 10° to 10" m yr' for Quaternary sediments (Tsuguo, 1983). These
erosion rates are enhanced by the presence of discontinuities in the rocks, such as cracks,
cleavages, joints, faults, and bedding planes, which can be due to the lithology or tectonic
in origin, and the strength of rocks can also be further reduced due to weathering
(Sunamura, 2005). These erosion rates highlight the feedback between rock type, which

also relates to the rheology, and erosion, highlighting that both processes most likely occur
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at the same time. However, in these situations where both the rheology and erosion rates
vary laterally, rheology is most likely the dominant factor as lateral variations in strength are
in the order of ~107 Pa (Burov, 2011), which is higher than the fluvial shear stress (Liu et al.,

2020) that results in erosion and transport of material along river channels (~10? Pa).
5.4.4. Model limitations

The models utilised in this study are simple versions of nature’s complexities, used
to investigate the causes of salients and recesses. For the rheological models, we assume
a homogenous crust, with the lateral heterogeneity occurring along a straight boundary.
Rigids present in the Indian crust have been inferred to represent variations in rheology
oblique to the orogen front (Godin et al., 2019; Godin and Harris, 2014) that are thought to
result in the formation of some of the salients and recesses along the Himalayan front, whilst
other heterogeneities occur within the crust throughout the orogen. Another simplification is
the use of a constant velocity condition to represent sedimentation and erosion rates.
Erosion rates have previously been recorded to scale with topography, with erosion rates
highest at highest elevations, with a non-linear relationship between topographic height and
erosion rates (Montgomery and Brandon, 2002). Erosion rates in nature combine a range of
complex processes that results in variations in topography, which is seen in Figure 5.10.
Future models could include these complex processes by incorporating surface process
modelling by utilising the Badlands software (Salles, 2016) that can be incorporated along
with geodynamic modelling in Underworld2. However, our models provide insights into the
role of rheology and surface processes on the formation of salients and recesses and

provides a basis for future work that incorporate detailed surface processes.
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5.5. Conclusions

We used both 2D and 3D numerical models with a viscoplastic rheology to investigate
the role of rheology and surface processes on the formation of salients and recesses. The

main results can be summarized as follows:

1. Increasing friction coefficient results in an increase in the overall strength of the crust,
but also decreases the depth of the brittle-ductile transition, increasing the thickness
of the viscous lower crust. This results in a change in structural style, with high
amounts of strain and crustal stacking favoured at a low friction coefficient, with
viscous flow and folding of the crust favoured at a high friction coefficient. As the

strength of the crust increases, the wedge width decreases.

2. Erosion and sedimentation do not alter the overall structural style of the wedge,
which is determined by the friction coefficient. However, erosion does promote the
exhumation of crust at the centre of the wedge, reduces the distance between shear
zones and restricts the widening of the wedge by reducing the gravitational load

acting on the wedge.

3. The cause of the salients and recesses can be identified from the topography. Lateral
variations in rheology result in a discontinuous topographic peak along the orogen,

whilst surface processes produce a continuous topographic peak along the orogen.

4. In nature, additional topographic features (e.g. drainage networks) can be used to
aid in determining the cause of salients and recesses. However, this highlights the
feedback between rheology and erosion, with lower strength rocks more susceptible

to erosion.

5. Additional data, such as structural mapping or free-air gravity anomalies, can also

be used to deduce the causes of salients and recesses in nature.
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Chapter 6

Abstract

The collision of India and Eurasia has resulted in a range of structures divided across two
main regions, the Himalayan fold and thrust belt and the Tibetan Plateau. Although these
regions are well studied, previous numerical models have mainly focused on utilising a
constant convergence velocity to investigate the processes forming either the Himalayan
fold and thrust belt or the Tibetan plateau independently. In this study, we investigate either
a constant or decreasing convergence velocity, comparable to the decreasing velocity
observed between India and Asia, to investigate role of the convergence history on the long-
term structural evolution of orogens. The constant velocity models replicate some structures
observed in the both the Himalayas and Tibet, however the fast to slow model replicates
most of the structures observed in the region. The timing and duration of processes
operating in the model matched those observed in the region, producing similar structures.
A switch from the high convergence velocity phases, dominated by deep burial, localised
exhumation and crustal under thrusting, to slow convergence velocity phases, characterised
by the cooling of the orogens interior and formation of a fold-and-thrust belt at the front of
the orogen, is observed. These results highlight that the convergence history and thermal
evolution are critical to the creation of the Himalayan fold-and-thrust belt and Tibetan

plateau.

150



Chapter 6

6.1. Introduction

Since collision of India and Asia ~50 Ma (Molnar and Tapponnier, 1975; Patriat and
Achache, 1984; Zahirovic et al., 2012), ~2,600 + 900 km of convergence has been
accommodated within a broad collisional zone, resulting in the unique structures observed
in the Himalayan mountain chain and the Tibetan Plateau (DeCelles et al., 2002; Guillot et
al., 2003; Halim et al., 1998; Molnar and Tapponnier, 1975; Patriat and Achache, 1984).
How deformation has been partitioned between the two regions and the different processes

operating throughout the structural evolution of the orogen remains debated.

At the front of the orogen is the Himalayan fold-and-thrust belt (H-FAT) that has a
remarkably consistent structure along the entire length of the orogen (Figure 6.1A)
(DeCelles et al., 2002). The development of the H-FAT belt is well constrained, with active
faulting younging from North to South (DeCelles et al., 2001; Goscombe et al., 2018).
However, different processes have been suggested to accommodate convergence in the H-
FAT belt, derived from the structures. These processes include: (1) the subduction of parts
of or (2) the entire Indian crust (Capitanio et al., 2010) (3) that results in the ecoligitization
of mafic lower crust (Pichon et al., 1992; Spain and Hirn, 1997), chronicled by the presence
of (ultra-)high-pressure eclogite facies observed in the Kaghan region, north Pakistan, and
in the Tso Morari complex, NW India, which underwent eclogitization between 47 and 43
Ma (Goscombe et al., 2018; Searle, 2015). Convergence has also previously been
suggested to be accommodated by (4) the thrusting of Indian crust into the orogen (Avouac,
2007; Gao et al., 2016; Kohn, 2014) or (5) by return channel flow (Nelson et al., 1996; Searle,
2015), which may be driven by focused erosion at the surface (Beaumont et al., 2004, 2001).
Thrusting of Indian crust is recorded in the deformation of the Lesser Himalaya Sequence
(LHS), with shear zones that decrease in age to the south, with thrusting occurring on the

Main Central Thrust (MCT) ~23 Ma (DeCelles et al., 2002, 2001), whilst convergence is
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currently being accommodated along the Main Boundary Thrust (MBT) at the front of the
orogen. Channel flow is recorded by the presence of the Greater Himalayan Crystalline
Sequence (GHCS) above the MCT and South Tibetan Detachment (STD), with Monazite
U-Pb ages on the emplacement of the GHCS varying between 14 to 32 Ma depending on

the location (Godin et al., 2006; Goscombe et al., 2018).

A) Initial uplift forming proto plateau
1YSZ

50 - 40 Ma

40 - 20 Ma

Growth of Himalayan FAT

o

15

= Vconv
=== Vtrench

m— Vplate

Convergence velocity [cm yr=1]

50 40 30 20 10 0
Time [Ma]

Figure 6.1: A) Schematic evolution of the Himalayas and Tibet, highlighting the formation of key structures at different
times, based on various previous schematic diagrams of the evolution of the major structures (e.g. Elliott et al., 2016;
Herman et al., 2010; Nelson et al., 1996; Searle, 2015; Streule et al., 2010). IYSZ — Indus Yarlung Suture Zone, NHD —
Northern Himalayan Domes, MHT — Main Himalayan Thrust, STD — South Tibetan Detachment, MCT — Main Central
Thrust, MBT — Main Boundary Thrust, MFT — Main Frontal Thrust, LHS — Lesser Himalayan Sequence, TSS — Tethyan
Sedimentary Sequence, GHCS — Greater Himalayan Crystalline Sequence. B) Evolution of convergence, trench and plate
velocity, modified from Capitanio et al. (2010). The convergence velocity (Vconv) is the sum of the plate velocity (Vpiate) and
trench velocity (Virench)-
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To the North of the H-FAT belt is the Tibetan Plateau (TP) which has concurrently
grown with the H-FAT belt through several proposed mechanisms: (1) under-thrusting of
Indian crust and lithosphere beneath Asia (Argand, 1922; DeCelles et al., 2002; Powell,
1986), (2) viscous mid- or lower-crust flow, with minimal crust thickening (Clark et al., 2005a;
Clark and Royden, 2000; Cook and Royden, 2008; Royden, 1997), with the presence of a
viscous mid-crust observed in geophysical datasets (Nelson et al., 1996). (3) Rigid terrane
block accretion and thickening during the subduction of Asian lithosphere (Kelly et al., 2019,
2016; Tapponnier et al., 2001, 1982; Willett and Beaumont, 1994), or through (4)
homogenous, regional-scale thickening, due to the continuous Indian indentation or due to
lithosphere delamination and recycling (England and Houseman, 1986; Molnar et al.,
1993a), which may have occurred as late as ~9 Ma based on multiple observations from the

region (Molnar et al., 1993b).

The different structures (Figure 6.1A) observed in the H-FAT belt, their age and
relation to the Asian lithosphere beneath the TP suggest the processes accommodating
convergence in the region has changed over time. Additionally, the convergence velocity
and where the velocity is accommodated (e.g. trench retreat, within the FAT belt), has
rearranged over time (Figure 6.1B) (Capitanio et al., 2010; Guillot et al., 2003). The
convergence velocity may have continually decreased since collision ~50 Ma (Molnar and
Stock, 2009) or may have decreased until reaching a constant velocity of ~5 cm yr' 20 Ma
(Zahirovic et al., 2012), with a constant rate of shortening suggested for the Himalayan FAT
belt since ~40 Ma (Guillot et al., 2003). Although each process can explain a unique
structure in the region, a combination of processes, that occur at different times throughout
the evolution of the orogen, are required to reconcile the diversity of structures observed
within the Himalayan orogen and Tibetan Plateau within the broader context of the India-

Asia convergence.
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Previous numerical models have investigated the origin of plateaus, with application
to Tibet (Capitanio, 2020; Capitanio et al., 2015; Chen et al., 2020, 2017; Clark et al., 20053,
2005b; Cook and Royden, 2008; Kelly et al., 2019; Pusok and Kaus, 2015) whilst others
numerical models have focused on orogenic wedges or fold-and-thrust belts, with
application to the Himalayas (e.g. Beaumont et al., 2004, 2001; Burg and Schmalholz, 2008;
Cattin and Avouac, 2000; Dal Zilio et al., 2020, 2019; Faccenda et al., 2009, 2008; Piccolo
et al., 2017). To date, our understanding of the combined orogen-plateau formation remains
relatively unexplored (Chen et al., 2020, 2017; Kelly et al., 2019, 2016) and how the
structures observed in the H-FAT belt and TP are linked to the decreasing convergence

velocity throughout the Cenozoic remains unknown.

In this study, a two-dimensional thermo-mechanical numerical model is used to test
the role of long-term convergence on the structural evolution of the orogeny and compare
model results with the structural evolution of the H-FAT belt and TP (Figure 6.1A). A
decreasing convergence velocity is used as a boundary condition to show how the
convergence velocity controls the long-term structuring of the orogen-plateau margin and its
lithospheric evolution. The use of temperature-dependent visco-plastic crust atop a
subducting lithosphere includes both stress and strain rate-dependent rheology to include
the dependency on the convergence velocity and temperature on the overall strength of the
crust. A comparison of the models with the Indo-Asian margin shows that deceleration of
the Indian plate over the Cenozoic is key to the emergence of the main thermo-tectonics of
the region, including the Indian crust under-thrusting Tibetan crust to form a plateau, the
emplacement of Greater Himalayan Crystalline Sequence through channel flow at high
convergence velocity and the emplacement of the Northern Himalayan Domes during
exhumation of lower crustal material, followed by the formation of the Himalayan fold-and-

thrust belt due to the decrease in convergence velocity that results in the thermal re-
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equilibration of the orogen and stabilisation of the thermally-controlled brittle-ductile

transition depth.
6.2. Methods

Collision of continental crust is modelled as a viscous fluid with an infinite Prandtl
number and a low Reynolds number. The conservation of mass, momentum and energy
equations are solved for an incompressible, visco-plastic fluid through the extended
Boussinesq approximation in a 2D Cartesian box using the finite element, particle-in-cell
(PIC) code Underworld2 (Beucher et al., 2019; Moresi et al., 2007, 2003). Underworld2
allows the tracking of distinct materials and their properties through Lagrangian particles

within a Eulerian finite element grid. The full methods utilised are outlined in Chapter 2.
6.2.1. Rheology

Viscous deformation in the model is included through the constitutive equation for

dislocation and diffusion creep:

1 1 1-n (E+PV) (6.1)

Naistdiff = XEA_HéIITe nRTr

where y is the strength factor, n is the viscosity, A is the pre-exponential factor, n is the
stress exponent, E is the activation energy, P the pressure, VV the activation volume, R the
gas constant, T, is the temperature at a given position and &;; is the second invariant of

strain rate. All the parameters for the viscous rheology are presented in Table 3.1.

Plasticity is implemented in the model through a depth-dependent von-Mises yielding

criterion (Spiegelman et al., 2016):

7, =Ccos@ + Psing (6.2.1)
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. _ Yy
P 2é

(6.2.2)

where 7, is the yield stress, C is the cohesion at the surface, ¢ is the internal friction angle,

where sin ¢ is equivalent to the friction coefficient (f.) and P is the lithostatic pressure.

Table 6.1: Initial material properties used for the viscoplastic rheology. p is the density at the surface. A is the pre-
exponential factor, n, is the stress exponent, E is the activation energy, f. is the friction coefficient, C is the cohesion at the
surface and a is the coefficient of thermal expansion.

Material Sediment CrustA & Crust C Mantle Weak Zone
B

Rheology Quartzite? Quartzite? Diabase? Olivine? Wet Olivine®
Deformation | Dislocation Dislocation Dislocation Dislocation Diffusion Dislocation Diffusion
mechanism
Strength 0.5 1 1 1 1 1 1
factor (y)
A (MPa™ s 6.7x107 6.7x107 2.0x10* 1.1x105 1.5x10° 1.6x103 2.5%107
)
n 2.4 2.4 3.4 3.5 1.0 3.5 1.0
E (J mol") 1.56x10° 1.56x10° 2.60x10° 5.30%10° 3.75x10° 5.20%10° 3.75x10°
V(mimol') | 0 0 0 6.0x10° 6.0x10° 2.3x10% 1.0x10°
C,Cw (MPa) | 10,1 10, 1 10, 1 10 10, 1
fe, fow 0.3,0.15 0.3,0.15 0.3,0.15 0.6 0.1, 0.05
po (kg m3) Varied, see | 2,300 2,800 3,300 3,300

Table 2

a(Ranalli, 1995) °(Hirth and Kohlstedt, 2003).
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Both the cohesion (C) and internal friction angle (¢) are linearly reduced (C,,, ¢.,)
between 0.5 (&,,in) and 1.5 (&,,4,) @s plastic strain (¢) accumulates due to yielding of the

crust:

C ifS < Emin (63)
(C - Cw) ,
C=<C+ (8'——8)(8 — Emin)» if €min < € < Emax
min max
CW' ifS = Emax
% if&‘ < Emin (64)
(¢ — ow) :
=t o o) & ) Emin < £ < s
min max

(pW' lf € 2 gmax

The effective viscosity (n) for the visco-plastic rheology is then determined through the

minimum viscosity of each deformation mechanism:
Nerust = min(np; T]disl) (65)

Nmantle = min(nprndisl' T]diff) (66)

The model neglects the role of elasticity as a visco-plastic rheology adequately
encapsulates the long-term stress distribution (Kaus et al., 2008; Vogt et al., 2017). Our
models also neglect diffusion creep in the crust as plastic deformation is the principal
deformation mechanism at low temperatures and high strain rates and dislocation creep is

dominant at increasing temperatures and high strain rates.
6.2.2. Surface processes

To investigate the role of surface processes, a linear diffusive surface is included in
certain models. The surface is tracked using passive tracers along the boundary between

the crust and sticky air. The passive tracers are advected along with the particles within the
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model before being interpolated back to the original x coordinate (2D). Surface processes

are modelled assuming the short-range transport of material as a linear flux (gs) which is

proportional to the surface slope (%) and diffusive rate (D) (Avouac, 1993; Culling, 1960):

dh
R (6.7)

The diffusive rate (D) is expressed as a unit area over unit time (m? yr), that determines the
amount of erosion and sedimentation taking place at the surface, whilst % represents the
slope. In 2D models the surface is represented as a line (1D), which reduces the change in

surface height over time (%) to:

dh _ dgs (6.8)
dt  dx

As the surface diffuses, new material is embedded beneath the diffused surface as sediment
that was previously sticky air, while crust or sediment material above the diffused surface is

removed and re-assigned as sticky air.
6.2.3. Model setup

The 2D model is designed to simulate continental collision (Figure 6.2A). The model
has a length (x) of 1792 km and a height (y) of 224 km. The grid is uniformly spaced at 512
x 64 nodes, producing a grid resolution of 3.5 km, with 30 particles per cell to track material
properties. Timesteps are determined by using (half of) the Courant—Friedrichs—Lewy (CFL)
condition. A cell width of 3.5 km results in timesteps of 87,500 years for a convergence
velocity of 2 cm yr' and 17,500 years at a convergence velocity of 10 cm yr'. In the fast to

slow models, the timestep duration increases as the convergence velocity decreases.
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Figure 6.2: A) Model setup. The convergence velocity is applied to the left boundary, the top boundary is free slip, the right
boundary no slip and the bottom boundary is unconstrained. The left, top and right boundaries have zero heat flux, whilst
the temperature of the bottom boundary is unconstrained. The black box marks the area that is plotted in subsequent
figures. LM = lithospheric mantle. B) Strength and temperature profile displaying the difference in strength between crust
A/B (quartzite) and C (diabase). C) Total convergence against time to show how each model reaches 2000 km of
convergence over the duration of the model: CV10 — fast model (10 cm yr') for 20 Myr, CV2 — slow model (2 cm yr—) for
100 Myr, DV'10-2 — decreasing velocity model (10 to 2 cm yr—) over 50 Myr.

The viscous rheology of the crust varies, with a quartzite rheology used for crust A
and B, while a diabase rheology is used for crust C (Table 3.1) to represent a rigid block
analogous to the rigid Tarim Basin to the NW of the Tibetan Plateau. The friction coefficient
is kept constant for the different crustal blocks (fc = 0.3, Table 3.1). A 45° dipping weak zone
within the mantle lithosphere (x = 650 km) is included within the lithosphere, representing a
pre-existing suture (Vogt et al., 2017). The weak zone has a wet olivine rheology and low
friction coefficient (0.1), whilst the surrounding lithospheric mantle (LM) has a dry olivine
rheology and high friction coefficient (0.6) (Table 3.1). The pre-existing weakness is included

within the lithospheric mantle to introduce a rheological heterogeneity that facilitates
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lithospheric subduction and localises deformation in the crust above (Burg and Gerya, 2005;

Vogt et al., 2017; Willingshofer et al., 2013).

A constant temperature (T = 0 °C) is applied to the top boundary, with no heat flux
across the side walls. The initial internal temperature distribution follows a geothermal
gradient of 25 °C km" for the first 10 km and then 12 °C km-" until a temperature of 1300 °C
is reached at the lithosphere-asthenosphere boundary (LAB) at a depth of 97.5 km. We
neglect adiabatic gradients and keep the underlying mantle at 1300 °C. The temperature is
unconstrained on the bottom boundary to allow the temperature to evolve freely as the

lithosphere subducts.

The model uses a no-slip condition on the right (vx, vy = 0) boundary and a free-slip
condition on the top (vy = 0) boundary. The bottom boundary is unconstrained, allowing for
inflow and outflow of material, implying the model overlies an infinite half-space with an
inviscid fluid (Gerya, 2009). The convergence velocity is applied on the left side wall across
the crust and mantle lithosphere. Below the lithosphere (y < - 97.5 km), the velocity linearly
decreases from the convergence velocity at base of the lithosphere to zero at the bottom of
the left wall. Above the crust, an inflow/outflow is prescribed across the sticky air layer (y >

0 km) to allow topography to develop.

The role of the convergence history is illustrated by comparison with models run at
constant velocity. Convergence velocity across the crust and mantle is either constant
throughout the model (2 or 10 cm yr'), or decreases over time (10 to 2 cm yr') to simulate
2000 km of convergence (Figure 6.2C), similar to the total amount of convergence between
India and Asia since collision ~50 Ma (Guillot et al., 2003; Halim et al., 1998; Molnar and
Tapponnier, 1975). The convergence velocity imposed aims to reproduce forces that are
self-consistently generated by multiple driving forces, e.g. plume push, double subduction

(Pusok and Stegman, 2020), which are not included in this high-resolution model.
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6.3. Results

In this section we outline the main outcomes of 3 reference models that do not include
internal heating or surface processes and have a reference crustal density (o) of 2800 kg
m3. We also summarise the role of internal heating (9 additional models), surface process
(6 additional models) and crustal density (6 additional models) on the final structure of the
orogen for each convergence velocity tested, with a total of 24 models investigated (Table

6.2).

Table 6.2: Model name, total time, velocity condition and additional processes.

Model name Total Velocity condition Surface Internal Crustal density
model femyr] diffusivity | heating rate (o)
time [Myr] (D) (Hx) kg m¥]

[m?yr'] | [uW m¥]

CV10 20 10 0 0 2800

CV10_p2900 20 10 0 0 2900

CV10_p2700 20 10 0 0 2700

CV10_D150 20 10 150 0 2800

CV10_D300 20 10 300 0 2800

CV10_0.5H;, 20 10 0 0.5 2800

CV10_1H; 20 10 0 1 2800

CV10_2.25H, 20 10 0 2.25 2800

Ccv2 100 2 0 0 2800

CV2_p2900 100 2 0 0 2900
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CV2_p2700 100 2 0 0 2700
CVv2_D150 100 2 150 0 2800
CVv2_D300 100 2 300 0 2800
CV2_0.5H, 100 2 0 0.5 2800
CV2_1H, 100 2 0 1 2800
CV2_2.25H;, 100 2 0 2.25 2800
DV10-2 50 10to 2 0 0 2800
DV10-2_p2900 50 10to 2 0 0 2900
DV10-2_p2700 50 10to 2 0 0 2700
DV10-2_D150 50 10to 2 150 0 2800
DV10-2_D300 50 10to 2 300 0 2800
DV10-2_0.5H, 50 10to 2 0 0.5 2800
DV10-2_1H, 50 10to 2 0 1 2800
DV10-2_2.25H;, 50 10to 2 0 2.25 2800
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6.3.1. Constant convergence velocity models

6.3.1.1. Fast Convergence model - CV10
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Figure 6.3: Evolution of material and passive tracers in CV10, with material plots also including temperature contours,
velocity vectors and passive tracers. Boxes above material plots highlight the horizontal strain rate ("1xx) and vertical
velocity (vy) at y = -15 km. Boxes to the right of the material show the pressure-temperature paths of the passive tracers.
A) Phase 1 — formation of initial wedge above weak zone. B) Phase 2 — migration toward the back wall and lengthening of
the orogen and Phase 4 - where underthrusting of crust A below crust B occurs and return flow forms at the front of the
orogen. C & D) Phase 3 — doming of the crust and exhumation of deep crustal material. E) Topography at the same
intervals presented in A-D. The topography shows the different stages, with topography narrow in phase 1 before widening

and forming a plateau in phase 2 and 3. During phase 4, the orogen continues to widen, with a sharp topographic gradient
at the front of the orogen.
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The evolution of CV10 (Figure 6.3) is dictated by the constant high convergence
velocity (10 cm yr'), and is divided into 4 phases, which are defined by changes in

processes accommodating convergence that results in new structures forming.

Phase 1 (0 — 4 Myr) is defined by the formation of an orogenic wedge above the pre-
existing weak zone located within the lithospheric mantle (Figure 6.5A). During this phase,
the crust mainly thickens to form a proto-wedge, with deformation primarily concentrated
within crust A. During phase 1, the horizontal strain rates and vertical velocity are low as
deformation occurs over a wide area as the initial wedge forms (Figure 6.3A). After ~5 Myr
the wedge reaches a critical thickness, changing the way convergence is accommodated,

with the orogen moving to a phase of lateral growth to accommodate convergence.

Phase 2 (5 — 10 Myr) is characterised by the transition from vertical to lateral
growth of the orogen due to the underthrusting of crust A below crust B and the continuous
subduction of cold crust to a depth of ~150 km. During this phase, crust A underthrusts ~250
km beneath crust B (Figure 6.3B) and undergoes heavy shearing while thickening
progressively, reaching a thickness of up to ~50 km below crust B. During this phase, the
orogen migrates backwards toward the back wall, resulting in the widening of the elevated
topography, forming a wide plateau (Figure 6.3E). Lateral migration stops at ~10.5 Myr,

hindered by the rigid crust C which is close to the right-side wall (Figure 6.3B).

Phase 3 (10 — 16 Myr) begins as return flow develops at the front of the orogen after
~10 Myr, due to the burial and exhumation of crust A. Phase 3 is recorded by the vertical
velocity and horizontal strain rates, which shows localised deformation concentrated at the
front of the orogen due to return flow. The region of return flow at the front of the orogen
displays decreasing negative vertical velocity (burial) from the front of the wedge, then at
the centre the vertical velocity changes to positive, representing exhumation (Figure 6.3B).

The vertical velocity and horizontal strain rate distribution in the burial region is indicative of
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shearing-induced flow (Couette flow) over a wide area whilst the vertical velocity pattern in
the exhumation region is indicative of pressure-induced flow (Poiseuille flow) over a narrow
area, with Figure 6.3B showing the burial of cold material at the front of the wedge and

exhumation of hot material.

The burial and exhumation cycles due to return flow are recorded in the passive
tracers. These particles experience changes in pressure that exceed 2 GPa and a
temperature range of over 500 °C. Passive tracer 0 appears to record isothermal burial at
low temperatures that then undergoes heating before undergoing isothermal exhumation at

high temperatures across phases 2 to 4.

The start of Phase 4 is marked by the flattening of the subducting mantle lithosphere
at 16 Myr (Figure 6.3C-D), with the change in subducting angle altering the stress and,
consequently, the structures at the front of the orogen. The change in subduction angle of
the lithosphere dilates the region of high stress at the front of the wedge, resulting in the
exhumation of hot and buoyant crustal material from near the Moho in the interior of the
orogen and the emplacement of highly deformed crust (Figure 6.3D) over a wide area. The
broadening of the exhumation region is observed in the vertical velocity, which we interpret
as different processes operating compared to phase 3. The topography at the end of the
model in Figure 6.3E shows the development of a very sharp topographic gradient at the

front of the orogen after 19.8 Myr.

At depth, the long-term subduction progressively removes LM B from beneath the
plateau, by delamination/thermal erosion, and replace it with crust A. Due to the fast
convergence velocity, crust A is rigidly underthrusted beneath the plateau, while above crust
A also heats up and flows in large volumes to the surface. Interestingly, by Phase 4, LM B

is completely removed and the deep crust beneath crust B undergoes heating due to closer
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contact with the asthenosphere. This is illustrated in the localised isotherm resurgence and

the crustal melting plume, beneath the plateau (Figure 6.3C-D).

6.3.1.2. Slow Convergence model — CV2
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Figure 6.4: Evolution of material and passive tracers in CV2, with material plots also including temperature contours,
velocity vectors and passive tracers. Boxes above material plots highlight the horizontal strain rate (sx) and vertical velocity
(vy) at y = -15 km. Boxes to the right of the material show the pressure-temperature paths of the passive tracers. A) — D)
highlight that the orogen migrates backward throughout and primarily accommodates convergence through thickening and
folding of the crust. E) Topography at the same intervals presented in A-D, with the topographic height continuously
increasing and migrating backward throughout the evolution of the model. A large decrease in length and increase in
crustal thickness is observed between 56 and 81 Myr, concentrated in Crust B which undergoes intense shortening forming
tight folds.
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CV2 shares the same initial configuration and constitutive laws of CV10 (Figure 6.3)
but the structural evolution of CV2 (Figure 6.4) is very different, highlighting the role of

convergence velocity on the structural evolution of orogens.

During the evolution of CV2, the lithospheric mantle maintains a relatively stable dip
angle throughout as the force balance between the imposed convergence velocity and slab
pull remain proportionate. This results in the vertical velocity and horizontal strain rates,
recorded at a depth of 15 km, remaining relatively stable throughout. This stability is also
recorded by the evolution of the passive tracers, where the pressure and temperature
remain relatively constant due to static passive tracers as the orogen is in a quasi-steady
state throughout. In CV2, convergence is primarily accommodated through buckling, folding,
and thickening of the crust. Due to 100 Myr of convergence at 2 cm yr' to reach 2000 km
of shortening in CV2, thermal diffusion, rather than advection, as observed in CV10 model,
controls the evolution, favouring the establishment of rather uniform geothermal gradients

throughout the orogen (Figure 6.4A-D).

Phase 1 begins with large-scale crustal folding above the weak zone at the plate
margin, with a minimal increase in crustal thickness or topography. After 10 Myr of
convergence, crust A progressively detaches from the subducting lithosphere and the
suture, migrating towards the back wall (Figure 6.4A), forming low-relief topography over a

wide area (Figure 6.4E).

Phase 2 begins around ~50 Myr, after the orogen has migrated and thickened close
to the rigid backstop, resulting in crust B undergoing folding as it is squeezed between crust
A and crust C. At 56 Myr, the deformation style is still characterised by folding, forming large
wavelength folds in crust B (Figure 6.4B). After 56 Myr the topography reaches a height of

5 km over a length of ~500 km (Figure 6.4E). As convergence is ongoing, the crust continues
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to thicken as the orogen is restricted between the subducting lithosphere on the left and rigid

crust C on the right.

After 81 Myr, most of the convergence is accommodated in crust B, which has been
shortened from 700 km to 100 km, mainly through increasing in thickness, reaching a
thickness of ~100 km (Figure 6.4C), while no underthrusting of the crust A below crust B is
observed. This is reflected in the topography, which has grown to a height of ~10 km over a
length of ~500 km (Figure 6.4E). During this time, minor deformation occurs at the front of
the orogen in crust A through folding. The continued shortening in DV2 results in steep
gradients in topography and crustal thickness developing at both the front and back of the

orogen in Figure 6.4E.

Towards the end of CV2, between 81 and 100 Myr (Figure 6.4D), deformation is
mainly located in crust A along shear zones that develop, whilst minor advection of crust
near to the front of the orogen also occurs. Crust A also begins to underthrust below crust
B, with crust A extending 50 km into crust B below the suture zone at the surface. The slow
velocity results in cold geotherms compared to CV10 due to thermal diffusion. The orogen
reaches a length of ~500 km with the crust thickening to ~100 km and the topography

increasing to ~15 km in the interior of the orogen (Figure 6.4E) after 100 Myr.

Throughout the evolution of CV2, the subducting lithosphere maintains a relatively
stable dip angle at depth, while LM B, beneath the plateau, is partially removed by thermal
erosion. The slow convergence velocity allows the crust and lithospheric mantle to cool due
to diffusion and stops the advection of material, with the root of the plateau cold enough to
stop crustal flow. Consequently, no return flow or underthrusting occurs along with negligible

exhumation in CV2.
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6.3.2. Fast-to-slow convergence

6.3.2.1. DV10-2 (10 — 2 cm yr")
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Figure 6.5: Evolution of material and passive tracers in DV10-2, with material plots also including temperature contours,
velocity vectors and passive tracers. Boxes above material plots highlight the horizontal strain rate (sx) and vertical velocity
(vy) aty =-15 km. Boxes to the right of the material show the pressure-temperature paths of the passive tracers. A) Phase
1 — formation of initial wedge above weak zone. B) Phase 2 — migration toward the back wall and lengthening of the orogen
& Phase 3 - with underthrusting of crust A below crust B and return flow at the front of the orogen. C) Phase 4 - flattening
of the slab, large exhumation event and relaxing of the isotherms. D) Phase 5 — FAT belt development at the front of the
orogen. E) Topography at the same intervals presented in A-D. The topography shows the different stages, with phase 1
(5 Myr) very narrow before widening and forming a plateau in phase 2 and 3 (15 Myr). During phase 4 (35 Myr), the orogen
lengthens slightly, before extending mainly at the front during FAT development in phase 5 (60 Myr).
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The structural evolution of DV10-2 (Figure 6.5) is controlled by the decreasing
convergence velocity. Unlike the previous models, which are under a constant convergence
velocity and develop consistent structures, DV10-2 develops structures associated with
transient processes associated with the velocity at the time, which allows the structures to
be used to deduce the convergence history. The overall evolution is characterised by 1)
tectonic structures that become unstable under the decreasing convergence rate, and 2)
new features that emerge due to the thermal re-equilibration of the wedge. This is due to
advection controlling the structural evolution at high velocity, whilst diffusion controls the

structures that form at low velocities.

Phase 1 (0 — 5 Myr) is characterised by the initially high convergence velocity (10 cm
yr'), with an orogenic wedge forming above the initial weak zone located within the
lithospheric mantle after 5 Myr (Figure 6.5A). The initial structure and deformation during
phase 1in DV10-2 is comparable to CV10 as the two models have the same initial conditions

including the same convergence velocity.

At the end of phase 1, a critical wedge thickness is reached and the orogen begins
to migrate toward the back-wall at the start of phase 2, with the orogen growing laterally to
accommodate convergence after 5 Myr. This is observed in the topography, with the
topographic height increasing and topography occurring over a much wider area after 15
Myr compared to 5 Myr (Figure 6.5E), forming a wide plateau. The topography also displays

a large change in thickness between the foreland and orogen after 15 Myr.

During phase 2 (5 — 15 Myr), crust A underthrusts below crust B, similar to the
processes observed in CV10. By the end of phase 2, crust A has under-thrusted below crust
B, extending ~200 km below the surface after 15 Myr (Figure 6.5B) compared to the position

of the suture between the two crusts observed at the surface, creating a curved suture
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geometry. This underthrusting, along with some thickening of crust B, elevates the plateau

region.

During phase 3 (15 — 30 Myr), a region of return flow develops at the front of the
wedge, exhuming deep hot crust to the surface. Similar to CV10, the return flow region
displays velocity profiles that suggest shear driven flow (Couette flow) in the burial region
and pressure-driven flow (Poiseuille flow) for exhumation (Figure 6.5B) with vy peaking at
~4 cm yr'' and temperature ranging from ~100 °C to ~700 °C across the return flow region,
based on the isotherms and pressure-temperature paths of the passive tracers (Figure
6.5B). These values are much lower than the velocity or temperatures observed during
phase 3 in CV10 (Figure 6.3C), due to the difference in convergence velocity. This is also
observed in the pressure-temperature paths of passive tracers which show multiple phases

of burial and exhumation.

Phase 4 marks the beginning of the critical transition to the dynamics of a cold wedge
due to slowing convergence and the thermal re-equilibration of the wedge. In Phase 4
exhumation of deep crust occurs, similar to CV10. However, this exhumation is of a transient
nature, occurring between 30 to 38 Myr, before thermal equilibration inhibits viscous flow as
the region cools. The large exhumation event is driven by the same process as in CV10, i.e.
the flattening of the lithospheric mantle angle beneath a thicker wedge. However, the width
of the exhumed region is smaller in DV10-2 (Figure 6.5C), compared with CV10 (Figure
6.3D). The size and rate of this event is limited by the slower imposed convergence velocity,
as well as a progressive cooling of the wedge, which limits the viscous flow of deeply buried

crust in DV10-2.

The demise of exhumation and the cooling of the metamorphic core in Phase 4 acts
as a buttress for the following evolution of the wedge, showing the critical role of the fast-to-

slow transition. As convergence slows to 2 cm yr' at 32 Myr, the front of the orogen begins
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to thermally re-equilibrate and a fold-and-thrust belt begins to develop (Figure 6.5C). This is
reflected in the topography that shows the orogen lengthening at the front (Figure 6.5E) as
the deformation propagates outward. As the large exhumation event ceases at 38 Myr, the
isotherms at the front of the orogen continue to relax due to diffusion, with the fold-and-thrust
belt now accommodating most of the convergence, signalling the start of phase 5 that lasts
for the remainder of DV10-2 (Figure 6.5D). During phase 5 the plateau becomes relatively
stable and inactive, as indicated by the low vertical velocity and horizontal strain rates in the
region.

In DV10-2 LM B is progressively removed, allowing for a sustained heating of the
buried lower crust beneath the plateau, in phase 4 and 5. The processes occurring in phases
1 to 4 are the same as in CV10, although the isotherms and the pressure-temperature paths
in DV10-2 (Figure 6.5C-D) display lower temperatures and less pronounced crustal

plutonism compared to CV10.

6.3.3. Influence of different processes during orogenesis

6.3.3.1. Role of internal heating

CV10_1H, CV10_2.25H,
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Figure 6.6: Comparison of models after 2000 km of convergence with differing amounts of internal heating rates in the
crust. Left — H.= 0.5uW m3, centre - Hy= 1 uW m3, right - H,= 2.25 uW m3. Fast convergence models (Veon, = 10 cm yr)
are along the top (A — C), slow convergence models (Veony = 2 cm yr') are along the middle (D — E) and fast-to-slow
convergence models (Veon, = 10 to 2 cm yr') are along the bottom (G - I). The models show that increasing the internal
heating rate influences the internal structure as it becomes the main heating mechanism, outweighing structures that form
due to advection and diffusion, resulting in similar structures regardless of convergence velocity when high enough,
observed when H,= 2.25 uW m (right column).

The influence of internal heating on the structural evolution of orogens was also

investigated, with the final structure of each model presented in Figure 6.6. Internal heating
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is an additional heating mechanism that alters the temperature distribution of the crust,
influencing the structural evolution of the orogen. Our results show that the inclusion of
internal heating hinders the development of structures associated with the fast and slow
convergence velocity due to advection and diffusion, respectively, with internal heating
becoming the dominant temperature mechanism that controls the structural evolution of the

orogen when the internal heating rate is high enough.

Internal heating is incorporated as a constant rate for the crust (0.5, 1 or 2.25 yW m-
3) and mantle (0.022 uW m3) resulting in the crust warming whilst the lithosphere cools due
to diffusion outweighing the low internal heating rate applied to the mantle. In general,
internal heating causes LM B to cool over time which causes LM B to become more rigid,
whilst the crust warms and becomes more viscous. This results in deformation being
concentrated in Crust A, promoting the formation of a fold-and-thrust belt whilst also
hindering the backward migration of the orogen due to the rigidity of LM B. Increasing the
internal heating rate results in an increase in the width of the orogen and smoothing of
topography, whilst also reducing the maximum crustal thickness observed within the orogen

as the increase in temperature reduces the overall strength of the crust.

At a high convergence velocity (10 cm yr') similar structures form when the internal
heating is 0.5 or 1 uW m-? (Figure 6.6A-B) compared to the model with no internal heating
(CV10). The similarities include the underthrusting of crust A below crust B form a plateau
and the highly deformed region of crust where burial and exhumation occurs. However,
when the internal heating rate is 2.25 pW m (Figure 6.6C), these features do not form,
instead a small plateau forms due to thickening of crust B with convergence primarily
accommodated in a fold-and-thrust belt at the front of the orogen. This is due to a high
internal heating rate (2.25 uW m) hindering advection that is required to develop sharp

thermal gradients to form a region of return flow at the front of the wedge. Instead, the
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temperature profile across the crust remains relatively stable due to the high internal heating

rate, which results in the development of a fold-and-thrust belt.

A similar phenomenon occurs in the low convergence models (Veonv = 2 cm yr')
(Figure 6.6D-F). However, instead of reducing the influence of advection, the influence of
cooling of the crust due to diffusion is hindered. Internal heating results in high crustal
temperatures, promoting a brittle upper crust and viscous lower crust. The low internal
heating rate in the mantle results in cooling due to diffusion, creating a brittle upper mantle
in LM B that stops the backward migration of the crust and lithospheric mantle and promotes
the formation of a fold-and-thrust belt, with deformation concentrated in crust A when the
internal heating rate is 0.5 or 1 uW m (Figure 6.6D-E). When the internal heating rate of
the crust is 2.25 yW m (Figure 6.6F) the crust flows due to a high internal temperature,

creating viscous structures throughout the crust.

The evolution of the fast-to-slow convergence models (Veony = 10 to 2 cm yr) (Figure
6.6G-1) shows an intermediate behaviour between the fast (Veonv = 10 cm yr') and slow (Veonv
= 2 cm yr') models with internal heating. At a low internal heating rate, the decreasing
velocity model shows structures associated with both the fast and slow models. However, if
internal heating is high enough (2.25 uW m-3), then internal heating dominates the thermal
evolution and hinders the development of distinctive features, resulting in a similar final
structure for all models (CV10_2.25H;, CV2_2.25H;, DV10-2_2.25H,) regardless of the

convergence velocity (Figure 6.6 — right column).

Internal heating hinders the development of structures associated with advection at
high velocity, including underthrusting of crust A below crust B, and the burial and
exhumation of crust A at the front of the wedge that creates a large temperature gradient at

the front of the wedge. It also hinders diffusion in the crust at low velocity, resulting in a
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consistent structural evolution of the orogen regardless of the convergence velocity if
internal heating is above the threshold to outweigh advection and diffusion, with the
threshold varying based on the convergence velocity. At high and high to low velocity, the

internal heating threshold is between 1 and 2.25 uW m-3, whilst at low velocity, the threshold

is <0.5 pW m3.

6.3.3.2. Role of surface processes
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Figure 6.7: Comparison of models after 2000 km of convergence without surface processes (leftf) and with a surface
diffusivity rate of 150 m? yr(centre) and 300 m? yr? (right). Fast convergence models (Veony = 10 cm yr') are along the top,
slow convergence models (veony = 2 cm yr') are along the middle and fast-to-slow convergence models (Veony = 10 to 2 cm
yr') are along the bottom. The models show that a surface processes, represented by a diffusive surface, do not have a
major influence on the final structure of the orogen. The only major difference is the deposition of sediments across the
plateau and within the fold-and-thrust belt, as well as the advection of sediments deep within the wedge in the return flow
region.

The role of surface processes (Figure 6.7) was also investigated to determine how
erosion and sedimentation influence the structural evolution of the orogen as focused
erosion at the front of the orogen has previously been suggested to be critical to the
formation of channel flow required to form the Greater Himalayan Crystalline Sequence
(Beaumont et al., 2004, 2001). Figure 6.7 shows that surface processes do not have a major
influence on the overall structure of the orogen over 2000 km of convergence, with the only

difference being the deposition of sediments throughout the orogen.

Although focused erosion produces channel flow (Beaumont et al., 2001), our models
highlight that a region of focused erosion is not required to form channel flow during
orogenesis. Instead, our models show that channel flow can also form due to tectonic

processes, occurring due to gravitational forces that evolve self-consistently at a high
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convergence velocity. The high convergence velocity causes the burial of cold material to
deep within the orogen and the exhumation of hot material from deep within the wedge

towards the surface.

6.3.3.3. Role of crustal density
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Figure 6.8: Comparison of models after 2000 km of convergence with varying crustal density. Left - po = 2700 kg m3, centre
- po = 2800 kg m3, right - pp = 2900 kg m3. Fast convergence models (Veony = 10 cm yr') are along the top (A - C), slow
convergence models (Veony = 2 cm yr') are along the middle (D — F) and fast-to-slow convergence models (Veon, = 10 to 2
cm yr') are along the bottom (G — I). The models show that changes in the crustal density do not influence the overall
structure of the orogen, with only minor localised variations in structure observed.

The reference density (po) of the crust was also varied to assess how the density
influences the structural evolution of the orogen. Figure 6.8 shows that the density of the
crust does not have a major influence on the overall structure of the orogen, with only subtle

variations in structures observed.

In the fast convergence models (Veonv = 10 cm yr') (Figure 6.8A-C), increasing the
crustal density narrows the orogen, increases the overall crustal thickness and increases
the amount of underthrusting that occurs below the orogen. The main difference is the angle
of underthrusting and the angle of subducting lithosphere, both of which increase with
increasing crustal density. This is due to the increase in crustal density increasing the
vertical stress component whilst the horizontal stress component, due to the imposed
convergence, remains the same, causing the angle of subducting lithosphere to increase.
An increase in density also causes more of LM B to be removed underneath the plateau due

to the increase in crust that is underthrusted below crust B.
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In the slow convergence models (Veonv = 2 cm yr') (Figure 6.8D-F), increasing the
crustal density also narrows the orogen, increases the overall crustal thickness and
increases the amount of underthrusting that occurs below the orogen. Some local variations
in structure within the orogen occur, but overall, the structures remain similar regardless of

crustal density due to the low convergence velocity.

In the fast-to-slow convergence models (Veconv = 10 to 2 cm yr') (Figure 6.8G-I),
increasing the crustal density does not vary the structures within the orogen significantly,
with similar structures observed in all fast-to-slow models. The main difference occurs in the
structures observed within the fold-and-thrust belt, with the dip angle of shear zones
increasing with increasing crustal density. This is due to the increase in crustal density
increasing the vertical stress component whilst the horizontal component remains the same
across all models due to the same convergence velocity, which increases the dip angle of

the shear zone.

6.4. Discussion

6.4.1. The role of velocity on the long-term structural evolution

The results presented show that the structures that develop during orogenesis are
dependent on the convergence velocity and thermal evolution. At a low convergence
velocity, diffusion is the dominant process controlling the thermal evolution of the wedge,
whilst at high velocity advection dominates, resulting in very different structures. However,
when the convergence velocity decreases, the models follow a different evolution, with
advection dominating at high velocity and diffusion dominating at low velocity. Whilst some
of the structures observed in the high velocity model emerge in the fast-to-slow model, the
processes forming these structures are transient and strongly constrain the subsequent

evolution: first, features achieved during the early, fast-convergence stage are progressively
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abandoned during the wedge re-equilibration to slower, colder wedge dynamics, second,
these early features exert crucial constraints on the formation of the frontal fold-and-thrust

belt.

The fast convergence velocity in CV10 and the beginning of DV10-2 favours the
thickening of crust over lateral flow, forming a proto-wedge above the pre-existing
lithospheric weakness. As the fast convergence is maintained, underthrusting of Crust A
below Crust B occurs due to the far-field forces produced by the applied convergence on
the left sidewall. If these forces generating the high convergence velocity were generated
by the subducting lithosphere alone, it is likely the horizontal underthrusting would not occur
as the primary force direction would be vertical from the subducting lithosphere rather than

horizontal.

The high convergence velocity and resultant underthrusting in our model results in a
curved geometry of the suture zone, similar to generalised cross-sections of the region
(Figure 6.1A). The geometry of the suture zone suggests an external driving force in the
region is required to reach the high velocities observed at collision ~50 Ma. Modelling by
Pusok and Stegman (2020) propose that the anomalously high velocity could only have
been achieved by the arrival of the Reunion mantle plume and a double subduction system
in the region prior to collision. Our results show that the high convergence velocity also
results in the formation of a region of return flow at the front of the wedge, with a high velocity
required to bury the rigid crust, which is not seen in CV2. The subsequent flattening of the
lithosphere observed in CV10 and DV10-2 is likely due to the horizontal forces exceeding

the vertical forces, resulting in the flattening of the subducting lithosphere.

In DV10-2, the cessation of burial and exhumation results in the relaxation of the
isotherms. Coupled with the reduction in convergence velocity, which decreases the depth

of the brittle-ductile transition, results in a fold-and-thrust belt developing at the front of the
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orogen. The FAT belt has a viscous decollement that allows thrusts to propagate outwards
at the front of the wedge. This is not observed in CV10 as the convergence velocity remains
high and the isotherms do not diffuse and equilibrate, resulting in deformation concentrated

in the highly deformed region.

CV2 has a different evolution to CV10 and DV10-2 due to the low convergence rate
throughout. This is apparent in the topography, with a wide and flat orogen visible after 50
Myr (Figure 6.4A-B). However, as convergence is ongoing, the material continues to
shorten, resulting in folding and thickening of crust B between ~50 and 80 Myr as the wedge
can no longer migrate backwards due to crust C, which acts as a rigid backstop (Figure
6.4C). As convergence continues, thickening of crust A occurs between the subduction zone

and the contact with crust B (Figure 6.4D).

The results of CV10 and CV2 show low velocity favours viscous deformation and the
flow of crust, whilst high velocity favours shearing, whilst the decreasing velocity model
(DV10-2) results in a unique evolution that shares similarities with CV10 at high velocity
before the slowdown of convergence and subsequent thermal diffusion resulting in the

formation of a FAT belt at the front of the wedge.

6.4.2. Insights into the processes occurring in the Himalayas and Tibet over
time

Although some structures that emerge in CV10 and CV2 are comparable to the
structures observed in the Himalayas and Tibet, we focus on the evolution of DV10-2 which
replicates major structures observed in the region. More importantly, the structures that
emerge in DV10-2 form at a similar time to those determined for structures observed in the

Himalayas and Tibet. To compare the timing of structures between DV10-2 and those
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observed in the Himalayas and Tibet, we equilibrate 0 Myr to 50 Ma, which denotes the

onset of collision in the region.
6.4.2.1. Uplift of Tibetan Plateau

DV10-2 provides insights into processes that result in the uplift of the TP and the
timing of uplift. DV10-2 suggests the TP formed from at a central point, with initial uplift to
form a proto-wedge occurring at the onset of collision ~50 Ma close to the initial point of
continental collision, with the plateau then expanding both North and South from this central
point. This is in agreement with the timing of uplift in Tibet as recorded by the formation of
sediment basins across the TP, with uplift in the North Qiangtang terrane and Hoh Xil basin
dated between 50-30 Ma, whilst uplift in the Gyirong and Thakkhola basins to the south of
the Plateau in the Himalayas have been dated as reaching their current elevation ~11 Ma
(Wang et al., 2014, 2008). DV10-2 suggests that most of the uplift of the TP occurred early
after collision, between 5 and 15 Myr (45 to 35 Ma), which is in agreement with Wang et al.
(2008) that used magnetostratigraphy, sedimentology, paleocurrent measurements, and
40Ar/*®Ar and fission-track studies to show that the centre of the TP was elevated by ~40

Ma.

As well as the timing, the model also provides insights into the processes that result
in the uplift of the plateau. In DV10-2, underthrusting of crust A, equivalent to the Indian
crust, below crust B, the Asian crust (Figure 6.9) is observed. Underthrusting has previously
been proposed to explain the thick crust below the TP that is required to support the elevated
topography in the region (Argand, 1922; DeCelles et al., 2002; Powell, 1986). In DV10-2,
underthrusting occurs between 7 and 15 Myr (43 to 35 Ma), which jacks up crust B to form
a plateau. Underthrusting also results in an increase in the temperature of the lower crust
(Avouac, 2015; Burov, 2011), resulting in a viscous lower crust that flows (Figure 6.9), which

has also been suggested as a process that could have formed of the TP (Clark et al., 2005a;
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Clark and Royden, 2000; Cook and Royden, 2008; Royden, 1997). The model results also
show that the formation of a thick plateau due to underthrusting does not occur when the
internal heating rate of the crust is high (H: = 2.25 pW m3) as the advection of cold material

is thwarted by the high internal heating rate that increases the temperature of the crust.

During the underthrusting of crust A in DV10-2, crust B undergoes minor thickening
and folding, which has also been suggested for the Tibetan crust to account for the large
crustal thicknesses in the region (England and Houseman, 1986; Molnar et al., 1993a).
DV10-2 does not include variations in terrane rheology within the TP, whereas previous
studies have suggested the rheology may vary within the TP which results in variations in

deformation age at terrane boundaries within the TP (Kelly et al., 2019, 2016).
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Figure 6.9: Underthrusting of crust A and the formation of a viscous lower crust to form the Tibetan Plateau in DV10-2. Top
— material, bottom — viscosity.

6.4.2.2. Formation of the Himalayan FAT belt

DV10-2 also provides insights into the formation of the Himalayan FAT belt, including

the formation of channel flow and the emplacement of the GHCS, doming of the crust to
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form the Northern Himalayan Domes (NHD) and the formation of a fold-and-thrust belt at

the front of the orogen.

In DV10-2 the front of the orogen begins to accommodate convergence as burial and
exhumation occurs between 14 and 30 Myr (36 to 20 Ma). Return flow is characterised by a
velocity profile that suggests burial that is driven by shearing of rigid crust at the front of the
orogen (Couette flow), whilst the velocity profile close to the top boundary of the return flow
region suggests pressure driven during exhumation (Poiseuille flow). The kinematics in
DV10-2 are similar to kinematic indicators observed across the Greater Himalayan
Crystalline Sequence (GHCS), which show top-to-south kinematic indicators and inverted
metamorphic isograds in the lower part of the GHCS above the Main Central Thrust (MCT)
creating a hot-on-cold sequence across the MCT (Goscombe et al., 2018; Hunter et al.,
2018; Searle, 2015) whilst top-to-north kinematic indicators and right-way-up metamorphic
isograds are observed in the upper part of the GHCS below the Southern Tibetan
Detachment (STD) (Godin et al., 2006; Searle, 2015). Our model results in peak
temperatures of ~600 °C recorded in the pressure-temperature-time (PTt) paths, similar to
peak temperatures recorded in the GHCS (Avouac, 2015; Goscombe et al., 2018; Searle,

2015).

Exhumation in DV10-2 is driven by a (large) pressure gradient (Figure 6.5B) caused
by the variations in topography and crustal thickness between the plateau and foreland. A
large pressure gradient is required to generate channel flow (Searle, 2015), with the large
pressure gradient possible in the Himalayas due to the large variation in topography and
crustal thickness between the Tibetan Plateau (~5 km elevation; 6575 km thick crust) and

Indian foreland (<0.5 km elevation; ~35— 40 km thick crust) (Searle, 2015).

The various boundary conditions tested (CV10, CV2 and DV10-2) suggest that to

form an area of return flow, not only is a large pressure gradient required, but the
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convergence velocity must also be high enough to facilitate the amount of shearing required
to bury rigid crust at the front of the orogen (Godin et al., 2006; Searle, 2015) and the internal
heating rate of the crust must be low (<2.25 uW m) to allow advection and the development
of sharp thermal gradients. CV2 has a large variation in crustal thickness and topography
(Figure 6.3E) but does not have a phase of return flow due to the low convergence velocity,
whilst CV10 and DV10-2 both display a phase of return flow as the convergence velocity is
adequate in both models to bury rigid crust at the front of the orogen. Our models also show
that the density of the crust does not alter the formation of return flow in the fast and fast to
slow models, with return flow occurring in all models tested (Figure 6.8). Our suit of models
also show that focused erosion is not required to develop return flow (Beaumont et al., 2004,

2001), with return flow driven by tectonic forces (Godin et al., 2006; Searle, 2015).

The timing of return flow in DV10-2 is in agreement with PTt paths obtained from the
GHCS, with evidence of burial and exhumation beginning between the South Tibet
Detachment and Main Central Thrust ~38 Ma (Goscombe et al., 2018; Searle, 2015; Searle
and Hacker, 2019) and ceasing once the Himalayan FAT began to develop ~18 Ma (Gao et
al., 2016; Searle, 2015). Both CV10 (Figure 6.3F) and DV10-2 (Figure 6.5F) exhibit multiple
burial and exhumation cycles during the evolution of the model, with the passive tracers
displaying ‘yo-yo’ tectonics. ‘Yo-yo' tectonics has been observed in PTt paths from the Nigde
Massif, Turkey (Umhoefer et al., 2007) and Western Alps (Rubatto et al., 2011), however

there are currently no studies suggesting ‘yo-yo’ tectonics has occurred in the GHCS.

The large exhumation of crustal material seen in phase 4 of DV10-2 between 31 and
38 Myr (Figure 6.5C) is a result of the change in subduction angle of the lithosphere, with
the change in angle of subduction decreasing to sub-horizontal, which alters the stress state
at the front of the orogen. This causes a decrease in the pressure gradient at the front of the

orogen which was driving localised exhumation in the return flow region. The change in
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pressure gradient results in the exhumation of a large amount of material, producing a highly
deformed region of crust, and signals the beginning of the development of the FAT belt in
DV10-2 (Figure 6.5C). However, as the large exhumation event occurs in both CV10 and
DV10-2 but a FAT belt does not develop CV10, the change in pressure gradient and
flattening of the subducting lithosphere does not cause the FAT belt to form. The large
exhumation of crust and subsequent cooling of the highly deformed region in DV10-2 is
similar in time and structure to that seen in the Northern Himalayan Domes, which were
emplaced 21 — 12 Ma (Goscombe et al., 2018). The large exhumation event in DV10-2
results in rapid cooling of the orogen, similar to the large decrease in temperature from ~600
°C to ~200 °C observed at ~16 Ma in geochronological data obtained from the Everest

Himalaya area (Searle, 2015) (Figure 6.10).
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Figure 6.10: Temperature vs time diagram to compare geochronological data from the Himalayas presented in Searle
(2015) with model results. Both show peak metamorphic temperatures between 20 and 25 Ma before decreasing due to
the rapid exhumation and subsequent cooling of the partial molten mid-crust, as observed in phase 4 of DV10-2.

Our models also show that the burial and exhumation of crust in phase 3 and 4 is

hindered by high internal heating rates. With high internal heating rates (H, = 2.25 uyW m3),
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burial of cold material to deep within the crust and the exhumation of warm crust from near
the Moho does not occur as the influence of advection on the temperature distribution is

outweighed by the internal heating rate.

The final phase (phase 5) in the evolution of DV10-2 results in the formation of a FAT
belt at the front of the orogen (Figure 6.5D). As the velocity decreases in DV10-2 at ~32 Myr
(~18 Ma) to 2 cm yr', a FAT belt begins to form as exhumation of crust occurs in the centre
of the orogen. The FAT belt becomes the primary process accommodating convergence at
~38 Myr (12 Ma) when exhumation ceases. This is similar to how convergence is currently
accommodated in the Himalayas, where around 2 cm yr' of the 5 cm yr' Indian plate
velocity is accommodated in the H-FAT belt (Ader et al., 2012; Stevens and Avouac, 2015),
with the rest accommodated through lateral extrusion in the East, which is documented by

GPS measurements taken across the region (Gan et al., 2007; Liang et al., 2013).

The FAT belt develops at the front of the orogen due to the slowing of convergence
and re-equilibration of the isotherms, resulting in a viscous lower crust and plastic upper
crust which causes a FAT belt to begin to develop at ~32 Myr (~18 Ma). This timing of FAT
belt development is close to the ages obtained for the initial development of the H-FAT belt
~20 Ma (Gao et al., 2016; Searle, 2015; Tobgay et al., 2012). As a FAT belt does not form
in CV10, the thermal re-equilibration at the front of the wedge due to the decreasing
convergence velocity is the main cause of the development of the FAT belt in DV10-2. The
fold and thrust belt links to a viscous basal decollement, which is similar to the structure in
the H-FAT, where all major faults in the H-FAT link to the Main Himalayan Thrust (MHT),
which is the basal decollement, at depth (DeCelles et al., 2002, 2001; Nelson et al., 1996;

Zhao et al., 1993).

There is a progressive decrease in the age of activity of the active fault and a

shallowing of the decollement toward the hinterland observed in the evolution of DV10-2,
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which is also in agreement to the evolution of the main thrusts within the Himalayan FAT
belt (DeCelles et al., 2002, 2001; Goscombe et al., 2018). The development of shear zones
and the formation of a FAT belt accommodating convergence instead of channel flow is in
agreement with seismic reflection profiles, which show a single, continuous reflection visible
in seismic reflection profiles that represents the MHT, which would not be visible if channel
flow was operating in the region (Gao et al., 2016). The depth of the brittle-ductile transition,
controlling the depth of seismicity, is mainly controlled by the temperature, with the transition

occurring at a depth of ~35 km along the 400 °C isotherm.

Our models also suggest that the development of a fold-and-thrust belt is controlled
by the temperature distribution within the crust, with a fold-and-thrust belt forming when
there are no large temperature gradients in the crust. This occurs in the fast-to-slow
convergence model due to diffusion at the low convergence rate, re-equilibrating the
temperature within the wedge. A fold-and-thrust belt also occurs when internal heating is
high enough, as internal heating outweighs the role of advection and diffusion, causing the

isotherms to remain relatively stable throughout the evolution of the model.

Figure 6.11 shows that the final topographic shape of DV10-2 matches the
topography obtained from ETOPO1 (Amante, 2009), with the orogen rising from the
lowlands to the height of the plateau over a distance of ~100 km. The model also matches
the shape of plateau; however a discrepancy exists between the height of the plateau in the
model compared to nature, which is most likely due to the model not capturing the isostasy

of the crust accurately due to a temperature-dependent density used for the entire crust.
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Figure 6.11: Comparison of topography at the front of the orogen between the model (DV10-2 — orange line) and nature
(topography — blue line). The model matches the overall topographic shape, whilst there are discrepancies in the plateau
height of ~2 km. The topography was determined between points (81, 27) and (87, 37) in the WGS84 reference frame.

6.4.3. Model limitations

Although our model reproduces major structures observed across the Himalayas and
Tibet, providing insights into the processes that form these structures, there are
discrepancies between the model results and nature. One major inconsistency is the length
between the suture zone and front of the orogen, which incorporates the region of channel
flow, doming and the fold-and-thrust belt. In DV10-2, this region occurs over a length of ~600
km, whilst in the Himalayas these features occur over a length of ~150 km in the East and
~350 km in the West (Roy and Purohit, 2018). Another inconsistency is the depth of the
decollement at the front of the wedge, which occurs at the base of the crust in our models.
In the Himalayas, the MHT is visible at <20 km below the Himalayan fold-and-thrust belt

based on seismic imaging (Dal Zilio et al., 2021; Hubbard et al., 2016; Wang et al., 2017).
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6.5. Conclusions

The structures in the Himalayan FAT belt and Tibetan Plateau document a complex
structural and thermal evolution, with various processes operating throughout the evolution.
Our numerical models show that the deformation of the crust during orogenesis is the

product of the convergence history and thermal evolution.

Although constant velocity models replicate some structures observed in the region,
only the fast to slow model reproduces most features recorded in the region at a comparable
time and for a similar duration. At high velocity, underthrusting of the crust occurs to form a
plateau, along with the burial of cold, rigid crust and exhumation of hot, viscous crust to form
a region of return flow. As the velocity decreases and the temperature re-equilibrates, a fold-
and-thrust belt develops to accommodate convergence as the stress is concentrated at the

front of the orogen.

Our models also show that when internal heating is high, internal heating hinders
advection and diffusion, resulting in similar structures regardless of the convergence
velocity, suggesting that the average internal heating rate of the crust must be below 2.25
uW m-3to produce the structures observed in the region. The models also show that surface
processes and the density of the crust do not alter the overall structural evolution, however
they do produce localised variations in structure due to altering the forces acting on the

crust.
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